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(top) Preliminary eruption of Mt. Pinatubo as seen from the former US Clark
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caldera as seen on August 8, 1991 (Casadevall, 1991) (bottom right) the caldera
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Schematic representation of a coupled Earth system model. Each colored box rep-
resents an independent model for the named physical component. The centered
black box represents the model’s coupler, collecting and exchanging information
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(a) The modified HSW equilibrium temperature in the latitude-pressure plane.
Contours are drawn every 10 K. Overlaid as a thick dashed black line is the ver-
tical profile of the velocity damping coefficient for both the sponge layer and the
surface, with its values on the top horizontal axis (see Appendix A.1 for details).
(b) 10-year average zonal-mean temperature and zonal wind distributions in an
E3SMv2 run with temperature relaxation toward the reference temperature of
panel (a), after a five-year spinup period. Temperature contours are drawn every
10 K, while positive (negative) wind contours every 15 m s™! (12 m s™!). Neg-
ative contours are dashed, and the zero-line is shown in bold. For all variables
shown, the vertical (pressure) axis is logarithmic above 150 hPa, and linear below

150 hPa. The separation between these two domains given as gray horizontal lines. 17

Longwave (Eq. (2.4)), shortwave (Eq. (2.5)), and net flux densities as functions
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Summary of the important model equations controlling the tracer injection and
removal, and radiative and optical properties for the tracers in shortwave and
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(a) AOD 0.5 contours for five HV ensemble members at eight-days post-injection.
Each ensemble member is given a unique color, and their line styles alternate for
visual clarity. (b) Identical to panel (a), but for five LV ensemble members. (c)
Zonal-mean zonal wind averaged over a tropical region bracketing the injection
site, from 5°S to 30°N, at 50 hPa, for the HV ensemble. A bold black line shows
the ensemble mean. Dark and light blue shading show one and two standard
deviations, respectively. A black vertical dashed line shows the time of injection
(day 180). (d) Identical to panel (c), but for the LV ensemble, with injection at
day 75, . . o
Zonal-mean of the initial condition for ensemble members ensO1, ens03, and
ens05 for the HV ensemble (corresponding to the solid-line AOD distributions of
Fig. 2.4). Temperature is shown on the color scale with intervals of 15 K, and
zonal wind in black contours with intervals of 15 m s™!. The zero m s=! contour
in zonal wind is shown in bold, and negative contours are dashed. . . . . . . ..
SO, (top row) and sulfate acrosol (bottom row) mixing ratios in (kg tracer)(kg
dry air)~! for a single ensemble member at the 45.67 hPa model level, displayed
with a logarithmic scale. Columns from left-to-right correspond to 10, 20, 40, and
80 days post-injection. The data is plotted on a Lambert azimuthal equal-area
projection extending from the north pole to 60°S, where continental landmasses
are shown only for spatial reference (our model features no topography or land
processes). A 30°x30° grid is drawn in dashed lines, with the equator in bold
dash. The injection location is marked with a black triangle. . . . . . . . . . ..
Evolution of the ash plume. (a) The zonal-mean, ensemble-mean logarithmic
ash mixing ratios, averaged over all latitudes within 20° of the injection (from
5°S to 35°N). A dashed blue line shows the rising center of mass of the ash,
and solid red contours show sulfate mixing ratios in intervals of 3 x 10%. The
eruption occurs at day 180. (b) The cumulative sum of removed (“fallout”)
stratospheric ash R(m.g,) over days 0 through 20 post-injection, and all grid cells
above 100 hPa, for a single ensemble member. Values are logarithmically-scaled
densities in g m~2. A red triangle marks the position of the volcanic injection.
Continental landmasses are shown only for spatial reference (our model features
no topography or land processes). . . . . . . . ...
(a) Zonal-mean AOD in the latitude-time plane for the first 90 days post-
injection. Overplotted is the cooling rate imposed on the lowest model level
by shortwave extinction every 0.15 K day~" in solid red contours. (b) Logarith-
mic zonal-mean AOD over 1000 days. The 0.1 and 0.001 AOD lines are in bold.
Cooling rates are not overplotted in this panel. A faint dotted line shows the
equator, and a black triangle shows the time and latitude of the injection.
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30-day time average over days 60-90 post-injection of the logarithmic zonal-mean
sulfate mixing ratio in (kg tracer)(kg dry air)~!. Also plotted in solid dark blue
contours is the local stratospheric heating rate by longwave absorption in (K
day™!), with logarithmic intervals between contours 0.001, 0.01, and 0.1, and
a final contour drawn at 0.2. Cyan contours show the Stokes streamfunction
(Eq. (2.41)) with intervals of 3 x 10'° kg s™!. Negative (positive) contours are
dashed (solid), and the zero line is dotted. A thick gray line shows the tropopause.
Height axis is obtained from the model’s diagnostic geopotential height.

(a) Ensemble mean temperature anomalies with respect to a volcanically quies-
cent reference period of 10 years, averaged at each model level over all longitudes,
and all latitudes within 20° of the injection (from 5°S to 35°N). Contour inter-
vals are drawn every 0.2 K. Height axis is obtained from the model’s diagnostic
geopotential height. Black triangle shows the height of the initial mass injection
distribution peak, and time of the eruption at 180 days. A dashed black line
shows the center of mass of the volcanic sulfate distribution. (b) The tempera-
ture anomaly data shown in panel (a), chosen for certain pressure levels, including
the surface (1000 hPa). Shading for each curve shows the standard deviation of
the ensemble members. (c¢) The globally-integrated tracer mass time series for
SO, and sulfate. . . . . . . . .

Seasonal zonal wind and TEM momentum balance for the first year of the CF
ensemble mean. (a—d) w averaged over 3-month seasons in contours of 10 m s~
with EP flux vectors, gray W* contours, and the tropopause overplotted as a thick,
faint white contour. The EP flux vectors are scaled following Jucker (2021). The
U* contours are drawn at 30, 100, and 500 in units of 107 kg s~* on each side of
zero (bold contour). Negative contours are dashed. (e—h) seasonal contributions
to Ou/0t in [m s™' month™!] from the EPFD (red solid), the residual circulation
(blue solid), gravity waves (gold solid), and diffusion (thin gray solid) as functions
of latitude at 3 hPa (top panels) and 30 hPa (bottom panels). Also shown is
the net tendency (black solid), as well as u itself (thick green dashed) in [m s™1].
The negative tendency (and wind speed) domain is shaded in light gray. Note
that each panel of (e)-(h) has unique scaling of the vertical axis, such that all
curves are contained within the plotting region. . . . . . . .. . ... ... ...
The QBO shown as u averaged over [5°S, 5°N] for the CF ensemble mean. (a)
time—pressure plane centered on the lower stratosphere. (b) zonal wind time
series at 30 hPa. The ensemble mean and standard deviation in w is shown as
a bold orange line and light orange shading, respectively. Individual ensemble
members are shown as faint gray lines, and the zero-line is dotted. (c) the
ensemble coherence, defined as the fraction of ensemble members in agreement
with the sign of the ensemble mean in panel (b). A bold dashed line with points
displays the coherence evaluated only at each January. . . . . .. ... .. ...
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3.6

The TEM momentum balance of the QBO for the first two years of the CF en-
semble mean, averaged over [5°S, 5°N] at 30 hPa. Shown are the contributions
to Ou/ot in [m s~ month™!] from the EPFD (red solid), gravity waves (gold
dotted), the combined EPFD and gravity waves (red dotted), the residual cir-
culation (blue solid), and diffusion (thin gray solid) as functions of latitude at 3
hPa (top panels) and 30 hPa (bottom panels). Also shown is @ itself (thick green
dashed) in [m s7!], values read on the left vertical axis. The negative tendency
or wind speed domain is shaded in light gray. . . . . ... ... ... ... ...
The ensemble-mean Aw as filled contours (colorscale), with the CF ensemble-
mean u overplotted as black contours, drawn every 10 m s~!, with negative
contours dashed and the zero-line in bold. A bold white contour is drawn at
95% significance, with the Au p-value computed as in Sect. 3.3.1. Regions of
insignificance are filled with white hatching. The upper three panels show the
latitude-pressure plane for time averages over (a) October 1991, (b) February
1992, and (c) November 1992. The lower two panels show the time-latitude
plane for pressure levels at (d) 10 hPa, and (e) 30 hPa. In panels (d) and (e),
a vertical yellow line shows the time of eruption, and a faint white line is drawn
on the equator. . . . . . . . .
Time series of the CF ensemble-mean % and LV ensemble-mean @ (upper panel)
as well as the ensemble-mean Aw (lower panel) at 20 hPa, averaged over 30-50°N.
In both panels, shaded bands give the confidence intervals, as computed in the
way of Sect. 3.3.1, and thin lines give two standard deviations on each side of the
mean. In the lower panel, the confidence interval is shaded in light green where
the impact is statistically significant at the 95% level. . . . . . . . . . ... ..
Vertical structure of the midlatitude zonal wind impacts, and the TEM balance
impact at 10 hPa. Panels (a) and (b) show the ensemble-mean A% as filled
contours (colorscale), with the CF ensemble mean @ overplotted as black con-
tours, drawn every 10 m s~!, with negative contours dashed and the zero-line
in bold. A bold white contour is drawn at 95% significance, with the Awu p-
value computed as in Sect. 3.1. Regions of insignificance are filled with white
hatching. (a) shows the latitude band from 25°N to 55°N at 10 hPa, reproduced
from Fig. 3.4(b). (b) shows the meridional mean over 30-50°N, from 400 to
0.5 hPa, for two years following the eruption (which is indicated with a vertical
yellow line). In panels (c—e), curves show the integrated forcing imapct by the
EPFD (red solid), by w* advection (dash-dotted blue), by v* advection and the
associated Coriolis force (dashed blue), and by X = Xqw + X4 (vellow solid).
Also shown is the cumulative residual velocity forcing (blue solid), and the total
forcing (black solid). The curves are backed by a thick shading of a matching
color where they are statistically significant. Each term has units of m s~! after
time integration. The total forcing curve (black solid) matches the data on the
colorscale in the corresponding highlighted region of panel (b). These data are
computed according to Appendix B.1. The negative domain is shaded. . . . . .
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The complete TEM budget in the northern hemisphere meridional plane from
500 hPa to 0.5 hPa, averaged from February 1 1992 to March 1 1992. (a)
the ensemble-mean Au as filled contours (red/blue color scale), with the CF
ensemble-mean @ overplotted as black contours, drawn every 10 m s~!, with
negative contours dashed and the zero-line in bold. For every other vertical pair
of panels, the top and bottom panels show the ensemble-mean impact and CF
ensemble-mean of a variable as filled contours (rainbow colorscale). Specifically,
(b) and (f) shows the EPFD forcing (Eq. (3.13)). Black vectors drawn in
these panels show the significant ensemble-mean impact and the CF ensemble-
mean EP flux vectors (Eq. (3.14, 3.15)), respectively, scaled according to Jucker
(2021). The vector lengths are additionally log-scaled equally in length, in order
to effectively visualize the vector directions. (c) and (g) show the residual-
circulation forcing (Eq. (3.7) + Eq. (3.8)). Purple vectors drawn in these
panels show the significant ensemble-mean impact and the CF ensemble-mean W*
tangent vectors (Eq. (3.11)), respectively, scaled according to Appendix B.3. For
both U* and the EP flux, vectors near and below the tropopause are removed.
(d) and (h) show the gravity-wave forcing. (e) and (i) show the forcing by
diffusion (Eq. (3.18)). On all panels, regions of 95% statistical significance are
enclosed with a bold white contour for the variable plotted on the colorscale,
and regions of insignificance are filled with white hatching. For spatial reference,
the significance contour of the net impact Au (bold white contour in panel (a))
is reproduced as a solid black contour in all other panels. Also plotted on all
panels is the tropopause, as a bold grey curve. In the rainbow colorscale used for
the tendencies, thin solid (dashed) white contours are drawn between all values
larger than positive (negative) 10 m s~'month™! in magnitude. . . . . ... ..
The complete TEM budget in the northern hemisphere meridional plane from
500 hPa to 0.5 hPa, averaged from July 1 1991 to August 1 1991. See the caption
of Fig. 3.7 for full panel descriptions, considering the following modifications: In
panel (b), the EP flux vectors are scaled in length to an order of magnitude
smaller than the CF vectors in panel (f), and both set of vectors are linearly-
scaled in length rather than log-scaled. In panels (c) the ¥* tangent vectors are
scaled to two orders of magnitude smaller than the CF vectors in panel (g) in
length, and both sets of vectors are log-scaled. . . . . . . . ... ... ... ...
The complete TEM budget in the northern hemisphere meridional plane from
500 hPa to 0.5 hPa, averaged from July 1 1992 to August 1 1992. See the caption
of Fig. 3.7 for full panel descriptions, considering the following modifications: In
panel (b), the EP flux vectors are scaled in length to an order of magnitude
smaller than the CF vectors in panel (f), and both set of vectors are linearly-
scaled in length rather than log-scaled. In panels (c) the ¥* tangent vectors are
scaled to two orders of magnitude smaller than the CF vectors in panel (g) in
length, and both sets of vectors are log-scaled. . . . . . . . . ... ... ... ..
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Time series of the CF ensemble-mean @ and LV ensemble-mean @ (upper panel)
as well as the ensemble-mean Aw (lower panel) at 30 hPa, averaged over 5°S—5°N.
In both panels, shaded bands give the confidence intervals, as computed in the
way of Sect. 3.3.1, and thin lines give two standard deviations on each side of the
mean. In the lower panel, the confidence interval is shaded in light green where
the impact is statistically significant. . . . . . . . . . ... ... .. ... ...
The same as Fig. 3.6, with the following modifications: panels (a), (c¢), and (d)
are shown for the 30 hPa level. In panels (b), (c), and (d), the latitude band
average is taken over 5°S-5°N. The CF % contours in panels (a) and (b) are drawn
at 0, £5,and £20m s~ . . ..
The complete TEM budget in the northern hemisphere meridional plane from
500 hPa to 0.5 hPa, averaged from June 1 1992 to July 1 1992. See the caption
of Fig. 3.7 for full panel descriptions, considering the following modification: In
panel (b), the EP flux vectors are scaled in length to two orders of magnitude
smaller than the CF vectors in panel (f). . .. ... ... ... ... ... ...
The complete TEM budget in the equatorial meridional plane from 500 hPa to
0.5 hPa, averaged from January 1 1992 to February 1 1992. See the caption of
Fig. 3.12 for full panel descriptions. . . . . . . . ... ... ...
Variability of the polar vortex region in the LV and CF ensembles. (top) stan-
dard deviation of @ at 10 hPa, averaged from 30° to 50°N, for the LV (red solid)
and CF (black dashed) ensemble means. (bottom) the impact (difference be-
tween LV and CF ensemble means) of the @ standard deviation averaged over
February and March 1992, as filled contours (colorscale). The time average was
chosen to match Fig.3.7(a), and is indicated by a grey band in the top panel.
Also plotted is the CF ensemble mean u (black contours), with negative values
dashed and the zero-line in bold. Solid red contours show the Au statistical
significance (i.e. the bold white contours of Fig.3.7(a)) for reference. . . . . . .

Concatenated time series of the residual vertical velocity w* at 50°N, 10 hPa for a
single LV ensemble member (June 1 1991 to Jan 1 1999; black solid line), the PS1
simulation (Jan 1 1988 to June 1 1991; red dashed line), and the PS2 simulation
(Jan 1 1982 to Jan 1 1988; solid blue line). Two example RCTT integrations
are annotated as bracketed black lines. The RCTT on Jan 1 1992 is computed
by residual velocity integration over the decade 1982-1992, and likewise for the
RCTT on Jan 1 1998 and the decade 1988-1998. . . . . . .. ... .. .. ...
5-year averages of the zonal-mean ensemble-mean AoA and €90 for the CF en-
semble, from Jan 1 1994 to Jan 1 1999. (left) AoA in the stratosphere, in years.
(right) €90 in the troposphere and lower stratosphere, in parts-per-billion (ppb).
In each panel, the tropopause is plotted as a thick white line. . . . . . ... ..
5-year mean CF ensemble mean of (a) the AoA, (b) the residual circulation
transit time, and (c) their difference. Age contours are shown every 6 months,
and labeled in black every year in panel (c¢). Overplotted is the residual circula-
tion streamfunciton at 3, 10, 30, 100, 300, and 1000 kg s~! on each side of zero,
in white contours, with ngative contours are dashed. . . . . . . .. .. ... ..
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Select CF ensemble-mean RCT'T trajectories for gridpoints near the tropopause,
every 2° in latitude, from 20°-90° on each side of the equator. (a) the 5-year
mean trajectories (b) the trajectories computed on Dec 1 1998. . . . . . . . ..
The 1994-1999 average TEM balance for the CF ensemble mean AoA. (a) ad-
vection by the residual circulation (b) mixing by resolved waves (c) mixing
by diffusion (d) net mixing by resolved waves and diffusion (sum of panels (b)
and (c)) (e) net tendency multiplied by 100. Overplotted in each panel is the
tropopause in grey, and the resiudal circulation streamfunction in light green at
10, 70, and 300 on each side of zero in units of 107 kg s~!, with negative contours
dashed. The M vector field is plotted in panel (b). . . . .. ... ... ... ..
The 1994-1999 average TEM balance for the CF ensemble mean €90 in the tro-
posphere and lower stratosphere. (a) advection by the residual circulation (b)
mixing by resolved waves (c) mixing by parameterized processes and diffusion
(d) €90 sink (e) net tendency multiplied by 100. Overplotted in each panel is
the tropopause in grey, and the resiudal circulation streamfunction in light green
at 200, 1000, and 4000 on each side of zero in units of 107 kg s~!, with negative
contours dashed. The M vector field is plotted in panel (b). . . . . . . ... ..
Ensemble-mean residual circulation impact, significance, and counterfactual ref-
erence for Aug 1991, Jan 1992, and Aug 1992. (a—c) the vertical residual velocity
impact Aw* in mm s~!. A white contour is drawn at p = 0.05, and regions of
p > 0.05 are filled with white hatching. Overplotted in black contours is the CF
ensemble-mean w* at 0.5, 1, and 2 mm s~! on each side of zero, with the zero
line plotted in bold. (d—f) the residual streamfunction impact A¥* in 107 kg
s~!. Significance is displayed as in panels (a)-(c). Overplotted in black contours
is the CF ensemble mean ¥* at 3, 10, 30, 100, and 300 on each side of zero, in
the same units, and the zero line plotted in bold. . . . . . . ... ... ... ..
Ensemble-mean AoA impact, significance, and counterfactual reference for Jan
1992, Jan 1993, and Jan 1994. (a—c) the AoA impact in months. A white
contour is drawn at p = 0.05, and regions of p > 0.05 are filled with white
hatching. Overplotted in black contours is the CF ensemble-mean AoA in years.
(d) the same as panels (a)-(c), but for the time-latitude plane at 10 hPa (e) the
same as panel (d), butat 30 hPa. . . . . ... ... L o Lo
LV ensemble-mean aging impacts and their statistical significance in the total
AoA (left column), the RCTT (middle column), and aging by mixing (right
column) for Januarys from 1992-1995 (rows). In each panel, the CF ensemble
mean of each age variable in years is plotted as labeled black contours. Also
plotted in each panel is a white contour in p-value at p = 0.05, and white hatching
in regions of p > 0.05. Solid white areas in the polar regions of the center
and right column panels are missing-value locations where originating RCTT
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4.10

4.11

4.12

4.13

4.14

Comparison of select LV and CF ensemble-mean RCTT trajectories averaged
over January of 1993. The trajectories were chosen as those corresponding to
peak RCTT impact in (a) the midlatitude SH, (b) the tropics, and (c) the
midlatitude NH. Colored points show the steps of the RK4 backward-integration
of the time-varying residual velocity field (Sect. 4.3.3). Times on the top-left
colorbar are reported as the difference between the trajectory launch time, and
the tropopause intersection time. Circles and crosses are used for the LV and CF
trajectories, respectively. Background contours show ARCTT, with statistical
significance as white contours and hatching. A faint dotted line is drawn at 30
hPa for reference. Panels (b) and (c) share a vertical axis. . . . ... ... ...
Relationship between the ensemble-mean impacts in vertical residual velocity,
and aging by transport at 30 hPa from July 1991 to January 1993. In all panels,
solid black contours are drawn at w* = 0 in the CF ensemble mean, a thick
dashed blue line shows the latitude of maximum AT from July 1991 to April
1992, and a red triangle shows the position of the Pinatubo eruption. (a) Aw*
in mm s~!. Thick black arrows show regions of upwelling and downwelling in the
CF data. (b) impact in AoA local transport flux (Eq. (4.6) + Eq. (4.7)) in days
per day. (c) RCTT impact in months. Statistical significance is shown as white
contouring and hatching. . . . . .. . ... o Lo
Ensemble-mean €90 impact, significance, and counterfactual reference for Jan
1992, Jan 1993, and Jan 1995. (a—c) Ae90 in ppb. A white contour is drawn
at p = 0.05, and regions of p > 0.05 are filled with white hatching. Overplotted
in black contours is the CF ensemble-mean €90 in ppb. (d) the same as panels
(a)-(c), but for the time-latitude plane at 15 hPa (e) the same as panel (d), but
at 40 hPa. . . . . . . . e
The ensemble-mean €90 tracer TEM balance from 60°S—60°N averaged over July
1991 (top row), Jan 1992 (center row), and July 1992 (bottom row). Each
panel shows a particular contribution to the total €90 tendency impact as colored
contours, with its statistical significance plotted as white contours and hatching.
The panels in each row, from left to right, are the local transport flux (forcing
by the residual circulation; Eq. (4.6) + Eq. (4.7)), the sum of isentropic mixing
by resolved eddies, and diffusion (Eq. (4.8) + Eq. (4.12)), and the net tendency.
A thick green line in each panel shows the tropopause. In panels (a,d,g), arrows
show the statistically significant tangent vectors of AW* as computed by the
method in Appendix B.3. . . . . ...
AAoA following eruptions with 3, 5, 7, 10, 13, and 15 Tg of eruptive SO,. (a) top
panel shows the AAoA time series at 10 hPa and averaged over 20—40°S for each
eruption mass (legend in panel (d)). Each line is highlighted in color where the
impact is statistically significant. Bottom panel shows max(|AAoA|), normalized
such that the result for the 15 Tg eruption has a value of 1. Occurrence of the
max impact is labeled in the top panel with a caret of matching color for each
curve. A gray dashed line shows the linear fit to the data. (b,c,d) the same as
panel (a), but for the pressure levels and meridional averaging as given in their
titles above each top panel. . . . . . . . ... ..
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4.15 The same as Fig. 4.14, but for the Ae90 at 15 hPa (top row of panels) and 40
hPa (bottom row of panels), and the eruption mass legend given in panel (b).

A.1 Zonal-mean tropical temperature profiles resulting from E3SMv2 runs of the
HS94 (solid black), W98 (dotted black), and our modified HSW (dashed red)
forcing schemes, averaged over —7°S to 7°N. The runs were done at the nel6pg2
resolution for 10 years, with the first five years discarded as spin-up, and the
time mean of the latter five-year period shown here. The height axis is derived
from the geopotential height of the modified HSW run, with the same averaging
performed. . . . . ...

A.2 Stratospheric residual circulation of the HSW atmosphere averaged over five
years, after a five-year spinup period. The vertical scale extends from 100 hPa

to the model top near 0.1 hPa. (a) The vertical residual velocity in mm s™!.

Contours are irregularly spaced. (b) The meridional residual velocity in m s™!.
Contours are irregularly spaced. (c) The residual streamfunction in units of 107
kg s~!. Contours unlabeled on the colorbar are three times their neighboring

contour toward zero. That is, the positive contours are 1,3,10,30,100... . . . .

B.1 A comparison of three representations of the gradient-normal vector field of a
winter-time streamfunction ¥ in the northern hemisphere on a log-scaled vertical
pressure axis, with a figure aspect ratio of 2.4. WU is shown in the greyscale
contours. Black arrows show the vectors tangent to isolines in ¥, as computed by
Eq. (B.24). Red arrows show the same vectors, but with the aspect-ratio scaling
removed (the horizontal component of Eq. (B.24) is multiplied by AY/AX). Blue
arrows shows the vectors as computed by Eq. (B.19) without the log-pressure
correction. The black arrows are the only ones which are everywhere tangent
to the W contours. The blue arrows would be tangent if the vertical pressure
axis were linearly-scaled. The vector lengths correspond to the magnitude VW
at each point. The arrows presented in the figure legend represent 4 x 10! kg
s7! per unit length of the y-axis. . . . . ... ... ... ... ... ... ... .

C.1 The same as Fig. 4.5, but for a winter climatological average. . . . . . .. . ..
C.2 The same as Fig. 4.5, but for a summer climatological average. . . . . .. ...
C.3 The same as Fig. 4.6, but for a late-winter climatological average. . . . . . . . .
C.4 The same as Fig. 4.6, but for a summer climatological average. . . . . .. . ..
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ABSTRACT

Tropical volcanic eruptions are capable of delivering enormous quantities for ash and sulfur
dioxide (SO3) to the stratosphere. Once there, SO, reacts with atmospheric water to form
sulfate aerosols, which persist in the sky for years. Radiative forcing by these aerosols—
scattering of sunlight, and absorption of outgoing thermal and near-infrared solar radiation—
alters the atmospheric temperature profile. Observations have indicated that the global-
average temperature increases in the stratosphere, and decreases at the surface by several
degrees Celsius as a result. These changes in turn have far-reaching effects on the global
circulation.

In this thesis, Exascale Energy Earth System Model (E3SM) from the U.S. Department of
Energy’s (DOE) is used to simulate the atmosphere in the years following the 1991 eruption
of Mt. Pinatubo in the Philippines. The simulation outputs are then analyzed in order to
understand the dynamical processes which govern not only changes in temperature, but also
changes in winds and global mass transport that result. Two different types of simulations
are used; an idealized atmosphere-only model which couples aerosol concentration directly
to atmospheric temperature, and a more complex model which treats aerosol processes more
fundamentally, and additionally simulates energy exchange between the atmosphere, ocean,
and land.

In Chapter 2, the idealized model is described, which was developed as a part of the
research of this thesis. Specifically, the model includes a stratospheric injection of volcanic
SO, and ash. The ash fallout, conversion of SOy to sulfate aerosols, and radiative forcing
by the aerosols are parameterized by a set of ordinary differential equations (ODEs). It is
shown the model can be tuned to produce post-eruption temperature anomalies that mimic
those of the historical Mt. Piantubo eruption.

Chapter 3 and 4 employ the more complex model and a transformed Eulerian mean (TEM)
analysis framework in order to study the changes to zonal momentum, wave dynamics, and
circulation which are caused by volcanic forcing of temperature. Using two different 15-
member simulation ensembles, Chapter 3 describes statistically robust findings of accelerated
polar vortex region winds near 8 m s~! for 1 year following the eruption. The cause is

identified as enhanced equatorward planetary wave deflection during winter, and an enhanced

XX



meridional circulation during summer. Chapter 4 then investigates the consequences of these
dynamical changes on the global transport of trace gases. It is found that age of stratospheric
air (measure as time since last contact with the troposphere) decreases by up to 5 months
everywhere but for the southern hemisphere’s lower stratosphere, where it is increased by
up to 3 months. This finding is attributed to an volcanically-induced meridional circulation
which accelerates and decelerates the background circulation in the northern and southern
hemisphere, respectively. The origin of this difference is shown to be related to both the
latitude and the season of the Mt. Pinatubo eruption. It is also found that the strength of
this effect on transport scales approximately linearly with the size of the eruption, within a

tested range of 3—15 Tg of eruptive SOs,.

xXx1



CHAPTER 1

Introduction

8,200 miles northwest from the city of Ann Arbor, Michigan lies the Bataan Peninsula on the
island of Luzon, Philippines. This hilly outcropping of land stands as a geologic guardian for
the people of Luzon, forming a narrow mountain-flanked constriction which links the western
sea and Manila Bay, the socio-economic gateway to the Filipino archipelago. Bataan is the
southern terminus of the much broader Zambales Mountains, which separate the plains of
central Luzon from the South China sea. Over it’s 150-mile northerly length, the Zambales
are adorned with small villages and cities, tropical forests, and a chain of volcanic peaks.
Though the range is volcanic in origin, having formed in response to plate subduction along
the Manila trench (Defant et al., 1989), all of the Zambales volcanoes are dormant, except
for one; Mt. Piantubo.

Mt. Pinatubo is classed as an active stratovolcano, which are characterized by large
explosive eruptions. Standing in an eerie contrast to this classification is the mountain’s
relatively low topographic prominence, which allows neighboring peaks to often obscure it
from recognition among the people living in its vicinity. In the spring 1991, the nearby
population numbered in the millions, including at least 30,000 inhabiting small villages on
the sloping flanks of the volcano itself (Wolfe and Hoblitt, 1997). It was during that spring
that locals began to feel the murmur of distant seismic activity, and eventually observed
explosions of steam from the mountain on April 2, 1991 (Wolfe and Hoblitt, 1997). These
events would turn out to be a heralding of a cataclysm which arrived on June 15, 1991—a
pivotal moment in time for Luzon, and for the remainder of this thesis.

The main event was first preceded by minor eruptions and increasing earthquakes through
the week of June 7-June 14. A photo of a preliminary eruption on June 12th is shown in
Fig. 1.1 (top panel), which itself is large enough to evoke mythology. Much to the fortune of
the region’s people, scientists from the Philippine Institute of Volcanology and Seismology
(PHIVOLCS) and the U.S. Geological Survey (USGS) were able to successfully forecast the
volcanic events given observations that they had been taking since April, which ultimately

enabled mass evacuations that saved countless lives (a story that was chronicled in a 1993
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documentary (Hal Holbrook, 1993)). On the afternoon of July 15th, Mt. Pinatubo initiated
an explosive eruption which lasted 9 hours, collapsing the summit of the mountain, and
ejecting enormous quantities of volcanic material over the surrounding region and into the
atmosphere. Among the ejected matter was an estimated 15-20 Tg of sulfur dioxide (SO,),
perhaps 200 Tg of carbon dioxide (COs), and an astounding 500 Tg or more of water vapor
(Wolfe and Hoblitt, 1997). The amount of particulate matter like ash that escaped into
the atmosphere was later estimated near 50 Tg (Guo et al., 2004b). For reference, one Tg
(teragram) is approximately 2.2x10° pounds. The explosion was energetic enough to launch

much of this material into the upper troposphere, where it’s thermal energy continued to loft

Figure 1.1: (top) Preliminary eruption of Mt. Pinatubo as seen from the former US Clark
Air Base on June 12, 1991 (Naeg/AFP, 1991) (bottom left) Mt. Pinatubo caldera as seen
on August 8, 1991 (Casadevall, 1991) (bottom right) the caldera as seen in November,
2023, now called Lake Pinatubo (Sierra, 2023).
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Figure 1.2: Satellite imagery of the Mt. Pinatubo region before and after the 1991 eruption.
The Mt. Pinatubo caldera is the dark-colored lake in the image centers. Images from
Landset /Copernicus, Google Earth



it further to 20 km, about 65,000 feet (Stenchikov et al., 2021). Once the data was collected,
this eruption would prove to be the second-largest of the 20th century, and the largest in
the era of modern meteorological observations.

On the ground, the aftermath of the Pinatubo eruption was completely transformative for
the local topography, hydrology, and ecology. Pyroclastic flows filled valleys, while pumice
and ash covered the surrounding plains. And, in an tragic happenstance of nature, the June
15th eruption coincided with the landfall of typhoon Yunya (Rudolph and Guard, 1995). The
introduction of typhoon-level rainfall to the ash-filled environment lead to a proliferation of
lahars; violet flows of debris in a slurry of water and pyroclastic material. These muddy
flows filled river channels, inundated agricultural land, destroyed bridges, and buried smaller
towns. Unfortunately, lahars continued to occur seasonally during monsoon rains in 1991
and 1992, which caused continued socio-economic distress (Wolfe and Hoblitt, 1997). The
development and gradual recovery of the lahars is shown in Fig. 1.2 in satellite imagery from
1990, 1993, and 2020. Even 30 years later, the scars on the land are clearly visible from afar.
All told, the death toll was at least 500 (McClelland, 1991), and tens of thousands more
were displaced (Wolfe and Hoblitt, 1997).

In this introduction, a summary of the local destruction imparted by Pinatubo was neces-
sary, out of respect and recognition for the Filipino people that endured the event. Especially
because for the remainder of this thesis, the cataclysmic day of June 15, 1991 will be re-
duced to a set a mere few unimpassioned numbers: (15°N, 120°W), 15-20 Tg of material,
20 km high. This thesis is not about volcanism, but rather is about the climate; from a
climatological perspective, explosive volcanic eruptions are, first and foremost, localized and
transient inputs of energy to a much larger system. Still, as we will see over the following
pages, Mt. Pinatubo has had a climatic legacy (and a scientific legacy) that spans many

years, and reaches every corner of the globe.

1.1 Volcanoes and Climate

The main actors in the interaction between volcanoes and the climate are a type of partic-
ulate matter known as wvolcanic aerosols. An aerosol is any small particle or liquid droplet
suspended in air. There exist a wide diversity of aerosol species traversing the atmosphere at
any given time, and many processes of scientific interest that control aerosol genesis, growth,
and dissipation. Accurate prediction of the Earth’s climatic evolution necessarily involves
thorough measurement, understanding and modeling of those aerosol processes (see McNeill
(2017) for a recent review), of which volcanic aerosols are no exception.

The volcanic aerosols of most interest to our purposes would not have been ejected di-



rectly from the Pinatubo eruption, but rather would have arisen from a series of subsequent
chemical transformations. The process is initiated by the enormous release of SO, from the
volcano. Once in the free atmosphere, the primary removal process (known as a sink) is
an oxidation chain mediated by atmospheric water (H,O), with an end product of sulfuric
acid (HySOy). Sulfuric acid is more stable in the atmosphere than sulfur dioxide, and it’s
tendency is to condense with water vapor to form a material known as sulfate aerosols, or
simply sulfates (Bekki, 1995). While the removal process of volcanic SO (i.e. the reactions
that give rise to the aerosol population) operates on an approximately 30-day timescale (Guo
et al., 2004a), removal of sulfate takes much longer. The main sulfate sinks are wet and dry
deposition in the troposphere (the lower atmosphere, where we live). However, because
Pinatubo-sized eruptions deliver their aerosol-forming gases directly to the stratosphere (the
upper atmosphere, where airplanes fly), the sulfate must first be physically transported to-
ward the planet’s surface via gravitational settling, and movement with the wind. In the
case of the Pinatubo eruption, the result was a global reduction of atmospheric optical trans-
mission for about 5 years, according to measurements taken at the Mauna Loa Observatory
on the island of Hawai‘i (Barnes and Hofmann, 1997).

Atmospheric aerosols and gases are typically classed as passive or active. A passive sub-
stance is one that is transported with the atmospheric circulation, and may be detectable,
but does not participate in any exchange of energy with their environment. An active sub-
stance is one that does the opposite. Chemically active substances are those that participate
in chemical interactions, providing opportunities for sources and sinks of other species, while
radiatively active substances are those that emit, absorb, or reflect photons in a manner that
perturbs the radiative energy balance of the atmosphere. The most famous example of an
active substance to the reader may be CO,, the main character of modern anthropogenic
climate change.

The long persistence of volcanic sulfate aerosols in the atmosphere is important because
it is a radiatively active material. It’s primary pathways of interaction are (1) scattering of
incoming solar radiation, and (2) absorption of both outgoing planetary longwave radiation,
and near-infrared solar radiation. The net result is a warm anomaly local to the aerosol
distribution in the stratosphere due to radiative heating by absorption, and a cool anomaly
at the planet’s surface due to the reduction of sunlight from the aerosol cloud above. The
term anomaly, here, refers to an atmospheric state which somewhere differs from average
climatological conditions. Following the Pinatubo eruption, observations have indicated
an increase in global average stratospheric temperatures, and a decrease in global average
surface temperatures of 2-3 degrees Celsius (Dutton and Christy, 1992; McCormick et al.,
1995; Robock, 2000).



To the unfamiliar reader, it may not be obvious why a temperature perturbation of a few
degrees is relevant to the climate as a whole, beyond the direct experience of the temper-
ature anomaly itself by humans on the surface. But through theoretical and observational
developments in climate science over the past century, a picture has emerged of an Earth
system which is highly nonlinear, governed in unexpected ways by exchanges of energy over
long time and length scales. Because radiative forcing by the Pinatubo aerosols was mostly
confined to the tropics, an increased temperature gradient from equator-to-pole was estab-
lished. We will see through the following chapters that this in turn stirs up anomalous
winds in the midlatitudes, alters the character of the jetstream and polar vortex, and the
global circulation of mass. It has even been suggested that the excitation of specific climate
modes can follow, such as standing patterns of localized warming at the surface in the high
northern latitudes, and perturbed global precipitation rates (Robock, 2000). Before we can
understand these strange relationships in detail, a primer of basic atmospheric dynamics is

on order.

1.2 Numerical Simulation of the Earth System

The core function of climate models is to solve a set of partial differential equations which
describe the evolution of atmospheric fluid flow on the spherical Earth. The most common
form implemented in modern models are the so-called primitive equations of motion. For the
sake of simplicity and clarity, the equations as represented on a Cartesian tangential plane

and a constant pressure surface in the vertical are
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for a velocity field v = (u,v)T. This formulation includes the important assumptions that
the atmosphere is shallow (relative to the planetary radius) and hydrostatic (motion in the
vertical is much smaller than in the horizontal). Eq. (1.1) and Eq. (1.2) are the inviscid
momentum equations; a reduced form of the Navier-Stokes equations for the zonal wind
speed u (along lines of longitude) and meridional wind speed v (along lines of latitude). The
right-hand sides indicate that the evolution of the wind velocity is due to a pressure gradient
force (horizontal gradients in the geopotential ®) and a Coriolis force f. Eq. (1.3) encodes
the hydrostatic and ideal gas approximations, which relate the geopotential, pressure p and
temperature 7" with the ideal gas constant R. Eq. (1.4) represents the continuity of mass,
which balances spatial changes in u, v, and the vertical pressure velocity w. Finally, Eq. (1.5)
is the thermal energy equation for the heat flow per unit time per unit mass J, where ¢, is
the isobaric specific heat of air.

This equation set is the basis for our predictions of future climate change, but also daily
weather forecasts that we routinely access from our pockets. The component of a forecast
model which numerically solves for the time evolution of the system on a spatial grid is
known as the dynamical core. The specific design of a dynamical core, namely it’s spatial
discretization and timestepping schemes, has important consequences on energy and mass
conservation, fluid shape preservation, and the overall accuracy of the forecast. A rich
history of dynamical core design since the 1960’s is chronicled in Williamson (2007) and
Randall (2010). In practice, this Cartesian equation set shown above is adjusted in actual
dynamical core implementations to include spherical geometry, mapped vertical coordinates
like orography-following coordinates, dissipation processes, and potentially a removal of the
hydrostatic assumption. An example of the full equation set used in the U.S. Department
of Energy’s (DOE) Energy Exscale Earth System Model (E3SM) is shown in Taylor et al.
(2020).

However, the dynamical core alone is not capable of simulating the Earth’s atmosphere.
This is because once the equations of motion are discretized by the dynamical core, phe-
nomena that are unresolved either in space or in time will not be represented. This includes
small-scale wave activity, convection, and clouds. Further, the primitive equations govern
only the fluid motion, and do not model external sources of energy that are input to the sys-
tem. The most critical of these sources is radiation from the sun, which must be accounted
for in order to establish realistic atmospheric circulations. Additional external sources in-
clude temperature perturbations caused by atmospheric chemicals and aerosols, and the
emission of those substances. Among the plethora of chemical emissions and processes that
are included in today’s complex climate models, representations of volcanic eruptions are

critical for capturing realistic long-term climate variability.



All of the mentioned unresolved and external processes are included in a climate model in
the form of parameterizations; sets of differential equations which are used to force a climate
model at the gridpoint level, which the modeler tunes by the adjustment of free parameters.
These parameterizations are often derived from first-principles give the relevant physics, but
are also often purely empirical tunings of designed formulae. A comprehensive review of
common parameterizations and their design considerations is given by Mcfarlane (2011) and
Hourdin et al. (2017). The reader will also get a glimpse into the science (or arguably, art)

of parameterization design and tuning in Chapter 2.
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Figure 1.3: Schematic representation of a coupled Earth system model. Each colored box
represents an independent model for the named physical component. The centered black
box represents the model’s coupler, collecting and exchanging information between each of
the components.

The dynamical core fluid solver and the library of parameterizations that accompany it
are often called dynamics and physics, respectively. Models that combine dynamics and
physics into a single predictive framework are known as Atmospheric General Circulation
Models (AGCM). The analog for simulation of the ocean is the OGCM. Flagship models
currently run by major scientific and academic institutions couple AGCMs and OGCMs,
allowing exchange of energy across the boundary at the surface of the ocean by way of a
coupler. These models also couple the atmosphere to independent models for the continental
land masses, land and sea ice, river hydrology, ocean surface waves, and usually add a
library of chemistry calculations to the atmosphere component. The result is known as
a “coupled” Earth System Model (ESM), shown schematically in Fig. 1.3. These complex
machines are currently the state-of-the-art in climate modeling, and the basis for our modern

understanding of climate change. It is within this simulated environment that this thesis



studies the interaction between volcanic aerosols and atmospheric dynamics.

1.3 The CLDERA Collaboration

The preceding introduction to the relationship between volcanism and the climate has lacked
some important context. In the current age of anthropogenic climate change, the average
global surface temperature of the Earth has risen by 1.1°C compared to the period 1850-
1900, most of which has occurred in the last 75 years since 1950, making the modern era
the warmest multi-century period in over 100,000 years (Calvin et al., 2023). Given this,
interest in processes which are capable of lowering global surface temperatures are of more
than purely scientific interest. There is no natural event capable of this feat in such a
dramatic fashion as explosive tropical volcanic eruptions.

For this reason, there has been vigorous activity within the community over at least
the last decade to study the theoretical implementation of artificial stratospheric aerosol
injections (SAI). Indeed, the suggestion is to mimic the action of eruptions like the 1991
Pinatubo event by manually dispersing vast quantities of SO5 into the stratosphere to enable
sulfate aerosol formation, and thus global dimming (Crutzen, 2006). Activities of this kind
are known as geoengineering.

Of course, SAI is an idea met with controversy, both within and outside of the scientific
community. While some authors have argued that something akin to SAI will ultimately be
required if we are to lower surface temperatures, others have emphasized that the outcome of
such activities is not clear—an uncertainty that incurs even more risk, and distracts from the
nevertheless necessary effort to reduce global greenhouse gas (GHG) emissions (e.g. Shepherd
and Rayner (2009); American Meteorological Society (2013)). As such, SAI experiments have
so far been conducted exclusively in simulated atmospheres. For example, Tilmes et al. (2018)
recently introduced the Geoengineering Large Ensemble Project (GLENS), which included
a 20-member ensemble of simulated SAI scenarios implemented in a coupled ESM. Various
authors have subsequently used the GLENS or similar simulated datasets in attempts to
diagnose the side-effects of SAI, beyond the intended surface cooling effect. Through these
works, it is becoming clear that SAI may have at least some relation to almost every major
mode of climate variability. This includes, but is not limited to, significant changes to
precipitation in the tropics and midlatitudes (Simpson et al., 2019), stratospheric ozone and
the global circulation of mass (Richter et al., 2017; Bednarz et al., 2023; Henry et al., 2024),
the quasi-biennial oscillation of tropical winds (Richter et al., 2017), and the wave-driven
coupling between the tropical and midlatitude stratosphere (Karami et al., 2023).

In light of this recent research, the decade-old warnings expressed by McCusker et al.



(2012) remain salient; “Countless other issues abound, both climatic and nonclimatic, in-
cluding the ignorance of other consequences of increased carbon dioxide, such as ocean acidi-
fication. The likelihood of a climate surprise occurring due to geoengineering is high because
research into geoengineering is still nascent, unintended consequences are a certainty, and the
uncertainties of geoengineering are layered on top of those of global warming, compounding
them.”

With this understood, we finally note that the majority of work presented in this thesis
was performed as a part of the CLDERA collaboration (CLimate impact: Determining Eti-
ology thRough pAthways; Bull et al. (2025)) at Sandia National Laboratories (SNL). The
goal of the CLDERA project was to develop statistical methods of attribution of an observed
climate condition, and major sources of external forcing in the climate’s past history. This is
exactly the type of capability that the scientific community needs if we are to quantitatively
relate observed conditions on Earth to climate change, or indeed to SAI and other geoengi-
neering activities. To this end, the project oriented itself around the most well-observed and
researched natural analogue of SAI; the 1991 eruption of Mt. Pinatubo. The primary role of
Prof. Jablonowski and I was to develop methods and codes for investigating the dynamical

processes which fundamentally control the atmosphere’s response to the Pinatubo event.

1.4 Outline of this dissertation

The results of our efforts as members of the CLDERA project is presented over the following
pages. Chapter 2 provides a detailed description of a custom parameterized model of volcanic
aerosol injection that we developed for E3SM. This new configuration of the model was used
to provide idealized representations of the Pinatubo event to other members of CLDERA,
as an environment for attribution method development and testing. In Chapter 3, we use a
more realistic version of the coupled E3SM in order to study the Pinatubo-driven effects on
northern hemisphere stratospheric winds, with a detailed breakdown of the involved wave
and circulation dynamics. Chapter 4 continues the analysis by investigating the changes to
global distributions of trace gases. In short, our results will agree with the SAT literature
that dynamical impact of Mt. Pinatubo on the climate are subtle yet far-reaching.

Each chapter is meant to mostly stand on its own, with self-contained introductions and
conclusions. Appendices A—C accompany each chapter. Appendices D—F represent technical
work that contributed to the main chapters, but have not been published elsewhere. They

may also be useful as standalone information.
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CHAPTER 11

Volcanic Aerosol Injection in a Simple

General Circulation Model

Abstract

A new set of standalone parameterizations is presented for simulating the injection, evo-
lution, and radiative forcing by stratospheric volcanic aerosols against an idealized Held-
Suarez-Williamson (HSW) atmospheric background in the Energy Exascale Earth System
Model version 2 (E3SMv2). In this model configuration, HSW-V, sulfur dioxide (SO2) and
ash are injected into the atmosphere with a specified profile in the vertical, and proceed
to follow a simple exponential decay. The SOy decay is modeled as a perfect conversion
to a long-living sulfate aerosol which persists in the stratosphere. All three species are
implemented as tracers in the model framework, and transported by the dynamical core’s
advection algorithm. The aerosols contribute simultaneously to a local heating of the strato-
sphere and cooling of the surface by a simple plane-parallel Beer-Lambert law applied on two
zonally-symmetric radiation broadbands in the longwave and shortwave range. It is shown
that the implementation parameters can be tuned to produce realistic temperature anomaly
signatures of large volcanic events. In particular, results are shown for an ensemble of runs
that mimic the volcanic eruption of Mt. Pinatubo in 1991. The design requires no coupling
to microphysical subgrid-scale parameterizations, and thus approaches the computational af-
fordability of prescribed-aerosol forcing strategies. The idealized simulations contain a single
isolated volcanic event against a statistically uniform climate, where no background aerosols
or other sources of externally-forced variability are present. HSW-V represents a simpler-to-

understand tool for the development of climate source-to-impact attribution methods.
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2.1 Introduction

Volcanic eruptions are one of the most dominant natural sources of exogenous forcing on the
Earth system. In large volcanic events, the stratosphere can be loaded with extraordinary
amounts of sulfur dioxide (SO,), which gradually oxidize to form long-living sulfate aerosols
(Bekki, 1995). In the case of tropical eruptions, the radiative properties of long-living aerosols
subsequently lead to global stratospheric and surface-level temperature deviations up to a
few degrees Kelvin from climatological averages, which can persist for years (Kremser et al.,
2016; McCormick et al., 1995; Dutton and Christy, 1992). Variations in the stratospheric
sulfate content by the Earth’s volcanic history has thus been one of the strongest drivers of
interannual climate variability (e.g. Schurer et al. (2013)).

Since volcanic eruptions impact the climate, there is a rich history of implementing vol-
canic forcing parameterizations for coupled Earth system models (ESMs) in the literature.
Simpler techniques prescribe radiative aerosol properties directly from an external dataset or
analytic forms (e.g., see DallaSanta et al. (2019); Toohey et al. (2016); Eyring et al. (2013);
Gao et al. (2008); Kovilakam et al. (2020)). Prescribed forcing approaches might be chosen
for their computational affordability, though they are also used to facilitate climate model
intercomparisons by standardizing the forcing scheme (Zanchettin et al., 2016; Clyne et al.,
2021). More complex approaches prescribe emissions of volcanic SO,, which are then handed
to separate aerosol, chemistry, and advection codes. These codes then explicitly model the
aerosol evolution, transport, and radiative properties (e.g., Mills et al. (2016, 2017); Brown
et al. (2024)). Reviews of the wide array of modeling choices for volcanic forcings made by
different ESMs are presented in Timmreck (2012) and Marshall et al. (2022).

Prescribed and prognostic methods have also been applied to model other forms of sulfur-
based radiative forcing, with significant research recently being devoted to stratospheric
aerosol injection (SAI) climate-change intervention activities (Crutzen, 2006; Tilmes et al.,
2018, 2017; McCusker et al., 2012). One key goal of SAI research is to quantify the causal
connections between an observed climate impact, and an upstream forcing source, i.e. to
attribute the SAI source as the cause of a detected, anomalous atmospheric response. Volca-
noes are a natural analog to SAI, and thus offer an avenue for developing novel attribution
methods of quantifying these causal connections.

The climate impacts that are most societally-relevant tend to be spatially localized (e.g.
droughts, heat waves, or fires) and located downstream from their associated sources (e.g.
volcanoes, or other solar radiation modification) by multiple causal connections. “Multi-
step attribution” involves a sequence of single-step attribution analyses, but is generally

not employed, as the single weakest attribution step limits its confidence (Hegerl et al.,
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2010). Therefore, there is a need for novel multi-step attribution techniques in both climate
change studies (Burger et al., 2020) and climate intervention studies (National Academies of
Sciences, 2021; Office of Science and Technology Policy (OSTP), 2023) that overcome these
issues to enable attribution of societally-relevant impacts.

As the climate community increasingly relies on advanced statistical inference and ma-
chine learning approaches to attribute downstream impacts, it is critical to develop testbeds
which can be widely shared and used to understand the accuracy of the methods’ inferences.
Although the development of verification datasets for advanced data analytic techniques
in the climate community is nascent, there are a few examples. Fulton and Hegerl (2021)
generated synthetic climate modes to test the accuracy of distinct pattern extraction tech-
niques and show that the most commonly used principal component analysis technique does
not perform well. Mamalakis et al. (2022) worked to develop an “attribution benchmark
dataset” for which the ground truth is known to enable evaluation of different explainable
artificial intelligence (AI) methods.

Currently, developing data analytic methods for multi-step attribution in the context of
volcanic forcing is restricted to models that utilize expensive prognostic aerosol treatments.
This is because with prescribed forcing approaches in free-running atmospheric simulations,
there is a dynamical inconsistency between the transport patterns and aerosol distributions.
In particular, the forcing dataset does not respond to the atmospheric state. Accordingly,
we suggest that a new idealized representation of prognostic volcanic forcing within a highly
simplified atmospheric environment would be a useful testbed for the development of novel
multi-step attribution methods (i.e. constructing relationships between stratospheric aerosol
forcing and atmospheric temperature perturbations).

Here we outline a simulation strategy which enables an affordable prognostic aerosol im-
plementation for idealized climate model configurations. Our design seeks to maintain a
realistic spatio-temporal signature of the atmospheric impacts, while minimizing the terms
contributing to temperature and wind tendencies as much as possible. The former is achieved
by including a localized injection and subsequent transport of aerosols by a tracer advec-
tion scheme. The latter is achieved by coupling the aerosol concentrations directly to the
temperature field. While traditional approaches often require the inclusion of an auxiliary
radiative transfer code for this second step, our implementation is standalone.

Our approach sacrifices realism by design. The goal is not to simulate an accurate post-
eruption climate of a particular historical volcanic event, but rather to produce a plausible
realization of a generic volcanic eruption, simulated with a minimal forcing set. This con-
figuration will not offer a deterministic answer to the attribution problem, as the internal

variability of the simulated atmosphere implies that there is no single solution to the spatio-

13



temporal evolution of the affordable prognostic aerosol. Nevertheless, it does represent key
process characteristics between a source and downstream impact, and can provide large
datasets without the typical computational burden of climate simulations, thereby support-
ing the development and testing of novel data analyses and attribution techniques.

Our model isolates a single volcanic event from any other external source of forcing or
variability, and allows the flexibility to be embedded in a simplified atmospheric environ-
ment. Though the implementation is generic, we present here a particular tuning of the
parameterizations for an eruption similar in character to the 1991 eruption of Mt. Pinatubo,
and the subsequently observed impacts (Karpechko et al., 2010; Robock, 2000; McCormick
et al., 1995; Hansen et al., 1992). The atmosphere model is an idealized so-called Held-
Suarez-Williamson (HSW; Williamson et al. (1998)) configuration of the Energy Exascale
Earth System Model version 2 (E3SMv2; Golaz et al. (2022)). The HSW configuration
on a flat earth replaces E3SMv2’s physical parameterization package with a temperature
relaxation towards a prescribed, hemispherically-symmetric equilibrium temperature and
Rayleigh friction near the surface. These two forcing mechanisms mimic radiative effects
and the boundary-layer turbulence, respectively. There are no background aerosols, no
moisture, and no long-term climate trends. The implementation of the injection, aerosol
dissipation, and forcing can be tuned to yield sensible atmospheric impacts for almost any
model configuration with qualitatively realistic circulation patterns, even in absence of a
standard physical parameterization suite. We call this extension to the HSW model with
enabled volcanism HSW-V.

The chapter is structured as follows. The simplified climate model configuration of
E3SMv2 is described in Sect. 2.2. Section 2.3 introduces the idealized volcanic injection,
sulfate formation, and radiative forcing parameterizations. This is followed by a discussion
of the ensemble design, simulation results, and the computational expense in Sect. 2.4. Sec-
tion 2.5 summarizes the findings and provides an outlook on their utility for the modeling
community. Appendix A.1 describes custom modifications that were needed for our cho-
sen simplified climate implementation with E3SMv2. In addition, Appendix A.3 provides

recommendations for the tuning of the suggested aerosol parameterizations.

2.2 Climate Model Configuration

When choosing the base model configuration, the goal was to provide an environment in
which the volcanic forcing can be nearly isolated. In addition, we aimed at keeping the num-
ber of physical subgrid-scale forcing mechanisms small. These simplifications are achieved

by running a climate model in an atmosphere-only mode, and replacing the standard suite of
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physical parameterizations with simple forcing functions for the temperature and horizontal
winds.

Section 2.2.1 introduces the E3SMv2 climate model which serves as the foundation for
our developments. E3SMv2’s chosen HSW configuration is a modified implementation of the
idealized scheme originally described by Held and Suarez (1994) (hereafter HS94), involving
a damping of low-level winds and a relaxation of the temperature field to a specified zonally-
symmetric reference profile, described in Sect. 2.2.2. The main difference between the HS94
and HSW forcing is the presence of a more realistic relaxation temperature profile above 100
hPa which generates stratospheric polar jets in the HSW variant. Section 2.2.3 describes
a simple extension for idealized physics packages which provides global, zonally-symmetric

longwave and shortwave radiation profiles.

2.2.1 The E3SMv2 climate model

E3SMv2 is a state-of-the-art climate model that consists of various coupled components for
the atmosphere, ocean, land, sea ice, and land ice (Golaz et al., 2022). The dynamical core
of the E3SM Atmosphere Model version 2 (EAMv2) uses a spectral-element (SE) solver on a
quasi-uniform cubed-sphere grid for a shallow, hydrostatic atmosphere (Taylor et al., 2020),
and a semi-Lagrangian tracer transport scheme (Bradley et al., 2022) which ensures local
mass conservation and shape preservation. Specifically, the experiments presented here use
the ~2° “nel6pg2” grid, where each cubed-sphere element features a 2x2 grid of physics
columns. The grid for the physical parameterizations is thus coarser than the associated
dynamics grid (Hannah et al., 2021; Herrington et al., 2019). The vertical grid consists of
72 vertical levels with a model top near 0.1 hPa, or approximately 60 km.

We use a highly simplified, dry configuration of EAMv2 with no topography, no moisture,
and no coupling to other components. The physical parameterization suite is replaced by a
set of idealized forcing functions described in Section 2.2.2. Internally, this configuration is
labeled as the “FIDEAL” component set— an inheritance of E3SMv2 from its original fork
of the Community Earth System Model (CESM, Danabasoglu et al. (2020)). As a part of
our work, the FIDEAL component set needed to be revived, and is not functional in the
official release of E3SMv2.

We note that the nel6pg2 grid is coarser than the default E3SMv2 ~1° “ne30pg2” grid.
We have not tested activating our implementation on such a higher-resolution grid, which
will require a re-tuning the model parameters. Recommendations for performing the tuning

of the volcanic forcing are given in Appendix A.3.
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2.2.2 Idealized climate forcing

The HS94 forcing was originally proposed as a benchmark for the intercomparison of sta-
tistically steady-states produced by the dry dynamical cores of Atmospheric General Circu-
lation Models (AGCMs) without topography. The forcing includes the Rayleigh damping
of low-level winds to represent friction in the boundary layer and a Newtonian temperature

relaxation toward an analytic “radiative equilibrium” temperature 7o, (¢, p) given by

88—7; =...—kr(o,p) [T — Teq(9, p)] . (2.1)
Here, T is the temperature, ¢t stands for the time, ¢ represents the latitude, p symbolizes the
pressure, and kr(¢, p) is the relaxation rate. i, has no time dependence and therefore does
not include any diurnal or seasonal cycles. The temperature variability on any timescale is
purely driven by the internal dynamics arising from nudging towards the equilibrium. The
form of the equilibrium temperature is designed to mimic the net effects of radiation, convec-
tion, and other subgrid-scale processes. Williamson et al. (1998) (hereafter W98) later noted
that since the HS94 benchmark deliberately maintains a “passive” stratosphere, supporting
none of the typical stratospheric structures such as the polar jets, it would not be applicable
to their dynamical core intercomparison studies of tropopause formation. To remedy this
deficiency, they provide a modification of the original HS94 equilibrium temperature, which
includes realistic lower-stratospheric lapse rates in the tropics and polar regions. Such a
HSW configuration was, e.g., also used in Yao and Jablonowski (2016) who explored Sudden
Stratospheric Warmings (SSWs) in the idealized environment.

We use the HSW forcing in our simulations, and omit all other physical parameterizations.
This setup provides an atmosphere that is characterized by realistic dynamical motions and
a quasi-realistic idealized climatology while maintaining a highly simplified inventory of
diabatic subgrid forcings. In implementing HSW in E3SMv2, a few notable modifications
were made. First, the lapse rate of the equilibrium temperature 7,, was set to zero above 2
hPa to maintain realistic upper-stratospheric temperatures. Next, in addition to the HS94
treatment of surface friction, we include a second Rayleigh damping mechanism near the
model top as a “sponge layer” for calming the polar jet winds and absorbing spurious wave
reflections, as described in Jablonowski and Williamson (2011). Specifics of these HSW
modifications are provided in Appendix A.1.

Figure 2.1 shows the equilibrium temperature in the latitude-pressure plane, the vertical
profile of the wind damping strength, and the resulting 10-year average zonal-mean temper-
ature and zonal wind fields following a five-year spinup period using these idealized forcings

in E3SMv2. The resulting stratospheric temperature and wind structures are quasi-realistic,
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Figure 2.1: (a) The modified HSW equilibrium temperature in the latitude-pressure plane.
Contours are drawn every 10 K. Overlaid as a thick dashed black line is the vertical profile
of the velocity damping coefficient for both the sponge layer and the surface, with its values
on the top horizontal axis (see Appendix A.1 for details). (b) 10-year average zonal-mean
temperature and zonal wind distributions in an E3SMv2 run with temperature relaxation
toward the reference temperature of panel (a), after a five-year spinup period. Temperature
contours are drawn every 10 K, while positive (negative) wind contours every 15 m s=! (12
m s!). Negative contours are dashed, and the zero-line is shown in bold. For all variables
shown, the vertical (pressure) axis is logarithmic above 150 hPa, and linear below 150 hPa.
The separation between these two domains given as gray horizontal lines.

reaching maximum tropical temperatures of about 240 K at the 50-60 km height levels which
correspond to the region between 1-0.1 hPa. However, these temperatures are slightly cooler
than the observed values near 50 km (1 hPa) which are about 260 K, as documented in
Fleming et al. (1990). Temperature minima are seen near the tropical tropopause, as well as
the polar middle-stratosphere. Sharp vertical temperature gradients are seen near the polar
upper-stratosphere, leading to temperatures in excess of 270 K.

In the zonal wind, we see the formation of tropospheric mid-latitude westerly jets with

maximum wind speeds of ~30 m s~!

, and strong stratospheric polar jets in excess of 60 m
s71. As there are no seasonal variations present, each hemisphere eternally varies about this
winter-like steady state, which is qualitatively representative of observations (Fleming et al.,
1990). At the same time, the global circulation, and thus mass transport, is characterized
by symmetric thermally-direct circulations (Hadley cells) in the troposphere, and symmetric
residual streamfunction cells in the stratosphere, consistent with equinox states in nature

(see discussion in Sect. 2.4.2 and Appendix A.2).
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In the tropical stratosphere, easterlies with speeds up to —30 m s™! dominate. Note that
while the tropical stratospheric winds will vary about this average, the HSW atmosphere does
not include any kind of regular quasi-biennial oscillation (QBO) analog. Yao and Jablonowski
(2016) showed that whether or not a QBO spontaneously develops in an HSW configuration
will largely depend on the dynamical core in use. For a spectral element (SE) dynamical
core, they observed that wave forcing was never strong enough to cause a reversal of the
tropical stratospheric winds. The same conclusion appears to hold for our configuration of
E3SMv2. Despite this, the QBO may be a desirable target for future studies employing this
model configuration, as it has been shown that the QBO phase is a significant modulator of
the volcanic climate response (Thomas et al., 2009). We do not consider this issue further
in the present work, but note that it could be possible to prescribe a QBO by nudging the
horizontal winds toward a specified reference state (as has been done for e.g. the Whole
Atmosphere Community Climate Model (WACCM) by Matthes et al. (2010)).

2.2.3 Extending the HSW model with simple radiation

The HSW atmosphere does not describe any radiative processes, except by the extent to
which they are mimicked in the temperature relaxation toward T.,. Energy balance at the
top of the atmosphere (TOA) is implied, though there are no specifications of incoming or
outgoing radiative fluxes.

However, in computing the diabatic heating and cooling terms of stratospheric aerosols in
Sect. 2.3, it will be both convenient and natural to have expressions for the flux densities of
incoming shortwave (SW) and outgoing longwave (LW) broadbands, which are qualitatively
consistent with the HSW equilibrium temperature field. We first define a global, zonally-
symmetric longwave flux density based on T,, at the surface, and then deduce a shortwave
component by setting the total integrated global power equal to that of the longwave com-
ponent. Both flux density profiles will be constant in time.

In both the HS94 and HSW models, the radiative equilibrium temperature below 100 hPa

18

Teq(¢,p) = max

Ry/cp
(200 K), {(315 K) — (60 K)sin? ¢ — (10 K) log (3) cos? 4 (ﬁ) ] :
Do Do
(2.2)
where R;/c, = 2/7 is the ratio of the ideal gas constant and specific heat at constant pressure

for dry air. At the reference pressure py = 1000 hPa, the equation reduces to

Teq(,p0) = 315 K — (60 K) sin® ¢. (2.3)
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We compute a longwave graybody flux density I1yw from the Stefan-Boltzman law as

_ 4
[LW = UTsur

;=0 [315 K — (60 K)sin® ¢]* (2.4)

where o is the Stefan-Boltzman constant. If desired, Ty, can be the actual surface temper-
ature on the 2D surface mesh. We instead choose a simplified approach that is both analytic
and static in time, by approximating the surface temperature as Eq. (2.3). For incident
shortwave radiation, we use a simple cosine form which vanishes at the poles, resembling

equinox conditions, given by
Isw = Iy cos ¢. (2.5)

By integrating Eq. (2.4) and Eq. (2.5) over the sphere, we find that a normalization parameter
of Iy ~ 560 W m~2 enforces that the total globally-integrated power is in balance between Iy
and Isw. We note that these radiative fluxes are considerably higher than the annual average
solar insolation of the real Earth system. The primary reason for the enhanced values is that
there is no attenuation of the upwelling longwave radiation by moisture, clouds, or other
background constituents (excluding volcanic aerosols) in the HSW atmosphere. Including
such an effect in the HSW configuration would be arbitrary and overly-complicated. Further,
we will show in Sect. 2.3 that the aerosol radiative forcing design has sufficient freedom in the
number of tunable parameters to achieve desired heating rates, without being preferential

about the amplitudes of Isw and I1y.
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Figure 2.2: Longwave (Eq. (2.4)), shortwave (Eq. (2.5)), and net flux densities as functions
of latitude.
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The resulting flux profiles are shown in Fig. 2.2. This figure shows an energy deficit
poleward of 55°, and a surplus equatorward, with maxima in the net flux in the midlatitudes.
We emphasize that the shape of the flux profiles is the important aspect here, and that
balancing I1w and Igw is only being done for style and physical legibility. This “radiation”
will be used only to control the heating and cooling rates imposed by injected aerosols, which
will ultimately be subject to model tuning, and will have no effect on mean atmospheric
temperatures. The overall climate and energy balance is still controlled independently by

the HSW temperature relaxation.

2.3 The HSW-V Volcanic Forcing Approach

We model radiative forcing by stratospheric aerosol injection events in the idealized HSW
environment by directly forcing the temperature field via a standalone parameterization.
This forcing is done without the need for intermediary aerosol or radiation models. While this
approach could be generalized for any local injections of sulfur species to the atmosphere, the
implementation used here is designed and tuned to produce a realistic representation of the
1991 eruption of Mt. Pinatubo. Specifically, our model describes the localized simultaneous
injection of volcanic ash and sulfur dioxide (SO5) with a specified vertical profile over a single
model column. Decay of the SO, in turn leads to production of long-lived sulfate aerosols.
These chemical species are implemented as “tracers” within EAMv2 (scalar mixing ratio
quantities advected by the model’s transport scheme), and contribute independently to local
and surface temperature tendencies.

The strategy is to add together various ingredients as follows: (1) define volcanic sources
(stratospheric injection), (2) define SO, sinks (sulfate aerosol production), (3) compute the
aerosol optical depth (AOD) of each model column, and (4) increment the temperature
tendency (local radiative heating by absorption, and radiative surface cooling by AOD).
Steps (1)-(4) are described in Sect. 2.3.1-2.3.4, respectively. Section 2.3.5 provides a brief
summary of the model, a table of the model parameters, and notes on the parameter tuning

strategy.

2.3.1 Tracer injection

We model the time tendency of each injected tracer species j (SO5 and ash) as the sum of

a source and sink:
3mj

ot

= R(m;) + f. (2.6)
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R(m;) is an exponential removal function with e-folding timescale 1/k;, and the source term

f describes the spatial distribution of injection:

R(m]) = —k’jm]’, (27)
f=ATEH(GNV(2). (2.8)

The separable temporal, vertical, and horizontal dependencies are T'(t), V(z), and H (¢, ),
respectively, where z is the geometric height and A symbolizes the longitude. flj is a nor-
malization parameter. This form is then discretized onto the model grid with horizontal
column, vertical level, and timestep indices ¢, k, and n, respectively. We choose to model an
injection uniformly distributed over a single column and time period of length dt. Explicitly,

the “injection region” S is symbolized as
S ={(gi; \istn) | ¢i = @i, \i = A, to <t <o + 6t} (2.9)

where ¢’ is the index of the injection column. The product of T'(t,,) and H(¢;, A;) in Eq. (2.8)
is then replaced by an indicator function I;,, = I(t,, ¢;, A\;), which is equal to one inside of

S, and equal to zero outside of S. The mass tendency is then

omg i i

The source f for tracer j is normalized by the constant A;, which scales the total injected

mass to a known parameter M;, by

Mj = A5t " V(z) (2.11)
k
M.
where we define V, = V(z;). The normalization constant A; is unique to the vertical

grid configuration, and converges to the normalization of the analytic form A; — /Tj with
increasing resolution. This treatment avoids losing mass to numerical diffusion once the
injected mass is placed onto the model grid.

Rather than a mass tendency, the quantity required by EAMv2’s physics interface is the
tendency of the tracer mixing ratio ¢; = m;/Mmatm. If Ap;y is the local pressure thickness of

the grid cell, g is acceleration due to gravity, and a; is the column area, the air mass maymn
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in this definition can be replaced via the hydrostatic equation, yielding

Qjike = Mjik (2.13)

Given Eq. (2.10)-(2.13), the final expression implemented for the update of tracer j at column

1, vertical level k, and timestep n is

an,i,k,n _ g
8t Ap@k a;

|:—]€j mjyi,k + Iz’,n Vk:| . (214)

J
ot > Vi
For the vertical dependence V(z), we follow Fisher et al. (2019) and assume a Gaussian

distribution defined by a center of mass altitude u, and a geometrical standard deviation

V(z) = exp (—1M) . (2.15)

The profile deviation of 1.5 km is a compromise between Fisher et al. (2019) and the width
of the parabolic injection profile of Stenchikov et al. (2021). In hydrostatic models such as
E3SMv2, the height z is a diagnostic quantity. Therefore, the vertical profile needs to be
computed at each timestep. We inject both SO, and ash at the same height and with the
same deviation, and we do not include a normalization coefficient in V'(z), since A; is already
scaled by >, Vi.

We tuned the center of mass altitude p by ensuring that the sulfate tracer which eventually
arises from the initial SOq injection settles in the lower stratosphere, between 20 and 25 km,
consistent with estimates from aerosol transport models (Sheng et al., 2015) and forcing
reconstructions (see review in Sect. 2 of Toohey et al. (2016)). As in previous works, we
might expect to inject just above the tropical tropopause, near p = 17-18 km (Stenchikov
et al., 2021; Fisher et al., 2019), and then allow the self-lofting process to carry the plume
to a level of neutral buoyancy in the lower stratosphere. Per Stenchikov et al. (2021), this
process is expected to be driven by a vertical velocity of w =~ 1 km day~! due to strong
initial radiative heating rates of about 20 K day~! in the dense, fresh volcanic plume. After
tuning the model with these considerations in mind, we use the even lower value of © = 14
km, which we found to result in a realistic settling altitude for the sulfate tracer distribution.
The need for this exceptionally low injection height is due to an overly aggressive heating
of the initial plume given our parameter choices, which is discussed further in Section 2.3.5
and Appendix A.3.4.

Observations giving the total injected mass and e-folding time for SO, (25 days) and
ash (1 day) for the Mt. Pinatubo eruption were estimated from satellite data and published
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in Guo et al. (2004a,b) and Barnes and Hofmann (1997). Table 2.1 provides the chosen
parameter values. In particular, the model describes a 24-hour injection of a plume centered
on 14 km in the vertical, uniformly over a single column. We assume no background values
for any of the injected species prior to the eruption, as in some other studies (e.g. Bekki and
Pyle (1994)).

The remainder of the model formulation as presented in Sect. 2.3.2-2.3.4 is applied uni-
formly on each timestep, and thus the temporal index n will be omitted for brevity. Optical
depths and radiative forcings are computed identically for each tracer species, and so the
tracer index j will be also be omitted. Mixtures of multiple tracers j with varying radiative

extinction coefficients will be reintroduced in Sect. 2.3.4.3.

Table 2.1: Model parameters. Parameters with a superscript { are tuned parameters. Param-
eters with a superscript I are constrained by a data-driven calculation, though not necessarily
free for tuning. Parameters without a superscript are observations and/or estimates directly
from the literature. For information on tuning, see Sect. 2.3.5 and Appendix A.3.

Parameter  Value Units  Description Reference
injection
oo 15.15 deg meridional plume center
Ao 120.35 deg zonal plume center
ot 24 hr injection duration
] 14 km peak injection altitude Stenchikov et al. (2021)
tracers
ksos 1/25 day™' SO, decay rate Guo et al. (2004a)
Ksulfate 1/360 day~!  sulfate decay rate Barnes and Hofmann (1997)
kash 1 day~!  ash decay rate Guo et al. (2004b)
Mso2 17 Tg injected mass of SO2 Guo et al. (2004a)
Meoan 50 Tg injected mass of ash Guo et al. (2004b)
v 2.04 - SOy — sulfate weighting See Sect. 2.3.2
heating
¢t 4 %1073 - surf. heat transfer efficiency See Sect. 2.3.4
(sz 100 m max height of surf. cooling  See Sect. 2.3.4
bsw, ash 400 m? kg=!  SW mass extinction coeff. See Sect. 2.3.3
bsw, SO% 400 m? kg=!  SW mass extinction coeff. See Sect. 2.3.3
bsw, sulfatet 1900 m? kg=!  SW mass extinction coeff. See Sect. 2.3.3
biw, asht 1 x107° m? kg=! LW mass extinction coeff. See Sect. 2.3.3
buw, SOb  0.01 m? kg™' LW mass extinction coeff. See Sect. 2.3.3
brw, sulfatel 29 m? kg=! LW mass extinction coeff. See Sect. 2.3.3
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2.3.2 Sulfate formation

Once injected into the atmosphere, SO, follows an oxidation chain with an end product
of sulfuric acid (HySO,) that condenses with water vapor to form sulfate aerosol particles
(Bekki, 1995). Stratospheric sulfate aerosols have an e-folding removal timescale of one year
(Barnes and Hofmann, 1997), and are responsible for much of the heating that perturbs the
Earth’s energy balance and atmospheric circulation after a stratospheric volcanic eruption
(McCormick et al., 1995; Robock, 2002).

In fully coupled climate models, aerosol heating will be mediated by chemistry, radiation,
and moist subgrid processes. Here, the same heating is rather modeled by a direct, analytic
coupling of SO, to sulfate, in a way inspired by the so-called “toy chemistry” of Lauritzen
et al. (2015), also seen in Toohey et al. (2016). Sulfate will evolve by Eq. (2.6), where the
source term f exactly becomes the SOy sink R(mgoz2). The SOy removal rate kgos is then

interpreted purely as a reaction rate, and the sulfate tendency mass is

aTnsulf

ot

= —ksuit Msuit + ¥ kso2 Mso2 (2.16)

or, in terms of mixing ratio on the computational grid,

OGsuit,ik
% = —ksuif Gsuiti,k + ¥V kso2 ¢soz,ik - (2.17)

Here, the reaction weight v encodes the net production of sulfate per unit mass of SO,. While
v could be a tuning parameter of the model, we can inform a first choice from chemistry.
Since the overall effect of the oxidation sequence yields one aerosol “particle” of sulfate
per molecule of SOy (Bekki, 1995), v will just be the ratio of the sulfate to SO, molar
mass. Though it is known from observation that sulfate particles vary in their composition
across latitude, altitude, and season (Yue et al., 1994), depending on specific humidity and
temperature, we make the simplifying assumption that all sulfate particles are 75% H3SO4 by
mass. The same assumption is made in Bekki (1995) and suggested by observation (Rosen,
1971; Yue et al., 1994). Defining this percentage as facia = 0.75, and the molar masses of
H,SO,4 and SOy as M (H5SO4) and M (SO,), the reaction weighting is

_ M(H3S04)/facia _ 1/0.75 x 98.079 g/mol
T M(SOy) T 64.066 g/mol

=2.04. (2.18)
This choice of v results in a peak sulfate mass of about ~28 Mt occurring approximately

two months after injection, which is consistent with previous modeling efforts by e.g. Bluth

et al. (1997). In that study, however, the authors note that if we assume sulfate production
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to arise directly from SO, depletion, then the inferred sulfate loading does not coincide with
observed 0.55 ym AOD anomalies after Pinatubo. Citing the AOD database of (Sato et al.,
1993), Bluth et al. (1997) show this peak AOD anomaly to occur nearer to nine months than
two months.

For this reason, Toohey et al. (2016) (who also modeled the SOy, — sulfate conversion
directly), decided to address this lag in AOD anomaly by artificially inflating the SO, dissi-
pation parameter to ksoz = 1/180 day~!. This change is said to represent the net timescale
of all processes resulting in increased global mean AOD, beyond just the oxidation chain
producing HySO,4, which may not be fully captured in this idealized description. In this
way, they delay the peak sulfate loading, and thus peak 0.55 ym AOD anomaly, from two
months to six months post-injection. This figure is more consistent with the Pinatubo AOD
anomaly time series constructed by the Chemistry-Climate Model Initiative (CCMI; Eyring
et al. (2013)).

Rather than following these findings of Bluth et al. (1997) and Toohey et al. (2016),
we decide instead to retain the observed value of ksos = 1/25 day~'. This choice causes
the peak AOD anomaly to occur simultaneously with the sulfate loading near month two,
which is consistent with 0.55 um AOD results of the prognostic aerosol implementation of
Brown et al. (2024), as well as observations of 0.6 yum AOD from the Advanced Very High
Resolution Radiometer (AVHRR; Zhao et al. (2013); Heidinger et al. (2014)). We verified
that the difference in peak sulfate mass between our model and Toohey et al. (2016) is

explained fully by the choice of kgos, and not the reaction normalization v.

2.3.3 Aerosol optical depth

A single aerosol species can contribute to extinction of transmitted radiation by absorption
and scattering, the combined effect of which is expressed by a spatially-varying extinction
coefficient (5. (z,y, z). Within a single model column, we will make the parallel plane approx-

imation, i.e. B.(z,y, 2) =~ B.(2z). This coefficient can further be expanded as

Be - bep - be q Patm (219)

where b, is the mass extinction coefficient of the aerosol species, with dimensions of area
per unit mass, p is the tracer mass density, and ¢ is the mixing ratio. Consistent with
Sect. 2.2.3, the extinction properties of each tracer species j will be modeled with respect
to two broadbands: brw will be used for the extinction of longwave (LW) radiation, which

is assumed to be entirely absorption, and bsw will be used for the extinction of shortwave
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(SW) radiation, which is assumed to be entirely scattering:

biw = (be for the longwave band),

bsw = (b. for the shortwave band) .

For a column with a model top at zp, the dimensionless SW AOD 7 at a height =z is

obtained by vertically integrating the shortwave extinction:

Ztop Ztop

T(z) = Be(2') dz' = / bsw q(2') patm(Z') d2’ (2.20)

z

On the model grid, this extinction becomes

Tik = 3 bSW Giks Patmiide Dz (2.21)
k' <k
Qi ke Apip
=) bgw (2.22)
k' <k 9

where the pressure thickness Ap symbolizes the pressure difference between two neighboring
model interface levels that surround the full model level with index £’.

We assume that the indices k and k" decrease toward the model top (as in E3SMv2). We
also define a shorthand for the cumulative SW AOD at the surface as 7; = 7(z = 0). After
summing over k for this case, we have the usual result (Petty, 2006) that each remaining
term is just the total column mass burden M; of the tracer, scaled by the mass extinction

coeflicient bgw and column area aj,

% A % 7 atm,i Mz
T = Z by TRk gp t = Z by Atk ’]mﬂ;'t E = bSW?- (2.23)
k k (] 7
Hereafter, “AOD” will refer specifically to the column-integrated SW AOD defined in Eq.
(2.23).

2.3.4 Radiative forcing

Injected stratospheric aerosols force the Earth system in two primary ways which are (1)
local heating of the stratosphere and (2) remote cooling of the surface. The presence of SO,
and sulfate aerosols in the stratosphere induces a local diabatic heating to the temperature
field by absorption of upward-propagating longwave radiation (Kinne et al., 1992; Brown
et al., 2024) and incoming near-IR solar radiation (Stenchikov et al., 1998). After the 1991

Mt. Pinatubo eruption, this process resulted in a positive temperature anomaly of up to
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~2-4 K peaking near 50-30 hPa (Rieger et al., 2020; Stenchikov et al., 1998; Labitzke and
MecCormick, 1992), driven by a maximum net temperature change at a rate of ~1 K month™*
during the initial period following the injection.

At the same time, increased aerosol optical depths of the vertical column decrease the flux
density of shortwave solar radiation reaching the troposphere. This upper-level scattering of
solar radiation contributed to an observed surface cooling of ~ —0.5 K during the two years
following the eruption of Mt. Pinatubo (Dutton and Christy, 1992; Self et al., 1997; Fyfe
et al., 2013).

We model each of these heating effects by adding new forcing terms to the temperature
field of the HSW atmosphere. Heating is applied in the stratospheric aerosol plume, and the
lowest few model levels are cooled, via the computation of the energy change that results

from the attenuation of the flux densities Ity and Isy.

2.3.4.1 Local heating of the stratosphere

The local warming effect is modeled as an attenuation of upwelling longwave radiation with
flux density I1w defined in Eq. (2.4), computed for each model column via the plane-parallel
Beer-Lambert law. For simplicity, here we neglect the heating contribution from the absorp-
tion of near-infrared solar radiation, which we decided was an unnecessary degree of realism
for this simple model. This omission will be compensated for by tuning the LW absorption
process to the observed heating rates. To begin, the attenuated flux density after transmis-
sion through a particular slab with vertical bounds [zy, z1] is an integral of the extinction [,

such as
21
[(Zo, 21) = [LW exp (—/ Be(z’) dz’) . (224)
20

Here we assume that z; is the lowest extent of the aerosol plume, and there has been no
attenuation between z = 0 and z = 2. In this case, the power per unit area absorbed by
the slab is

Al = [LW - [(Zo, 21). (225)

If we consider another slab located immediately above z1, on [z1, 25], then the incident flux

is no longer Iy, but rather I(z, z1), and the power per unit area absorbed is

AI = I(Zo, 2’1) — ](2’172’2)
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— T exp (— / Be(z’)dz’) {1 ~ exp (- / 54/)@’)] | (2.26)

This form generalizes to an arbitrary slab on [z, z,11] as

Al = ](Zn—b Zn) - I<Zn7 Zn—l—l)

T exp (— / 55(2’)6&«') [1 —exp (— / :<n+1> ﬁe(z’)dz’)] . @27

Discretizing these integrals onto the vertical grid with levels £ and column ¢ yields

il Api ik AD;
ALy, = Iy exp (— 3 biw M) {1 — exp (—bLW M)} , (2.28)
g g

k' >k

where the argument to the leftmost exponent sums over all levels &’ which are below level k.
The effect here is that aerosols lower in the vertical column “shadow” those above, decreasing
the power of incident radiation available for absorption. In this way, the peak of the local
aerosol heating may lie below the actual density peak of the plume.

The absorbed power per unit area is then translated to a heating rate per unit mass s,
and finally to an associated temperature tendency AT, with the assumption that all of the
absorbed radiation is perfectly converted to heat. If the flux densities are given in units of

W m~2, then by dimensional analysis

o= wedie J 2.29

Sik mir  kgs ( )
1 ALy K

— AT, = — =ik 2 (2.30)

Cp Mik S

This temperature tendency is always positive, and will be imposed on the grid cell at (i, k)
for each tracer at each timestep.

We note that while it has been shown that absorption of solar near-infrared radiation
also contributes significantly to the aerosol-induced heating in the stratosphere (Stenchikov
et al., 1998; Robock, 2000)

2.3.4.2 Cooling of the surface

The surface cooling is modeled as an AOD attenuation of incident radiation with flux density
Isw, as defined in Eq. (2.5). We begin with an analogous form to Eq. (2.24), where the
vertical slab on [z, 21] is replaced with the entire vertical column above position z, on

2, Ztop]. The integral term in brackets is then exactly the AOD as given in Eq. (2.20). The
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attenuation is thus

Ztop

I(2) = Isw exp (— ﬁe(z’)dz’) = Iqw e 7. (2.31)

With the notation used in Eq. (2.23), the deficit flux density after attenuation by the aerosol

over the full height of the atmosphere on a single model column 7 is
AL =Igw (e77 —1). (2.32)

That is, a deficit energy density of AI; W m~2 is imposed at the surface. For a model column
at the equator with 7 = 0.2, this form gives Al ~ —100 W m~2, which is roughly consistent
with the observed broadband solar transmission deficits of ~20% at Mauna Loa, Hawaii in
the months following Pinatubo (Self et al. (1997); see their Fig. 9). By AODs of 7 &~ 4, the
shortwave attenuation saturates (all available incident radiation has scattered).

The attenuation is next translated to a cooling rate per unit mass s, and an associated
temperature tendency AT. Since the HSW atmosphere simulates no land-atmosphere cou-
pling processes, we employ a very simple representation of the conduction and convection
that would, in reality, be responsible for communicating an energy deficit at the ground to
the atmospheric surface layer. We imagine that all of the energy lost over the column heats
the planetary surface, which in turn transfers heat to the atmosphere by a function F' with

some efficiency (:

The heat transfer “efficiency” ( should be considered a catch-all for any surface-atmosphere
coupling effects which we do not model, and is treated as a tuning parameter for the mag-
nitude of atmospheric surface cooling (see Sect. 2.3.5). As in the local heating treatment of

the previous section, the function F' can be obtained by dimensional analysis:

P e 2.34

Sk Cmi kg s ( )
1 wAL K

— ATy, = (— 227 2 (2.35)
cp m; s

where m; is the mass of air in the lowest x model levels of column i over which the cooling

is to be applied. If we apply the cooling only to the lowest model level with kK = K, then
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and otherwise (
—(k—1
> mig (2.37)
k=K

In this way, the net cooling (total energy loss over unit time) is conserved as the parameter
k is increased, and the cooling per unit mass is “diluted”. The choice of k will effectively
encode whatever missing physical mechanisms would otherwise communicate the cooling
higher into the vertical column. For x > 1, AT} is a 3D quantity, while Al; and 7; are
always 2D quantities. In Table 2.1, rather than setting x directly we set (5~z, or the height
above the surface in meters where the cooling should be applied, from which x is inferred,

given the vertical discretizaiton.

2.3.4.3 Generalization to mixtures of tracer species

When multiple tracer species j are present (SO,, ash, sulfate), the total radiative heating
is not derived from a simple sum of the AT solutions found over the proceeding sections.

Rather, it is the total extinction which is determined by additive extinction coefficients,
= Zﬁe’j = wa’m]’. (238)
J J
In this case, the total AOD of Eq. (2.23) becomes

Zzb quk sz stw,g

= ZTJ, (2.39)

a;

For the total longwave heating, the expression is somewhat more complicated. Equation
(2.28) becomes

i A i,k i A i
Afi’k = Iwexp < Z Z QJ, ! APi k > [1 — exp (_ ZMW,j%#)] ) (2'40)
i K>k J

Here, each grid cell has an incident flux density that has already been attenuated by all
species j underneath it, and so the total attenuation is not simply a sum of j separate

evaluations of AJ.

2.3.5 Model summary & parameter tuning

Figure 2.3 provides a summary of the important equations developed in the previous sub-

sections, and Table 2.1 gives the chosen parameter values. Some parameter values are taken
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directly from observations or previous works in the literature, while others are derived quan-
tities. Five parameters are tuning parameters, including the longwave mass extinction co-
efficients for SO,, sulfate, and ash, the maximum height of forced surface cooling, and the

surface heat transfer efficiency.

Tracer tendencies SW radiative and optical
Oq: i p . properties
752, ,n: —If . Izn—JV
ot Apika; { S S Ve Tsw =1 W 2.5
(2.14) sw = locos¢ —5 (2.5)
a sulf,i.k,n P = b 'Mj’i 2.39
q(;% = —Ksuit@sultik,n + WES02G502,i k.m 5 ZJ R AW ( )
(2.17) Al = Isw (e —1) — (232)
1 (2 —p)? wAL ]
Vi(z) = —— 2.15 o=t ,
(2) eXp( 2 (1.5 km)?2 (2.15) Sik =0 el g s (2.34)
LW radiative and optical properties
Iiw = o [315K — (60K) sin® ¢] (2.4)
N A
A]@k = Irwexp <— Zj Zk’>k bLW,jW) [1 —exp (_ Zj bLW,j%)
(2.40)
Sik = —— k”“ r (2.29)

Figure 2.3: Summary of the important model equations controlling the tracer injection and
removal, and radiative and optical properties for the tracers in shortwave and longwave
broadbands. See equation numbers in the text for explanations. The SW and LW equations
are written for a mixture of tracer species j at a fixed timestep n. Values for the parameters
are given in Table 2.1.

The longwave attenuation mechanism of the model is tuned to produce realistic strato-
spheric heating rates by sulfate aerosols. The mass extinction coefficient by for sulfate is
instrumental in tuning the long-term mean temperature anomalies. We note that while we
refer to this heating mechanism specifically as a “longwave attenuation”, the tuning process
implicitly accounts for heating contributions from the near-infrared radiation as well (see Ap-
pendix A.3.3). Not as obvious is the importance of bry for the very short-lived ash tracer.
Though radiative forcing by ash does not directly contribute to the eventual stratospheric

temperature anomalies, it does control the mechanism by which the aerosols are delivered
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to the lower stratosphere (Stenchikov et al., 2021). The lofting speed of the dense, fresh
plume will be controlled by the aggressive heating of ash, which is the dominant component
of the initial injection. As such, the mass extinction coefficient for ash serves as the main
tuning parameter which controls the settling height of the aged aerosols. Meanwhile, SO,
participates both in the initial lofting of the plume, as well as the short-term temperature
anomalies for the first couple months. This behavior by SOs creates some degeneracy in the
longwave extinction tuning parameters which could be avoided with a slight modification;
see Appendix A.3.4 for a discussion.

The shortwave mass extinction coefficients bgw do not play the same role in tuning the
surface cooling. Instead, we simply constrain bsw of each species to yield an AOD represen-
tative of post-Pinatubo zonal-mean observations. During the months and years following the
eruption, these values peaked near 0.2-0.5 (Toohey et al., 2016; Mills et al., 2016; Stenchikov
et al., 2021; Dutton and Christy, 1992; Stenchikov et al., 1998). Tuning the magnitude of
surface cooling is then passed on to the efficiency parameter (.

A description of the actual tuning process, as well as recommendations for tuning the
model on different simulation grids and varying aerosol injection scenarios can be found in
Appendix A.3.

2.4 Implementation in E3SMv2

2.4.1 Ensemble generation

We explored two different ensemble generation strategies, which we are characterized by
a “high variability” (HV), or a “limited variability” (LV) set of initial conditions. Both
strategies appear in the literature, though not often explicitly named and compared.

In the HV strategy, ensemble member initial conditions are sampled from a base run of the
HSW climate (described in Sect. 2.2) at an interval which produces independent atmospheric
states. The choice of this time interval is unique to the model configuration. In making
this determination, we follow the methodology of Gerber et al. (2008). In short, an index
measuring the dynamical process which sets the upper-bound on low-frequency variability
in the model is defined, and the time that it takes for the autocorrelation of this index to
vanish is found. At that time, we consider the initial condition to have been “forgotten”. For
the HSW forcing, no seasonal cycle or ocean process are imposed, and so the upper-bound
variability timescale is set by positional variations of the extratropical jets, encoded as the
annular mode index (defined in Gerber et al. (2008)).

For a standard HS94 forcing on a ~1-degree pseudospectral grid, Gerber et al. (2008)
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showed the annular mode index autocorrelation to vanish by day 90-100. Lower resolution
grids had progressively longer timescales. We found that this autocorrelation was ~0.1 by
day 90 for the HSW atmosphere on the nel6pg2 grid in E3SMv2, thereafter only slowly
converging to zero by day ~250. Compromising on these diminishing returns for efficiency;,
our HV ensembles are generated by sampling initial states from a base run every 90 days.

Volcanic injections can then begin at any point in the individual member integrations.

—— ens01 —— ens03 ens05
(a) HV AOD day 8 —:- ens02 —-- ens04 A injection location LV AOD, day 8 (b)
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Figure 2.4: (a) AOD 0.5 contours for five HV ensemble members at eight-days post-injection.
Each ensemble member is given a unique color, and their line styles alternate for visual clarity.
(b) Identical to panel (a), but for five LV ensemble members. (c¢) Zonal-mean zonal wind
averaged over a tropical region bracketing the injection site, from 5°S to 30°N, at 50 hPa,
for the HV ensemble. A bold black line shows the ensemble mean. Dark and light blue
shading show one and two standard deviations, respectively. A black vertical dashed line
shows the time of injection (day 180). (d) Identical to panel (c), but for the LV ensemble,
with injection at day 75.

In the LV strategy, all ensemble members are initialized with an identical state, which is
subjected to a random gridpoint-level temperature perturbation of 1 x 10~* K. We then wait
some amount of time before enabling the volcanic injections. During this pre-injection period,
the members will diverge from one another as dynamical feedbacks seeded by the initial
temperature perturbations grow. In our experiments, waiting 75 days produced ensemble
member background states that are more qualitatively similar in their zonally-averaged flow,

but exhibit synoptic-scale variations.
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Note that the two timescales quoted above in the generation of the HV and LV ensembles
are distinct, and should not be confused. In the former case, the initial conditions lie 90
days apart from one another, while in the latter case, the perturbed initial conditions evolve
together, though slowly diverge, for a period of 75 days.

With enough members, the HV ensemble mean will show the average atmospheric response
to our volcanic forcing independent of the background state. Meanwhile, an LV ensemble
mean will show the robust response to a particular state, at least for the initial plume
evolution. Eventually, the LV members will diverge, and will be statistically similar to
the HV ensemble once the aerosol distribution approaches zonal symmetry. Thus, an LV
ensemble is perhaps most interesting to studies of this early phase.

Figure 2.4 shows a snapshot of a five-member volcanic injection ensemble at eight-days
post-injection for the HV and LV ensemble generation strategies. The differences seen here
are principally due to the fact that the HV ensemble samples strongly varying states of the
northern polar jet, while the bulk aerosol transport of the plumes of the LV ensemble follow
each other more closely. Also shown are time histories of the averaged zonal-mean zonal
wind within 20 degrees in latitude of the eruption site (from 5°S to 35°N), at 50 hPa for
all ensemble members, demonstrating the difference between the background HV and LV
states.

Figure 2.5 displays the zonal-mean of the initial conditions for temperature and zonal
wind for ensemble members ens01, ens03, and ens05 for the HV case. These states show
the qualitative spread in independent states sampled from an evolving HSW atmosphere,
the most notable differences being the balance between (or collapse of) the polar jets, and
the strength of the stratospheric equatorial easterlies. Note that the zero-contour rises
steeply from the tropical to midlatitude region, and thus the initial transport of a plume
for a fixed height will vary strongly with latitude, and will also be particularly sensitive
to movements of the jet stream. The combination of the chosen initial condition and the
parameter configuration given in Table 2.1 results in the lower-tail of the initial injection
distributions catching westerlies, while most of the mass enters the stratosphere and travels
East. Note that all of the initial conditions for the LV case were based on perturbations of
the HV ensemble member “ens05” (Fig. 2.5 panel (c)).

For the purposes of the present work, the model results of Sect. 2.4.2 are shown only for
a HV ensemble. We encourage future studies using this model to present their ensemble

generation methods in these terms.
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2.4.2 Results

We ran a five-member HV ensemble (Sect. 2.4.1) of E3SMv2 simulations subject to the
modified idealized HSW physics (Sect. 2.2, Appendix A.1). A volcanic injection of SO, and
ash (Sect. 2.3) occurs at day 180, with the parameter configuration of Table 2.1. Figure 2.6
shows the transport of the SO, and sulfate aerosol plumes at the 45 hPa model level for days
10, 20, 40, and 80 for the single ensemble member “ens01”. At this altitude, the dominant
transport is driven by the easterly winds of the tropical stratosphere (see Fig. 2.1). By day
20 the plume has circled the globe, and by day 40 the plume has reached the northern pole.
Also during this time, both SO, and sulfate concentrations have risen for this fixed vertical
level. For SO, this effect is purely driven by vertical transport (our model contains no
gravitational settling of any tracer species, and so all species will dynamically loft as long
as heating is present), while for sulfate, this effect is a combination of transport and actual
aerosol production. By day 80, the tracer distributions are well-mixed in the tropical and
midlatitude regions, and increasingly more SO, has been converted to sulfate.

Figure 2.7 provides a detailed view of the ash plume evolution over the first 20 days of
the simulation. Panel (a) shows the zonal-mean ash mixing ratios as a function of time and
pressure, averaged over a 20° band centered on the injection in latitude, from 5°S to 35°N.
By day 12, the zonal-mean ash mixing ratios in this region have dissipated below 1072, Also
shown for reference is the growing sulfate plume, which is just starting to be produced by

SO, conversion. Panel (b) shows the total amount of ash removed from the stratosphere
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Figure 2.5: Zonal-mean of the initial condition for ensemble members ens01, ens03, and
ens05 for the HV ensemble (corresponding to the solid-line AOD distributions of Fig. 2.4).
Temperature is shown on the color scale with intervals of 15 K, and zonal wind in black
contours with intervals of 15 m s™!. The zero m s~! contour in zonal wind is shown in bold,
and negative contours are dashed.
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Figure 2.6: SO, (top row) and sulfate aerosol (bottom row) mixing ratios in (kg tracer)(kg
dry air)~! for a single ensemble member at the 45.67 hPa model level, displayed with a
logarithmic scale. Columns from left-to-right correspond to 10, 20, 40, and 80 days post-
injection. The data is plotted on a Lambert azimuthal equal-area projection extending from
the north pole to 60°S, where continental landmasses are shown only for spatial reference
(our model features no topography or land processes). A 30°x30° grid is drawn in dashed
lines, with the equator in bold dash. The injection location is marked with a black triangle.

over the same time period, in g m~2.

That is, we are plotting the cumulative sum of the
removal function R(masn) (Eq. (2.7)) over all grid cells above 100 hPa, from days 180 through
200. Our model does not actually implement gravitational settling of ash, though our simple
removal process can be thought of as an accumulated “fallout”. Thus, this distribution shows
both the extent and history of the ash plume after 20 days.

Figure 2.8 displays the evolution of the zonal-mean AOD as a function of latitude and
time, as well as the imposed radiative cooling rate at the surface in (K day™') by SW
extinction. The AOD peaks at 0.3 near 15°N after one month, and by day 90 post-injection,
zonal-mean optical depths of 0.1 reach the northern pole. Figure 2.9 shows the zonal-mean
distribution of sulfate, and the local stratospheric heating rate by LW absorption, as a 30-
day time average over days 60 through 90 post-injection. The aerosol density and heating
rates coincide with one another in the tropics, while at higher latitudes, the heating rate
distribution develops strong meridional gradients that the sulfate mixing ratio does not.
These gradients are an imprint of the LW radiation profile of Fig. 2.2, which is minimized
at the poles.

Several features of the HSW general circulation are exhibited in Figs. 2.8,2.9. A realistic

tropopause is formed by the inversion of the equilibrium temperature 7., near 130 hPa in
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Figure 2.7: Evolution of the ash plume. (a) The zonal-mean, ensemble-mean logarithmic
ash mixing ratios, averaged over all latitudes within 20° of the injection (from 5°S to 35°N).
A dashed blue line shows the rising center of mass of the ash, and solid red contours show
sulfate mixing ratios in intervals of 3 x 10%. The eruption occurs at day 180. (b) The
cumulative sum of removed (“fallout”) stratospheric ash R(m,s,) over days 0 through 20
post-injection, and all grid cells above 100 hPa, for a single ensemble member. Values are
logarithmically-scaled densities in g m=2. A red triangle marks the position of the volcanic
injection. Continental landmasses are shown only for spatial reference (our model features
no topography or land processes).

the tropics. At the same time, the shape of T, at the lowest model levels mimics unequal
solar insolation of the surface, driving convection in the tropical troposphere. Together,
these effects give rise to upper-level divergence at the tropical tropopause, and subsidence
in the subtropics. The resulting Hadley cell can be seen in the sulfate distribution tail
descending to the surface south of 30°N. The meridional transport of the zonally-averaged
tracer distribution, however, appears not to be hemispherically symmetric, with most of the
aerosol population remaining in the northern hemisphere.

For the Mt. Pinatubo eruption, relative hemispheric symmetry of the AOD and temper-

37



time [days]
180 195 210 225 240 255 270

—_
(0]

~
O
o

—— cooling rate [K day~'] -0.1—

[«2]
o
1

latitude
w
o

-1.0

latitude
o
&
log10(AOD)

—30 A

T
N
o

—60 -

-90 T T | — T T T T
100 200 300 400 500 600 700 800 900 1000

time [days]

Figure 2.8: (a) Zonal-mean AOD in the latitude-time plane for the first 90 days post-
injection. Overplotted is the cooling rate imposed on the lowest model level by shortwave
extinction every 0.15 K day ! in solid red contours. (b) Logarithmic zonal-mean AOD over
1000 days. The 0.1 and 0.001 AOD lines are in bold. Cooling rates are not overplotted in
this panel. A faint dotted line shows the equator, and a black triangle shows the time and
latitude of the injection.

ature signal is established much more rapidly both in observations (Stenchikov et al., 1998;
Mills et al., 2016), and in more realistic models (Mills et al., 2016; Stenchikov et al., 2021;
Ramachandran et al., 2000; Karpechko et al., 2010; Brown et al., 2024). This hemispheric
symmetry is imposed because, in reality, the mean meridional circulation is characterized
during solstice months by a strong winter hemisphere Hadley cell, a relatively weak cell
in the summer hemisphere, and a convergence zone north of the equator (Schneider et al.,
2014), driven by the seasonal cycle (Schneider, 2006), as well as asymmetry in the northern
and southern land-sea distribution (Cook, 2003). During the northern hemisphere summer
of July 1991, the upper-level diverging branch of the southern cell would have readily facili-
tated cross-equatorial transport of lower-stratospheric aerosols (Hoskins et al., 2020). All of
these features are absent from our axisymmetric model, where any air masses in the upper
troposphere or above will essentially always diverge from the equator. To see this flow fea-

ture, the HSW Hadley cells are visualized via the Stokes streamfunction ¥ (¢, p) in Fig. 2.9.
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Figure 2.9: 30-day time average over days 60-90 post-injection of the logarithmic zonal-mean
sulfate mixing ratio in (kg tracer)(kg dry air)~'. Also plotted in solid dark blue contours is
the local stratospheric heating rate by longwave absorption in (K day~!), with logarithmic
intervals between contours 0.001, 0.01, and 0.1, and a final contour drawn at 0.2. Cyan
contours show the Stokes streamfunction (Eq. (2.41)) with intervals of 3 x 10! kg s
Negative (positive) contours are dashed (solid), and the zero line is dotted. A thick gray
line shows the tropopause. Height axis is obtained from the model’s diagnostic geopotential
height.

Following previous studies (Oort and Yienger, 1996; Cook, 2003; Pikovnik et al., 2022), the

1 function is defined by a vertical integration of the zonally-averaged meridional wind v as

$(6,p) = y /0 5(6,p)dp (2.41)

where a symbolizes the Earth’s radius. At a position in pressure and latitude, 1 gives the
mean meridional mass transport over the entire stratospheric column above. Thus, positive
(negative) peaks in the streamfunction distribution indicate clockwise (counterclockwise)
circulation in the zonal average. The HSW streamfunction is anti-symmetric about the
equator, more closely resembling an equinox state in nature.

These conclusions about the mean tropospheric circulation can be expressed more gener-
ically for the stratospheric mass transport by way of a transformed Eulerian mean (TEM)
analysis. Following the specific TEM framework presented in Gerber and Manzini (2016)

based on Andrews et al. (1987), we computed residual velocities in the meridional plane for
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the HSW atmosphere with no volcanic injections. The five-year average state of the residual
velocities between 100 hPa and the the model top near 0.1 hPa are presented in Appendix
A.2. This residual circulation is essentially the HSW analog of the Brewer-Dobson circula-
tion (BDC), which describes the global mass circulation through the stratosphere (see e.g.
Butchart (2014) for a detailed review). Figure A.2 shows two symmetric overturning circu-
lation features from equator to pole in each hemisphere, characterized by tropical upwelling,
a midlatitude surf zone, and polar subsidence. This symmetry is markedly different from
the average residual circulation of the northern-hemisphere summer in nature, which sees a
single southward pole-to-pole mass transport in the stratosphere (Butchart, 2014). Thus,
the volcanic aerosol distribution as manifest in HSW-V remains primarily in the northern
hemisphere, unlike the historical Mt. Pinatubo event. This circulation pattern is much more
reminiscent of the equinox condition of the BDC. Specifically, the streamfunction presented
in Fig. A.2 is in good qualitative agreement with the the observed residual streamfunction
during the Spring of 1992 following the historical Mt. Pinatubo eruption (Eluszkiewicz et al.,
1996). Similarly, the meridional and vertical residual velocities are in qualitative agreement
with those derived from the multi-reanalysis mean presented in Abalos et al. (2021) and
reanalysis Springtime means as in Fujiwara et al. (2022) (their Chapter 11). We note that if
a solstice condition is desired in the global circulation for future studies with this model, it
would be straightforward to replace the HSW equilibrium temperature T, with a different
one designed for that purpose, as in Polvani and Kushner (2002).

Finally, we quantify impacts by the volcanic aerosol forcing on the atmospheric state
by atmospheric variable anomalies. Anomalies are defined as a the gridpoint-level arith-
metic difference between a particular run (or ensemble mean), and the time-average of a
volcanically-quiescent reference simulation. For this reference run, we use a 10-year run of
the spun-up HSW atmosphere with no volcanic forcing, which is shown in Fig. 2.1, panel
(b). Figure 2.10 shows the resulting ensemble-mean global-mean temperature anomaly as
a function of pressure for 1000 days. The temperature anomaly peaks near 2 K at day 120
post-eruption in the stratosphere near 50 hPa, while the surface (lowest model level) anomaly
peaks near —1 K. Notice that the surface temperature anomalies exhibit much more noise
than those in the stratosphere. In particular, we found that the stratospheric temperature
anomaly is positive for any single ensemble members, whereas the negative surface cool-
ing anomaly is often significant (non-zero to at least one standard deviation) only in the
ensemble mean.

Also shown in Fig. 2.10 are the total (globally-integrated) tracer mass time series for
SO, and sulfate, as well as the vertical center-of-mass (COM) of the tropical stratospheric

component of the sulfate distribution. The latter is simply defined as a subset of sulfate
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Figure 2.10: (a) Ensemble mean temperature anomalies with respect to a volcanically qui-
escent reference period of 10 years, averaged at each model level over all longitudes, and all
latitudes within 20° of the injection (from 5°S to 35°N). Contour intervals are drawn every
0.2 K. Height axis is obtained from the model’s diagnostic geopotential height. Black triangle
shows the height of the initial mass injection distribution peak, and time of the eruption at
180 days. A dashed black line shows the center of mass of the volcanic sulfate distribution.
(b) The temperature anomaly data shown in panel (a), chosen for certain pressure levels,
including the surface (1000 hPa). Shading for each curve shows the standard deviation of the
ensemble members. (c) The globally-integrated tracer mass time series for SO, and sulfate.

which remains above the peak of the vertical injection profile at 14 km or ~130 hPa, and
within 20° of the injection in latitude, from 5°S to 35°N. This sulfate subset is the component
of the plume most sensitive to radiative heating, and thus largely responsible for the global

mean stratospheric temperature anomaly (see Fig. 2.9).
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2.4.3 Computational expense

Activating our scheme in E3SMv2 involves minimal computational overhead. We observed
that a nel6pg2 HSW simulation with the volcanic parameterizations turned off runs at 175
simulated model years per wallclock day (SYPD) executing on 384 processes (16 physics
columns per process) on the Perlmutter supercomputer at the National Energy Research
Scientific Computing Center (NERSC). This is equivalent to 52.6 core-hours (or process-
element hours) per simulated year, or “pe-hrs/yr”. With the same specifications, turning
on the volcanic parameterizations reduces the throughput to 58.7 pe-hrs/yr, a decrease of
~10%.

This performance is in contrast to expensive prognostic aerosol implementations in cou-
pled climate models, which often involve modal aerosol size distributions, more detailed ra-
diative bands, and where aerosol interactions involve an inventory of other chemical species
which also must be transported. For comparison, Brown et al. (2024) found 5395 pe-hrs/yr
executing their prognostic stratospheric aerosol implementation on the higher-resolution
ne30pg2 grid in a nudged atmosphere-only configuration of E3SMv2 on the Cheyenne ma-
chine at the National Center for Atmospheric Research (NCAR). For a fully-coupled con-
figuration of E3SMv2, Brown et al. (2024) found 9898 pe-hrs/yr, also on the ne30pg2 grid.
Assuming that increasing the resolution from nel6pg2 to ne30pg2 involves a reduction in
pe-hrs/yr by a factor of eight our model is ~11 times faster and ~21 times faster than
atmosphere-only and fully-coupled E3SMv2 simulations, respectively. The assumed factor
of eight comes from the fact that when reducing both horizontal dimensions by a factor of

two, the timestep must also be halved according to the CFL condition of the dynamical core.

2.5 Conclusions

The injection, evolution, and forcing described in this chapter constitutes an idealized prog-
nostic simulation of volcanic aerosol emission and impact development. Previously, it has
not been possible to include volcanic forcing routines in such a simple environment, as they
inherently depend upon a complex library of physical subgrid parameterizations. To our
knowledge, there is no other option for simulating sulfur forcing with a prognostic aerosol
treatment in a Held-Suarez-based atmosphere.

This idealized prognostic simulation has isolated the volcanic event from other sources of
variability, and established a direct relationship between forcing (SO emission) and down-
stream impact (stratospheric and surface temperature anomalies). Delivering these features

as a computationally affordable capability facilitates the development of new multi-step data
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analytic techniques designed to improve downstream attribution. This simulation has been
used in the development of explainable AI techniques which measure the importance of input
variables on the prediction of downstream temperature (McClernon et al., 2024). In the near
future, we anticipate its broader utility in developing other multi-step attribution methods
and in capitalizing on the development of the LV ensemble formulation to establish robust
responses to a particular atmospheric state.

This work is a new addition to an idealized AGCM model hierarchy that can be used to
study phenomena in isolation. Examples of this model hierarchy include Sheshadri et al.
(2015) and Hughes and Jablonowski (2023) who studied the effects of topography on the
atmospheric flow, or Polvani and Kushner (2002) and Gerber and Polvani (2009) who as-
sessed polar jets and hemispheric asymmetry. Other idealized configurations focus on simple
moist flows with moisture feedbacks (Frierson et al., 2006; Thatcher and Jablonowski, 2016),
tropical cyclones (Reed and Jablonowski, 2012), tracer-based cloud microphysics (Frazer
and Ming, 2022; Ming and Held, 2018), age-of-air tracers (Gupta et al., 2020), the Madden-
Julian oscillation (MacDonald and Ming, 2022), or climate-change forcing (Butler et al.,
2010). In addition, this work builds upon previous idealizations of volcanism using sim-
pler prescribed forcing approaches. This includes Toohey et al. (2016) who provide a set
of zonally-symmetric volcanic aerosol optical properties tuned to observational data, and
DallaSanta et al. (2019) who subjected a set of atmospheric models of increasing complexity
to a prescribed aerosol forcing in the form of controlled solar dimming, and steady, zonally
uniform lower-stratospheric temperature tendencies.

We illustrated that our implementation can be used to mimic the spatio-temporal temper-
ature anomaly signatures of large volcanic eruptions, and presented one specific parameter
tuning that gives rise to a Pinatubo-like event. Our design intentionally leaves out many de-
tails which we felt would increase physical complexity, without being necessary for producing
realistic atmospheric impacts for attribution studies (e.g. gravitational settling of aerosols).
Nevertheless, the formulation remains flexible to modifications. Our parameterizations can::
be tuned toward eruption scenarios other than the 1991 Mt. Pinatubo event. They can also
could support any number of co-injected tracer species, concurrence of multiple eruptions,
and injections at any latitude and height. In fact, the description is generic enough that
by replacing the vertical and/or temporal injection profiles, we could imagine simulating
the aerosol direct-effect of various localized emission events of the troposphere (e.g. wildfire
smoke) or the stratosphere (e.g. geoengineering SAI experiments) in an idealized model

configuration.
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CHAPTER III

Volcanic Modification of the Stratospheric

Circulation: Wave-Mean Flow Interaction

Abstract

Following large tropical volcanic eruptions, westerly zonal wind accelerations have been ob-
served in the winter hemisphere polar vortex region. This same wind response has been
reproduced in some (but not all) simulated eruption studies. As the primary effect of vol-
canic aerosols is to heat the tropical stratosphere, the midlatitude zonal wind response is
often explained as thermal wind effect. Several previous studies have shown that this ex-
planation is insufficient in understanding the relative significance of the aerosol direct effect,
and indirect dynamical feedbacks. In this work, we use a Transformed Eulerian Mean (TEM)
framework to identify the dynamical origins of stratospheric zonal wind anomalies following
the simulated 1991 eruption of Mt. Pinatubo. We employ a paired set of volcanic and
non-volcanic 15-member ensembles from the Exascale Energy Earth System Model version 2
(E3SMv2) to identify the isolated volcanic impact. A TEM decomposition of the net zonal
wind forcing is then used to close the differenced momentum budget between the two ensem-
bles. Zonal wind accelerations near 30-40°N and 3-30 hPa are identified with significance
in the Northern Hemisphere (NH) during both the summer and winter. We find that there
are distinct dynamical drivers of these accelerations in each season. In the summertime, the
response is primarily governed by an accelerated meridional residual circulation, and thus
an associated Coriolis force on the poleward circulation component. In the wintertime, the
response is eddy-driven, where a equatorward deflection of planetary waves was robustly
identified near 30°N and 30 hPa, acting to reduce wave drag in the region of the westerly
anomaly aloft. We additionally identified that a deficit of wave forcing in the tropical strato-
sphere dampens the amplitude of the quasi-biennial oscillation (QBO) for at least two years

following the eruption.
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3.1 Introduction

On seasonal to interannual timescales, the mean-flow of the stratosphere exhibits a remark-
able diversity of states. The most important modes of stratospheric variability, such as the
dramatic development and deterioration of the winter-time polar jets, the oscillation of trop-
ical zonal winds, and the seasonal reversal of the mean-meridional circulation of mass, are
highly consequential on the general circulation of the atmosphere (Butchart, 2022). These
phenomena also exert influence on conditions near the surface by stratosphere-troposphere
coupling, affecting tropospheric weather predictability (Boville and Baumhefner, 1990; Bald-
win and Dunkerton, 2001; Scaife et al., 2022).

Much of observed stratospheric variability arises from an internal, dynamical origin. At
the same time, there are significant drivers of variability due to sources exogenous to the
Earth system, which act to alter the stratosphere’s structure and chemical composition.
In addition to the anthropogenic depletion and recovery of ozone, one of the most signifi-
cant natural sources of external forcing on the stratosphere are volcanic eruptions (Schurer
et al., 2013). Very large eruptions expel enormous quantities of sulfur dioxide (SOs) into the
free atmosphere, which oxidize to form a long-living population of sulfate aerosols (Bekki,
1995). Once a volcanic aerosol plume is delivered to the upper stratosphere by its own self-
lofting (Stenchikov et al., 2021) and the tropical pipe (Kremser et al., 2016), it gradually
becomes globally-distributed via the Brewer-Dobson Circulation (BDC; Butchart (2014)).
Detectable stratospheric aerosol concentrations will then persist for years. Meanwhile, ab-
sorption of longwave radiation by sulfate aerosols drives an increase of tropical stratospheric
temperatures, establishing an enhanced equator-to-pole temperature gradient.

Volcanic aerosol-induced temperature perturbations of this nature must give rise to subse-
quent perturbations in wind—and thus the zonal-mean stratospheric circulation as a whole—
such that adiabatic cooling approximately balances diabatic heating in the tropics, and
midlatitude thermal-wind balance is maintained at low Rossby number. While the major
modes of stratospheric variability such as the quasi-biennial oscillation (QBO) and the arc-
tic/antarctic oscillations (AO/AAO) and their governing mechanisms are well-described in
the literature, their quantitative details are controlled by highly nonlinear combinations of
forcing terms. Thus, from a theory standpoint, it is difficult to ever know a priori how they
will respond to a transient source of external forcing, such as radiative heating by volcanic
aerosols.

Studies of volcanically-driven changes to the stratospheric circulation typically focus on
either the average response to an ensemble of eruptions, or to singular volcanic events in the

historical record. Particular attention has been paid to the 1991 eruption of Mt. Pinatubo
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in the Philippines, which released 15-20 Tg of SO,, and induced middle-stratosphere tem-
perature anomalies of a few Kelvin for several years following the event (Self et al., 1997;
McCormick et al., 1995). Early observational analyses by Kodera (1994) and Graf et al.
(1994) identified a strengthening of the Northern Hemisphere (NH) polar vortex during bo-
real winter of 1991-1992, despite presence of EI-Nin6 conditions (otherwise associated with
a weakened vortex). This vortex-strengthening effect is correlated to an enhanced AO (see
e.g. Baldwin and Dunkerton (1999)), which itself has been observed by an empirical orthog-
onal function (EOF) analysis of sea-level pressure data following 13 major volcanic eruptions
between 1873 and 2000 (Christiansen, 2008).

Accordingly, positive polar vortex anomalies, and an excitement of the positive AO more
generally, are often used as a qualitative benchmark of a climate model’s volcanic response.
Barnes et al. (2016) used an average of 13 separate model simulations contributed to the
Fifth Coupled Model Intercomparison Project (CMIP5; Taylor et al. (2012)), and found a
statistically significant strengthening of the polar vortex in austral (boreal) winter of 1991
(1992), accompanied by poleward shifts of the tropospheric jet stream in both hemispheres
until February of 1992, suggesting an enhanced AO and AAQO. This same result has been
found in some additional Pinatubo model studies (Stenchikov et al., 2002; Karpechko et al.,
2010; Bittner et al., 2016), but has also been weaker or missing from others (Stenchikov
et al., 2006; Driscoll et al., 2012; Toohey et al., 2014; Polvani et al., 2019).

The absence of a robust vortex enhancement is not necessarily indicative of a model’s
inability to capture the mechanisms which govern that response in nature. Rather, previous
studies (Stenchikov et al., 2002, 2006; Toohey et al., 2014) emphasize that this apparent
failure is often just a sampling problem; variability of the polar vortex (and thus the AO)
is indeed a function of the volcanic forcing structure, but also of internal variability and
feedbacks. In the midlatitudes, these effects are comparable in magnitude, and so an ensem-
ble of numerical experiments will not be guaranteed to match any single realization. The
conclusion is that in some cases, either a large ensemble size or a very large volcanic eruption
may be required for a significant response to be observed. This idea is supported by the
robust vortex enhancements simulated in the 700 Tg experiments of Toohey et al. (2011).
Likewise, Bittner et al. (2016) found a robust positive vortex response for a 55 Tg eruption,
but a weak response and large inter-ensemble spread for a Pinatubo-like eruption with an
otherwise comparable experimental setup.

In the tropics, there have also been comparisons between model responses and post-
Pinatubo observations. Kinne et al. (1992) reported an increase in observed tropical up-
welling, which modifies the vertical wind structure, and by mass continuity, is associated

with an accelerated BDC. This effect was previously suggested as early as Dunkerton (1983),
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and has since been observed in simulated environments (DallaSanta et al., 2021; Brown et al.,
2023), where the consequences of this upwelling on the QBO were studied.

Overall, while some consensus has developed around the qualitative circulation response
to volcanic forcing, the causes for differences in the quantitative details between models often
remain uncertain. From a process-level point of view, however, we may still be interested
in asking: What are the dynamical mechanisms which give rise to a particular post-volcanic
state, in a particular model?

An instinctive answer to this question is that the zonal wind must remain in balance
with the aerosol-induced temperature perturbations, and thus the enhanced equator-to-pole
temperature gradient drives accelerated winds from the subtropics to the midlatitudes. This
is the well-known “thermal wind balance” hypothesis, which has been shown to be insufficient
by several authors (Toohey et al., 2014; Bittner et al., 2016; DallaSanta et al., 2019). While
it is true that the post-eruption atmosphere must indeed be in thermal wind balance at low
Rossby number, it is also not the case that the net temperature response is solely aerosol-
induced. Rather, the net temperature response is a result of aerosol-driven heating, and the
nonlinear feedbacks that follow.

The idealized model hierarchy studies of DallaSanta et al. (2019) clearly demonstrated
that a zonal-wind field artificially constrained to respond only to the aerosol-induced tem-
perature adjustment is unable to produce accelerations of the NH vortex, shifts of the tro-
pospheric jets, or other features associated with an enhanced AO. Among several factors
tested, they show that three-dimensional eddy-driven feedbacks are crucial to establishing
the expected zonal-wind response patterns, and thus the balance between temperature and
an accelerated extratropical vortex region is only known a posteriori.

In an effort to clarify precisely how midlatitude eddies mediate the volcanic response,
Bittner et al. (2016) ran a 20-member ensemble of eruption experiments, and analyzed
the differences in planetary wave propagation with respect to volcanically-quiescent control
runs. They found that the first-order response to the tropical temperature perturbations
is an enhancement of westerlies not in the vortex region, but at lower latitudes, near 30°N
and 10 hPa. This amounts to a change in the background condition for wave propagation,
causing an anomalous equatorward deflection of planetary waves, and thus hampered wave
dissipation in the vortex region aloft and poleward. The net result was increased vortex
wind speeds during boreal winter following the volcanic event. This effect was observed with
weak significance for a Pinatubo-sized eruption, but was shown decisively for an eruption of
about 55 Tg SO,.

In a similar experiment by Toohey et al. (2014) using a 16-member ensemble of Pinatubo

simulations, it was likewise found that enhanced wave drag occurs near 30°N and 10 hPa
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during boreal winter of 1991-1992, though this did not manifest in a statistically-significant
vortex enhancement. The authors further relate the modified large-scale wave activity to
balanced changes in the residual meridional circulation, which suggests an acceleration of
the BDC.

Incidentally, this observation immediately implies the observed anomalous upwelling in
the tropics, and thus coupling to the QBO. In this region, there has also been recent progress
made on understanding the driving mechanisms of the volcanic response. In their simula-
tions, Brown et al. (2023) observed that the vertical advection of momentum associated with
enhanced upwelling causes a delay of the descending QBO phase, effectively elongating the
QBO period for several years following a Pinatubo-like event. Due to feedbacks with the
QBO secondary circulation, this delay more strongly affects the QBO in a state of easterly
shear than westerly, and the response is thus highly sensitive to the QBO state at the time
of eruption.

The essential takeaway from this summary of the literature is that the fundamental at-
mospheric response to a tropical volcanic eruption is a modification of (predominantly surf-
zone) wave activity, and the associated modification to the meridional residual circulation.
In this view, specific terms like “vortex strengthening” are perhaps imprecise. For example,
volcanically-enhanced midlatitude westerlies are sometimes shown to align with the vortex
core, but are often instead shown to align with the equatorward edge of the vortex. We sug-
gest that a description of this response as being either a “vortex strengthening” or a “vortex
shift” is really a distinction without a difference, as far as the driving processes are con-
cerned, and that we should instead consider the momentum budget more generically. This
idea is also supported by the fact that the “vortex region” anomalies are often shown to be
hemispherically symmetric, despite the fact that the southern hemisphere (SH) stratosphere
is quiescent during boreal winter (DallaSanta et al., 2019).

In this work, we examine the response to the simulated eruption of Mt. Pinatubo from
a Transformed Eulerian Mean (TEM) perspective, in a single coupled climate model. The
primary mechanisms controlling large-scale transport of momentum in the stratosphere are
advection by the so-called residual (diabatic) circulation, as well as vertical and horizontal
wave propagation and dissipation. The TEM framework defines a zonal momentum budget,
in which the net local forcing is understood as a combination of these mechanisms. The
present goal is to close the TEM budget within regions of interest, in order to understand
precisely the dynamical processes which control the development and deterioration of sta-
tistically significant post-volcanic wind anomalies. Anomalies are defined as the difference
between paired sets of runs, with and without the eruption activated, and otherwise identical

initial conditions. The aerosol treatment is prognostic, and so the divergence of each pair
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of runs is due to the aerosol forcing, as well as feedbacks to the aerosol distribution. All
ensemble members are seeded via precision-level perturbations of a common initial state,
which reflects the observed conditions of the real-world Pinatubo event. In this way, we are
explicitly ignoring confounding factors such as differences in major climate modes at the
time of eruption such as the El-Nino-Southern Oscillation (ENSO) and the QBO phases.
In Sect. 3.2, we describe the climate model employed, and the simulation ensembles. In
Sect. 3.3, we define the recipes for our statistical ensemble measures, and the TEM formalism.
Section 3.4 shows the characteristics of the background (volcanically-quiescent) runs, and
Sect. 3.5 presents the results of the experiments. Section 3.6 and 3.7 provides a discussion

of our results in relation to previous works.

3.2 Simulations

The numerical experiments utilized for this study were conducted in a custom version of
the Energy Exascale Earth System Model version 2 (E3SMv2; Golaz et al. (2022)) called
E3SMv2-SPA, described in Brown et al. (2024). While E3SMv2 describes volcanic erup-
tions by a prescribed forcing from the GloSSAC reanalysis dataset (Thomason et al., 2018),
E3SMv2-SPA instead replaces this treatment with a stratospheric prognostic aerosol (SPA)
capability. Rather than prescribing stratospheric light extinction directly, SO, is emitted
as a tracer into the stratosphere, which forms a sulfate aerosol as governed by the tuned,
four-mode version of the Modal Aerosol Module (MAM4; Liu et al. (2016)). Compared to
SO, emission in standard E3SMv2, this configuration results in a more accurate lifetime of
stratospheric sulfate aerosols following the 1991 eruption of Mt. Pinatubo, which is con-
sistent with observations (Baran and Foot, 1994), and the Whole Atmosphere Community
Climate Model (WACCM; Garcia et al. (2007)) with its detailed treatment of stratospheric
chemistry. The model was run in a standard low-resolution configuration of the model with
approximately 1° horizontal resolution. The vertical grid consists of 72 levels extending from
1000 hPa to 0.1 hPa, or approximately 60 km.

This model was used to generate simulation ensembles beginning on June 1st, 1991. Each
ensemble member includes a representation of the 1991 eruption of Mt. Pinatubo as an
emission of 10 Tg of sulfur dioxide (SO3) over 6 hours and 9 grid cells between 18 and 20
km near 15° N. The data was output as daily and monthly averages, both of which are used
here. Specifically, we utilized the 15-member “limited variability” ensembles, described in
Ehrmann et al. (2024). The initial condition for each member was obtained by applying a
small, random perturbation of temperature of order 10~** K to a base atmospheric state.

This base state was sampled from an auxiliary E3SMv2-SPA simulation run, and exhibits

49



major climate modes which qualitatively match the real-world conditions at the time of the
1991 Mt. Pinatubo eruption, as derived from the Modern-Era Retrospective Analysis for
Research Applications version 2 (MERRA-2; Gelaro et al. (2017)).

Though this initial state was chosen to for it’s consistency with the historical scenario, the
simulations are free-running (i.e. they are not nudged toward any specific climate modes).
Because the ensemble begins on June 1, 1991, the individual members have only two weeks
to diverge before the eruption occurs on June 15, 1991. This is enough time to allow for
synoptic-scale differences between members to manifest, while the large-scale circulation
remains qualitatively consistent. It is in this sense that the intra-ensemble variability is
“limited”, and thus the ensemble average should capture the robust climatic response to the
Mt. Pinatubo event, conditioned on the real-world initial atmospheric state. We will refer
to this set of simulations as the limited-variability volcanic ensemble (hereafter LV).

In addition, we utilize the 15-member counterfactual ensemble (hereafter CF) of Ehrmann
et al. (2024), where the volcanic sulfate injection is entirely removed. Each member of this
ensemble is paired with a corresponding member from the volcanic ensemble. These pairs
are identical in their initial conditions, and identical in their evolution until June 15, when
the eruption occurs in the volcanic ensemble. After this date, the difference between the
volcanic and counterfactual ensembles isolates the net (direct and indirect) impact of the
volcanic forcing.

Each pair is run for 8 years. This is enough time for the ensemble members to statistically
diverge (from each other, and also from their paired runs) such that the concept of isolating
the volcanic impact becomes tenuous, and eventually meaningless. For this reason, most
of our analyses will focus on the initial 2-year period from June 1991 through June 1993,
which we found to be an appropriate analysis domain for the tropics and midlatitudes (see

discussions surrounding Fig. 3.2 and Fig. 3.5).

3.3 Analysis Framework

Rather than use a traditional measure of anomaly as a departure from a reference climatology;,
we are interested in the pair-wise difference between the LV and CF members. This approach
naturally removes structures that are present in the unforced runs from consideration of the
volcanic impacts, even if they are anomalous with respect to the climatology (e.g. the QBO,
ENSO, and vortex states). To be clear, we will refer to this measure of the volcanic response
as an “impact” rather than an “anomaly”.

The TEM components of the zonal momentum budget will be used to compute impacts

in large-scale wave activity, the global advection of mass, gravity wave drag, and other
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parameterized sources. The statistical impact expressions and TEM equation set are defined

below.

3.3.1 Impact and Significance

For an N-member ensemble, the ensemble mean variable z, given the data z(™ from each
simulation n, is taken independently for both the volcanic ensemble, and the counterfactual
ensemble. The counterfactual ensemble mean will be specified as °F. Following Ehrmann
et al. (2024), we define the impact on the variable x as the ensemble mean of the difference

between the volcanic and counterfactual data, denoting it as

1 N

Ax = i Z (z(") — 9P M) (3.1)

n=1

Likewise, the standard deviation of the impact is

1 N

gpAT — ~ S (@) — 2R M) — Ag)2, (3.2)
n=1

To identify statistically significant signals in the impact, we apply a paired t-test, where

the t-statistic and associated p-value are

A
t-statistic = ——— (3.3)

DA /N
p-value = 2 x CDF(—|t-statistic|, N — 1) (3.4)

where CDF is the cumulative distribution function of the Student’s ¢ distribution, with N —1
degrees of freedom, and —|t-statistic| as the upper bound on the distribution integration.
Our null hypothesis states that the volcanic and counterfactual ensembles are statistically
indistinguishable. The alternative hypothesis is two-sided, i.e. the volcanic ensemble data
is either above or below the counterfactual data, and thus a factor of two also appears in
Eq. (3.4). Throughout the results presented in Sect. 3.5, we adopt a p-value threshold of 0.05
(95% confidence) for defining significant impacts. Confidence interval bounds of the impact
Ax are computed as

SDAJJ
A+ by e (3.5)

VN

where .4 = 2.145 for N = 15.
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All processing of the data, including zonal averaging, averaging over latitude bands, se-
lection of vertical levels, and temporal averaging are computed at the member-level. No
such processing is done directly on the ensemble means. Rather, a separate ensemble mean,
and thus separate impacts and p-values, will be computed for each choice of processing, per

Eq. (3.1)~(3.4).

3.3.2 TEM Formulation

To efficiently diagnose the forcing on the zonal-mean flow by the residual circulation and wave
activity, we employ the TEM framework originally introduced by Andrews and McIntyre
(1976). First, each atmospheric variable x is decomposed into a linear combination of a
zonal mean T and eddy component 2, e.g. u = uw + «' for the zonal wind u. The TEM
momentum equation for the evolution of @ is written as the sum

Ju Ou

at ot

N ou
@) Ot

ou
— X
@*) + ot ’VF +

(3.6)

We compute each of the terms on the right-hand side of Eq. (3.6) following the spherical-
coordinate formulation specified by Gerber and Manzini (2016) (we also adopt the values of
the their constants; see Appendix A2 therein). The first and second terms, which represent

zonal momentum forcing by the Coriolis force and residual circulation advection, are

ou . Ot cos ¢
ot ey ! (f acos gb@(b) (3.7)
ou LD ou

for latitude ¢, pressure p, the Earth’s radius a, Coriolis parameter f, and the scale height
H = 7 km. The meridional (v*) and vertical (w*) velocity components of the residual

circulation are defined as

vt =7 — g—;/; (3.9)

_ H_ H (_ 0vcoso¢
iy L St 3.10
o ) 619

where v is the meridional velocity, w is the vertical pressure velocity, and
o
=7 (3.11)
00/0p
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is the eddy streamfunction, involving the potential temperature 6. It will also be useful to

introduce the residual circulation streamfunction W*,

0
g — 2racoso (/ ﬁ*dp) , (3.12)
p

9o

were go is the global-mean acceleration due to gravity at mean sea level. The third term
on the right of Eq. (3.6) is the forcing of zonal momentum by resolved wave dissipation and
breaking,

V- F

ou
ot ’V-F_ acos¢ (3.13)

Here, F is known as the Eliassen-Palm (EP) flux vector, with meridional and vertical com-

ponents
Fly) = ou W 3.14
(¢)—GCOS¢(a—p¢—uv) (3.14)
o -
Fly = acosd ({f _ _@;;] v — w) , (3.15)

and the EP-flux divergence (EPFD) is

B GF(¢) COS¢ I aF(p)

vF a cos O op

(3.16)

It is this divergence that represents the sole internal forcing of the zonal flow by transient,
nonconservative waves.

Finally, the fourth term on the right of Eq. (3.6), X, represents all unresolved forcing of
u, including small-scale eddies, and other parameterized sources. We will further split this
into contributions from parameterized gravity waves X qw, and a (usually small) residual

which we will generically call the diffusion X:
7 = Yd — YGW (317)

The diffusion term is inferred by taking the difference

+8ﬂ
@) Ot

ou
—

e ou <8ﬂ ‘
@*) Ot IvF

ot \ot

+7GW) , (3.18)

so that the overall zonal momentum budget is closed. For the monthly-mean ensemble data,

gravity wave drag outputs were available, and so it was possible to do the separation of X
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in Eq. (3.17). These outputs were not available for the daily-mean data; in that context, we
keep X qw on the left-hand side of Eq. (3.18) and can only represent the net parameterized
drag X in the momentum budget.

The philosophy behind the TEM equations of motion as a diagnostic tool for wave-mean
flow interaction has been articulated in several foundational works (e.g. Edmon et al. (1980);
Dunkerton et al. (1981); Andrews et al. (1983)). For our purposes, the framework will allow
us to identify the mechanisms that are responsible for volcanic aerosol-induced changes to
the zonal flow. Specifically, by applying the methods of Sect. 3.3.1 to u, we will identify
statistically significant impacts on the zonal-mean zonal wind. We then separate the forcing
of @ into the contributions from the residual circulation (Eq. (3.7) and Eq. (3.8)), from re-
solved eddy forcing (Eq. (3.13)), and parameterized forcings and dissipation (Eq. (3.18)). By
statistically comparing the closed TEM budgets of each ensemble, we may diagnose which of
these dynamical mechanisms control the separation between the volcanic and counterfactual
simulations at certain locations and times. The important quantities and equations used in

this procedure are summarized in Table 3.1, which may be useful in reading the later figures.

Table 3.1: Essential quantities of the TEM framework and TEM zonal momenutm budget.
The second column (“Label”) refers to the labels given to the corresponding quantity in
figure titles and legends throughout this work. Quantities without a label are labeled either
with their name (first column), or their symbol. Units provide the SI units, though different
units may appear in figures. All quantities are computed on daily-averaged simulation data,
except for the GW forcing and diffusion components of the TEM budget, which are computed
on monthly-averaged data.

Quantity Label Symbol Equation Units

TEM quantities:

Meridional residual velocity — v* Eq. (3.9) m st
Vertical residual velocity — w* Eq. (3.10) m st
Residual circulation streamfunction RC streamfunction  ¥* Eq. (3.11) kg s~1
m3 572,
EP flux vector EP flux [Fie): Fipy]  Ea. (3.14, 3.15) m? s—2 Pa
EP flux divergence EPFD V-F Eq. (3.16) m? 52
TEM budget (zonal-meanzonal wind forcings):
Net forcing — %—? Eq. (3.6) m s—2
Meridional residual velocity advection v* forcing % (%) Eq. (3.7) m s~ 2
v*
Vertical residual velocity advection and Coriolis force =~ w* forcing %—? ‘( | Eq. (3.8) m s—2
w*
Total residual circulation forcing RC forcing — Eq. (3.74+3.8) m s~ 2
Resolved eddy forcing (large-scale wave drag) EPFD forcing %—f ‘V-F Eq. (3.13) m s~ 2
Unresolved (parameterized and implicit) forcings unresolved X Eq. (3.17) m s~ 2
Gravity wave drag GW forcing Xaew Eq. (3.17) m s~ 2
Unresolved forcings beyond gravity waves diffusion X4 Eq. (3.18) m s~ 2
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Note that all zonal averages throughout this chapter are taken by the spectral spherical-
harmonic method described in Appendix B.2, which avoids the need to remap the data
from the E3SMv2 native cubed-sphere grid to a structured latitude-longitude format. In
computing Eq. (3.18), the total tendency 0u/0t was not available to us as a model output
in the simulation ensembles, and so it is constructed from the daily-mean @ by a first-order
finite forward difference. Meridional and vertical derivatives are computed with a second-

order centered finite-difference. See Appendix B.1 for details.

3.4 Reference State

3.4.1 Midlatitudes

In order to establish the behavior of the unforced simulations during the Pinatubo period,
Fig. 3.1(a)—(d) shows the seasonal zonal-mean zonal-wind structure for a single year of the
CF ensemble mean, spanning June 1991 to June 1992. The stratospheric winds in the
E3SMv2-SPA model appear to be broadly consistent with climatological averages deduced
from the ERAD reanalyses dataset (Fig. 2 in Butchart (2022)), with the SH winter-time
polar vortex reaching maximum wind speeds in excess of 80 m s™! toward the model top
and near 60°S, and the NH polar vortex reaching speeds above 50 m s~! near 60°N. In
each summer hemisphere, casterlies peak at 30-40 m s~! near 20°N and 20°S. These wind
speeds are slightly low for the SH, and slightly high for the NH with respect to the reanalysis
climatology, but are well within the range of observed variability (Fig. 8 in Butchart (2022)).
There is similar accuracy in the tropospheric jets.

In addition, EP flux vectors and contours of the residual circulation streamfunction are
plotted over the seasonal winds in Fig. 3.1(a)—(d). Negative values in streamfunction (dashed
contours) indicate counter-clockwise circulation the meridional plane, and vice-versa for pos-
itive values (solid contours). The zero-line between these regions is drawn in bold. Qual-
itatively, this shows equator-to-pole overturning cells in the lower stratosphere and below,
and a single pole-to-pole circulation from summer-to-winter hemisphere during the solstitial
seasons. These two regimes represent the advective components of the well-known shallow
and deep branches of the BDC, respectively (Birner and Bonisch, 2011; Butchart, 2014).

The EP flux vectors show the relative magnitude and direction of resolved wave propaga-
tion in the meridional plane (Edmon et al., 1980; Andrews, 1987). In the summer hemisphere,
wave activity forced by surface processes is largely constrained below the tropopause (e.g.
Fig. 3.1(a), NH), since the stratospheric easterlies aloft prevent the vertical propagation of

Rossby waves (Charney and Drazin, 1961). During the following autumn, the development
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of upper-level westerlies acts as a valve for wave propagation into the stratosphere (e.g.
Fig. 3.1(b), NH). This persists through the winter, when stratospheric wave activity (and
thus, zonal-wind variability) is at its highest (e.g. Fig. 3.1(c), NH).

The seasonal TEM momentum balance is shown in Fig. 3.1(e)-(h) at 3 hPa (winter
vortex core) and 30 hPa (lower vortex edge). Forcing by the EPFD, the residual circulation,
parameterized gravity wave drag, subgrid diffusion, and their sum are plotted as functions
of latitude, along with the CF ensemble mean w. Scaling of the vertical axis is unique
in each panel. This reveals the familiar result (e.g. Andrews et al. (1983)) that the net
tendency 0u/0t in the stratosphere is due to a relatively small imbalance between negative
wave-driven forcing (dissipation and breaking of resolved large-scale waves and parameterized
gravity waves), and positive forcing by the residual circulation (Coriolis torque and advection
of momentum).

In the summer hemisphere, both the wave-driven and residual circulation forcing magni-
tudes are low, and the compensation between them is nearly complete (e.g. Fig. 3.1(e), NH).
The result is mild easterly wind speeds with low variability. In the winter hemisphere (e.g.
Fig. 3.1(g), NH), approximate balance between the forcing terms remains, but the relative
contributions are much larger. The result is a strong polar jet. The equinoctial seasons
serve as the transitions between the two quasi-steady states found in the summer and winter
stratosphere, at which time the force balance must break, and the total mean forcing on w
departs from zero (Fig. 3.1(f,h)). In the autumnal hemisphere, net positive forcing arises as
the polar vortex is spun-up by the Coriolis torque of the strengthening meridional residual
velocity, while in the vernal hemisphere, net negative forcing results as wave drag erodes the
vortex.

Note that in both winter hemispheres at 3 hPa (Fig. 3.1(e), SH and Fig. 3.1(g), NH)
there tends to be a sign change in the EPFD on each side of the polar vortex, such that
wave breaking and dissipation (EPFD< 0) occurs equatorward, in the surf zone (McIntyre
and Palmer, 1984), and wave divergence (EPFD> 0) occurs poleward. This is qualitatively
consistent with some reanalysis climatology results, e.g. ERA-Interim (Diaz-Duran et al.,
2017). The parameterized gravity wave drag (yellow curve) in the model tends to exhibit
the opposite behavior.

At 30 hPa, well below the vortex peak, there is broad negative EPFD from the midlat-
itudes to the poles. This westward wave driving is about a factor of 2 larger in magnitude
in the NH than the SH due to the continental land masses—an effect which might have the

capacity to trigger a breakdown of the vortex (Baldwin et al., 2021) in a different realization.
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Figure 3.1: Seasonal zonal wind and TEM momentum balance for the first year of the CF
ensemble mean. (a—d) u averaged over 3-month seasons in contours of 10 m s™!, with EP
flux vectors, gray U* contours, and the tropopause overplotted as a thick, faint white contour.
The EP flux vectors are scaled following Jucker (2021). The ¥* contours are drawn at 30,
100, and 500 in units of 107 kg s~ on each side of zero (bold contour). Negative contours
are dashed. (e—h) seasonal contributions to 9u/dt in [m s~! month™!] from the EPFD (red
solid), the residual circulation (blue solid), gravity waves (gold solid), and diffusion (thin
gray solid) as functions of latitude at 3 hPa (top panels) and 30 hPa (bottom panels). Also
shown is the net tendency (black solid), as well as w itself (thick green dashed) in [m s™'].
The negative tendency (and wind speed) domain is shaded in light gray. Note that each
panel of (e)-(h) has unique scaling of the vertical axis, such that all curves are contained
within the plotting region.

3.4.2 Tropics

The tropical zonal-mean zonal wind averaged over 5°S-5°N in the CF ensemble mean is
shown in Fig. 3.2 for the full 8-year simulated time period. In Fig. 3.2(a), the initial QBO
phase is easterly, and its first cycle has a period of approximately 24 months with peak winds
of about —10 m s™! and 7 m s~} in January of 1991 and 1992 respectively, at 30 hPa in the
ensemble mean. This is weak by a factor of 2 to 3 compared to ERA5, which is a known
bias of E3SMv2 (Yu et al., 2024).

In addition to a weak amplitude compared to reanalyses, the semi-annual oscillation
(SAO) penetrates deeper into the stratosphere, and the descent of QBO phases is typically
hastened in E3SMv2, resulting in a shortened period at fixed pressure. Yu et al. (2024)
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Figure 3.2: The QBO shown as @ averaged over [5°S, 5°N] for the CF ensemble mean. (a)
time—pressure plane centered on the lower stratosphere. (b) zonal wind time series at 30
hPa. The ensemble mean and standard deviation in % is shown as a bold orange line and
light orange shading, respectively. Individual ensemble members are shown as faint gray
lines, and the zero-line is dotted. (c) the ensemble coherence, defined as the fraction of
ensemble members in agreement with the sign of the ensemble mean in panel (b). A bold
dashed line with points displays the coherence evaluated only at each January.

showed that the spectral density of the QBO computed over 1985-2015 at 20 hPa in E3SMv2
is approximately uniform in power from 20 to 30 months in period, with no distinct peak.
For our realizations in E3SMv2-SPA, the QBO manifests with a period of about 24 months.
This causes a seasonal phase lock, where maxima and minima in QBO wind speeds occur
during alternating boreal winters.

Following the first cycle, the QBO signal in the ensemble mean weakens further, by an
additional factor of ~2. Most of this weakness is explained by the increasing intra-ensemble
spread, as the members diverge from their common initial condition, demonstrated at 30
hPa in Fig. 3.2(b). Alternatively, Fig. 3.2(c) shows the 30 hPa ensemble “coherence”, or
the fraction of the members which agree in sign with the ensemble mean. The coherence

is variable, unsurprisingly dropping to 50% whenever u crosses zero. More useful is the
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January coherence (bold dashed line and points) which, because of the seasonal phase lock
of the QBO in the model, shows the ensemble phase agreement during each easterly and
westerly maximum. We observe that the January coherence drops below 80% near July of
1993, and so for the remainder of this study we will focus only on this early 2-year period.
In the midlatitudes, we should expect the ensemble coherence to fall off faster, though we

will still conduct the analysis over this same period.
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Figure 3.3: The TEM momentum balance of the QBO for the first two years of the CF
ensemble mean, averaged over [5°S, 5°N] at 30 hPa. Shown are the contributions to du/0t
in [m s~! month™!| from the EPFD (red solid), gravity waves (gold dotted), the combined
EPFD and gravity waves (red dotted), the residual circulation (blue solid), and diffusion
(thin gray solid) as functions of latitude at 3 hPa (top panels) and 30 hPa (bottom panels).
Also shown is @ itself (thick green dashed) in [m s™'], values read on the left vertical axis.
The negative tendency or wind speed domain is shaded in light gray.

The TEM balance describing the QBO evolution at 30 hPa over the initial 2-year period
is shown in Fig. 3.3. Curves show the monthly-mean time series of the forcing on @ by the
EPFD and gravity waves, the residual circulation, and diffusion (this is the same data as in
Fig. 3.1(e)-(h) before seasonal averaging, but with the net forcing omitted). The sum of the
EPFD and gravity wave drag is also drawn (red dotted line), which shows the usual result
that wave-driving is the dominant process controlling the QBO phase descent (Baldwin et al.,
2001). However, momentum transport by vertically propagating tropical waves is actually

Imonth™!

much larger than the net motion of the QBO would suggest (peaking at ~3 m s~
in NH autumn of 1992, while the net tendency is nearer to ~1.3 m s~ 'month™!), since it is
partially canceled by the residual circulation (blue solid line), which hinders the descending
phase (Dunkerton, 1997). As the Coriolis force is negligible at these latitudes, and v* is small,
this forcing can be interpreted primarily as a diabatic effect, where upwelling of momentum

by w* is in control (see steamfunction contours in Fig. 3.1). The result is positive (negative)
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forcing by the residual circulation in westerly (easterly) shear zones (as in e.g. Brown et al.

(2023)).

3.5 Volcanic Impact Results

With an understanding of the seasonal TEM balance in the CF ensemble established, we now
investigate disruptions to this balance by the Pinatubo aerosol forcing. Figure 3.4 shows the
monthly-averaged global Aw for select months in the autumn of 1991, winter of 1992, and
autumn of 1992 (panels (a)—(c)), as well as meridionally-resolved impacts over 70°S—-70°N as
a function of time at 10 hPa and 30 hPa (panels (d, e)). On all panels, the counterfactual
winds are drawn in black contours every 10 m s~!. Regions where the statistical significance
of the impact is above 95% are enclosed by a bold white contour, and regions below 95% are
marked with white hatching.

Midlatitude and tropical impacts are discussed in Sect. 3.5.1 and 3.5.2, respectively. The
strategy is to (1) identify localized regions of significant Aw in space and time, (2) over the
each identified region, decompose A(Ju/0t) into the TEM form of Eq. (3.6), and (3) analyze
the imbalance between the impact of the TEM terms. If the result of this process is a set of
TEM impacts which are themselves statistically significant, then we will consider the specific
mechanism in control of the associated A to have been found.

In the midlatitudes, this process amounts to answering the question; if thermal wind
balance is to be approximately maintained after a source of external forcing is introduced,
then what processes govern the required adjustments to the zonal-wind to that end? From
a TEM perspective, it might be assumed that the residual circulation and large-scale wave
drag conspire in this purpose, but as we will show, the quantitative details of this balance
change notably with at least season and latitude.

This type of analysis has precedent in the literature, most notably Bittner et al. (2016)
and Toohey et al. (2014), but we are not aware of another work on volcanic aerosol forcing
that attempts to give a complete accounting of the closed TEM budget in this way. We take
some inspiration from similar closed-budget analyses that have been done for climate trends
in tracer distributions, e.g. Abalos et al. (2013, 2017, 2020).

3.5.1 Impacts in the Surf Zone & Polar Vortex

Figure 3.4(d, e) shows that until 2 years post-eruption, essentially all stratospheric @ impacts
outside of the tropics are westerly in nature, consistent with aerosol-driven enhancements of

the meridional temperature gradient. These features correspond to either zonal acceleration
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Figure 3.4: The ensemble-mean Aw as filled contours (colorscale), with the CF ensemble-
mean T overplotted as black contours, drawn every 10 m s—!, with negative contours dashed
and the zero-line in bold. A bold white contour is drawn at 95% significance, with the Au
p-value computed as in Sect. 3.3.1. Regions of insignificance are filled with white hatching.
The upper three panels show the latitude-pressure plane for time averages over (a) October
1991, (b) February 1992, and (c) November 1992. The lower two panels show the time-
latitude plane for pressure levels at (d) 10 hPa, and (e) 30 hPa. In panels (d) and (e), a
vertical yellow line shows the time of eruption, and a faint white line is drawn on the equator.

or deceleration with respect to the reference, depending on the season.

The significant response begins near 10 hPa in both hemispheres (Fig. 3.4(d)). In the
northern hemisphere, a westerly impact of ~3 m s~! develops near 30°N, decelerating easterly
winds (black dashed contours) from July through the end of the NH summer of the eruption.
This impact moves poleward toward 60°N throughout autumn, acting to hasten the spin-
up of the polar vortex along its equatorward edge, before becoming insignificant in early
November. The vertical structure averaged over October 1991 is given in Fig. 3.4(a), which
suggests that this feature is perhaps part of a subtle equatorward shift of the vortex, given
the accompanying easterly impact near the vortex core above 1 hPa. We will refer to this

impact signature as an the “summer response” (SR). Note that a similar summer response
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occurs again from July to October of 1992 near 30°N, as well as in the southern hemisphere
between December and April 1992, albeit at lower latitudes.

Following the 1991 SR is a stronger westerly impact of up to ~6 m s !

occurring at
both 10 and 30 hPa near 40°N, between January and May 1992 (Fig. 3.4(d, e)). This impact
serves to accelerate westerlies in the surf zone (equatorward edge of the polar vortex). Figure
3.4(b) shows the vertical structure averaged over February of 1992, in which we again see
easterly impacts near and poleward of the vortex core, indicative of equatorward vortex shift
(though it is insignificant). We will refer to this impact as the “winter response” (WR), and
we identify this response most closely with the claims of an “accelerated vortex region” that
are well-represented in the literature, as discussed in Sect. 3.1. A similar (but less significant)
repose also occurs in the southern hemisphere near 50°S between June and October 1992.

The summer and winter responses are summarized in Fig. 3.5, which shows the separation
of the LV and CF ensembles in one-dimension as u and Awu at 20 hPa, averaged over 30-50°N.
Also plotted are the 95% confidence intervals on the ensemble means and the impact, as well
as a curves at two standard deviations. In the lower panel, the confidence interval is shaded
in green where the impact is significant, which clearly shows the 1991 SR, 1992 WR, and
1992 SR. This view illustrates that the relatively strong winter-time stratospheric variability
in the vortex region sets a kind of lower-bound on the forcing magnitude that is required to
illicit a significant response, which our simulations are only just managing to overcome. In
the summer-time quiescent stratosphere, on the other hand, the noise floor is much lower,
and so even small impacts can be detected. This is consistent with the findings of previous
work that has demonstrated a statistically weak response from Pinatubo-like forcing, even
for much larger ensemble sizes (Bittner et al., 2016).

For the remainder of this section, our analysis will be restricted to the northern hemi-
sphere, since those impacts occur earlier and with more significance, and have more repre-
sentation in the literature. There is some suggestion of an easterly impact in boreal winter
of 1993 (Fig. 3.4(d)), but it is largely insignificant. Hence, we will also restrict the analysis
of this section to the the first 12-16 months post-eruption.

3.5.1.1 TEM Balance of the Surf Zone & Polar Vortex

We now investigate the impacts to the TEM balance associated with both the summer and
winter midlatitude responses. Figure 3.6 picks out the 30-50° latitude band at 10 hPa
from Fig. 3.4(d), and reproduces it in its panel (a). Panel (b) shows the vertically-resolved
meridional average over this band. Over this domain, in addition to Au, we also obtain the
impact (as Eq. (3.1)) of the net tendency 0u/0t, the large-scale wave drag (Eq. 3.13), the
residual circulation forcing (Eq. (3.7) + Eq. (3.8)), gravity wave drag, and diffusion (Eq.
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Figure 3.5: Time series of the CF ensemble-mean @ and LV ensemble-mean @ (upper panel)
as well as the ensemble-mean Au (lower panel) at 20 hPa, averaged over 30-50°N. In both
panels, shaded bands give the confidence intervals, as computed in the way of Sect. 3.3.1,
and thin lines give two standard deviations on each side of the mean. In the lower panel,
the confidence interval is shaded in light green where the impact is statistically significant
at the 95% level.

(3.18)). We then define time windows which span the 1991 SR, 1992 WR, and 1992 SR.
Next, we individually integrate the TEM forcing terms from the left (time ¢y) to the right
(time t;) ends of each window, all of which are given a common initial condition of u(ty) as
evaluated in the LV ensemble mean.

In this way, the sum of the integrated TEM impacts are identical to the integration of the
A(0u/0t), which in turn is identical to the observed Aw. This procedure is described in detail
in Appendix B.1, and the result is shown in Fig. 3.6(c)—(e). The intention is to visualize the
accumulated contribution to the observed Au by each of the large-scale TEM processes. In
other words, each curve shown in panels (¢)—(e) show the anomalous evolution of the wind in
absence of all other forcings, given the shared initial condition. This is preferable to showing
the forcing impacts themselves, since those often change sign on small temporal scales, and
thus the noise would visually dominate over the meaningful trend.

Each integration time window is shown as a highlighted yellow-green strip in panel (b)
at 10 hPa. The integrated tendency contributions are shown in panel (c) for the 1991 SR,
panel (d) for the 1992 WR, and panel (e) for the 1992 SR. It is immediately apparent that
while these westerly impacts appear similar from a thermal-wind perspective, they are in
fact brought about by different mechanisms.

The summer-time responses of 1991 and 1992 (panels (c¢) and (e)), are characterized by a
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Figure 3.6: Vertical structure of the midlatitude zonal wind impacts, and the TEM balance
impact at 10 hPa. Panels (a) and (b) show the ensemble-mean A7 as filled contours (col-
orscale), with the CF ensemble mean u overplotted as black contours, drawn every 10 m s~
with negative contours dashed and the zero-line in bold. A bold white contour is drawn at
95% significance, with the Au p-value computed as in Sect. 3.1. Regions of insignificance
are filled with white hatching. (a) shows the latitude band from 25°N to 55°N at 10 hPa,
reproduced from Fig. 3.4(b). (b) shows the meridional mean over 30-50°N, from 400 to
0.5 hPa, for two years following the eruption (which is indicated with a vertical yellow line).
In panels (c—e), curves show the integrated forcing imapct by the EPFD (red solid), by
w* advection (dash-dotted blue), by v* advection and the associated Coriolis force (dashed
blue), and by X = Xqw + X4 (yellow solid). Also shown is the cumulative residual velocity
forcing (blue solid), and the total forcing (black solid). The curves are backed by a thick
shading of a matching color where they are statistically significant. Each term has units of
m s~! after time integration. The total forcing curve (black solid) matches the data on the
colorscale in the corresponding highlighted region of panel (b). These data are computed
according to Appendix B.1. The negative domain is shaded.

deficit of large-scale wave forcing, and a surplus of forcing by the residual circulation. While
the magnitude of impact on each of these effects is comparable, it is the residual-circulation
forcing that is favored in the imbalance, and is ultimately responsible for the manifest Aw.
Specifically, the forcing is almost entirely due to the impact on the meridional component,

Av*, and can be interpreted primarily as a Coriolis-driven acceleration, while Aw* is very
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small (as expected in the extratropics). Toward the end of the integration time windows, it
appears that an increasingly negative A(EPFD) eventually dominates and brings the summer
responses to an end. Impacts on gravity wave and diffusion forcing play a more minor role,
and have opposite signs in 1991 and 1992.

On the other hand, the winter-time response is primarily wave-driven (panel (d)). From
January to April 1992, A(EPFD) and Av* are both large (nearly an order of magnitude
larger than the previous summer), though the imbalance favors the former. This drives a
net westerly acceleration. By spring of 1992, the TEM forcings are re-aligning with the
reference runs (the integrated tendency curves are flattening), and the restored balance
brings the winter response to an end.

In order to clarify the nature of these mechanisms of impact, Fig. 3.7, Fig. 3.8, and Fig.
3.9 show the complete TEM budget for the zonal-wind impact A% in the meridional plane
for select monthly means during the 1992 WR, 1991 SR, and the 1992 SR, respectively. In
each of these figures, panel (a) shows Au, A7 significance, and u°F, in the way of Fig. 3.4.
Panels (b)—(e) then show the impacts of the TEM forcing terms, and their significance, while
panels (f)—(i) show the reference forcings from the CF ensemble. In panels (f) and (b), the
CF EP flux vectors and their impacts are shown, respectively. Likewise, in panels (g) and
(c), the CF ¥* tangent vectors and their impacts are shown, which have been scaled using
a method detailed in Appendix B.3. In all panels (b)—(i), the significance contours from
panel (a) are reproduced in black, for spatial reference. The monthly averaging periods were
informed by Fig. 3.6, chosen such that we analyze times when the forcing impacts are strong
(i.e. integrated curves in Fig. 3.6(c)—(e) are steep).

Figure 3.7 reiterates that the winter-time acceleration of westerly winds at the equator-
ward vortex edge are primarily a consequence of perturbed wave activity. Panel (b) shows
a statistically significant surplus of large-scale wave drag (negative forcing impact) at the
lower, equatorward edge of the region of significance in Aw, and a deficit of drag aloft (posi-
tive forcing impact). Comparing the vectors of panel (b) and panel (f) reveals the cause for
this effect. Relative to the CF ensemble mean, vertical and equatorward wave propagation
is decreased near 50°N and 10 hPa, while it is enhanced near 30°N and 30 hPa. This result is
exactly the “wave deflection” mechanism proposed by Bittner et al. (2016), where enhanced
westerlies near 30°N alter the background condition for wave propagation in the surf zone,
serving to steer Rossby waves away from the vortex. With those waves breaking at relatively
lower latitudes, the vortex experiences less drag, and higher wind speeds. In our simulations,
this effect does not extend to the vortex core, but the mechanism appears to be the same.

At the same time, the residual circulation contribution to the forcing impact opposes the

CF condition at 10 hPa, but reinforces it at 30 hPa, and near the model top. Comparing
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Figure 3.7: The complete TEM budget in the northern hemisphere meridional plane from
500 hPa to 0.5 hPa, averaged from February 1 1992 to March 1 1992. (a) the ensemble-mean
AT as filled contours (red/blue color scale), with the CF ensemble-mean @ overplotted as
black contours, drawn every 10 m s™!, with negative contours dashed and the zero-line in
bold. For every other vertical pair of panels, the top and bottom panels show the ensemble-
mean impact and CF ensemble-mean of a variable as filled contours (rainbow colorscale).
Specifically, (b) and (f) shows the EPFD forcing (Eq. (3.13)). Black vectors drawn in
these panels show the significant ensemble-mean impact and the CF ensemble-mean EP
flux vectors (Eq. (3.14, 3.15)), respectively, scaled according to Jucker (2021). The vector
lengths are additionally log-scaled equally in length, in order to effectively visualize the
vector directions. (c) and (g) show the residual-circulation forcing (Eq. (3.7) + Eq. (3.8)).
Purple vectors drawn in these panels show the significant ensemble-mean impact and the CF
ensemble-mean W* tangent vectors (Eq. (3.11)), respectively, scaled according to Appendix
B.3. For both ¥* and the EP flux, vectors near and below the tropopause are removed.
(d) and (h) show the gravity-wave forcing. (e) and (i) show the forcing by diffusion (Eq.
(3.18)). On all panels, regions of 95% statistical significance are enclosed with a bold white
contour for the variable plotted on the colorscale, and regions of insignificance are filled with
white hatching. For spatial reference, the significance contour of the net impact A (bold
white contour in panel (a)) is reproduced as a solid black contour in all other panels. Also
plotted on all panels is the tropopause, as a bold grey curve. In the rainbow colorscale used
for the tendencies, thin solid (dashed) white contours are drawn between all values larger
than positive (negative) 10 m s™'month™! in magnitude.
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Figure 3.8: The complete TEM budget in the northern hemisphere meridional plane from
500 hPa to 0.5 hPa, averaged from July 1 1991 to August 1 1991. See the caption of Fig.
3.7 for full panel descriptions, considering the following modifications: In panel (b), the EP
flux vectors are scaled in length to an order of magnitude smaller than the CF vectors in
panel (f), and both set of vectors are linearly-scaled in length rather than log-scaled. In
panels (c) the U* tangent vectors are scaled to two orders of magnitude smaller than the
CF vectors in panel (g) in length, and both sets of vectors are log-scaled.

the vectors of panel (c) and panel (g), this appears to simultaneously suggest (1) a localized
deceleration of the midlatitude shallow branch and (2) an acceleration of the deep branch
of the advective BDC. In addition, panels (d,eh,i) show that while positive impacts to the
forcing by gravity wave drag and diffusion are present, they are minor contributors to the
net response.

Figures 3.8 and 3.9 show the analogous results for the 1991 SR and 1992 SR, which
reiterate that the summer-time westerly impacts are primarily a consequence of enhanced
Coriolis torque from positive impacts on v*. This is demonstrated in panels (c), which shows
a strengthened poleward meridional circulation (vector fields), and an associated positive
forcing impact over the entire region of Aw significance. These anomalous circulation cells
project strongly onto the counterfactual residual circulation (panels (g)) at 10 hPa and below,
which we interpret as an acceleration of the shallow branch of the advective BDC. During

the summer of 1991, this acceleration is limited to the subtropics, but has expanded to the
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Figure 3.9: The complete TEM budget in the northern hemisphere meridional plane from
500 hPa to 0.5 hPa, averaged from July 1 1992 to August 1 1992. See the caption of Fig.
3.7 for full panel descriptions, considering the following modifications: In panel (b), the EP
flux vectors are scaled in length to an order of magnitude smaller than the CF vectors in
panel (f), and both set of vectors are linearly-scaled in length rather than log-scaled. In
panels (c) the U* tangent vectors are scaled to two orders of magnitude smaller than the
CF vectors in panel (g) in length, and both sets of vectors are log-scaled.

pole by the summer of 1992.

Meanwhile, in panels (b,f,d,h), we see that impacts to both resolved and unresolved wave
drag are either weak, or oppose the sign of the net westerly impact. In the case of resolved
Rossby waves, the EP flux vector impacts shown in panels (b) indicate that expanded regions
of westerly w near 30 hPa and below are allowing vertical wave propagation, which would

otherwise have been prevented by the presence of easterlies (especially in Figure 3.9).

3.5.2 Impacts in the Tropics

Figure 3.4(d, e) shows that the significant impacts to the zonal circulation in the tropics
arise and persist over a much longer timescale than those in the midlatitudes. The first of
these occur in the NH autumn 1991 at 10 hPa (Fig. 3.4(d)) as strong easterly, followed by
westerly impacts between 20°S-20°N. The October 1991 mean given in Fig. 3.4(a) shows

that this feature is paired with a complimentary tropical impact above 1 hPa, which may
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Figure 3.10: Time series of the CF ensemble-mean @ and LV ensemble-mean @ (upper panel)
as well as the ensemble-mean Aw (lower panel) at 30 hPa, averaged over 5°S-5°N. In both
panels, shaded bands give the confidence intervals, as computed in the way of Sect. 3.3.1,
and thin lines give two standard deviations on each side of the mean. In the lower panel,
the confidence interval is shaded in light green where the impact is statistically significant.

be understood as a lag in the descent of the westerly phase of the SAO. For the remainder
of this study, we choose to ignore the SAO impacts for brevity and instead focus on the
response of the QBO.

In our simulations, the Pinatubo eruption occurs during a descending easterly QBO phase,
with easterly wind shear (see Fig. 3.2). This state persists for around 6 months, at which
point a westerly shear develops in January 1992, and westerly winds descend to 30 hPa by
July 1992. Figure 3.4(e) shows that a significant positive Au occurs in the tropics from
December 1992 to May 1992, and subsequently a significant negative Aw occurs from July
1992 to April 1993. We will refer to these features as the “westerly response” and the
“easterly response”, respectively. Both the westerly and easterly responses oppose their
simultaneous QBO phase. Fig. 3.4 panel (b) suggests that the westerly response is a part
of a broader summer impact in the low latitudes of the SH, while panel (c¢) shows that the
easterly response is a localized feature which alters the QBO in particular. Together, we
interpret these impacts as a significant (yet subtle) weakening of the QBO during the 2-year
post-eruption period.

This QBO weakening is seen clearly in Fig. 3.10, which shows the separation of the LV

and CF ensembles in one-dimension as w and Au at 30 hPa, averaged over 5°S—5°N. The
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standard deviation and confidence intervals are analogous to those shown in Fig. 3.5. This

1

indicates that the easterly and westerly QBO phases are weakened by ~3 m s™ and ~5 m

s~! respectively (which approaches 50% of the CF ensemble mean values). The arrival of

the westerly phase at 30 hPa also appears delayed by ~2-3 months.

3.5.2.1 TEM Balance of the Tropics

We now investigate the impacts to the TEM balance associated with the weakened QBO.
Figure 3.11 picks out the 5°S-5°N latitude band from Figure 3.4(e), and reproduces it in
its panel (a). Panel (b) shows the vertically-resolved zonal-wind impacts averaged over this
band. In the same way as Fig. 3.6, the integrated impacts of the individual TEM forcing
terms are shown as functions of time over two targeted time windows. The first window
(panel (c)) is positioned to study the TEM imbalance which generates the westerly Au
during the easterly QBO phase. The second window (panel (d)) is positioned to show the
TEM imbalance which drives the transition from a westerly to easterly A, as the westerly
QBO phase descends.

Figure 3.11(c) indicates that the westerly response is driven by some combination of
decreased large-scale wave drag (a positive EPFD impact) and an increased forcing by the
residual circulation, though this effect is opposed by unresolved sources, implying enhanced
gravity wave drag. Because of the high-Rossby-number environment in the tropics, forcing by
the residual circulation is primarily advective. There are approximately equal contributions
from v* and w*, as the zero-line of the streamfunction ¥* is generally located far from the
equator at 30 hPa except near the equinoxes (see Fig. 3.1(a)—(d)). On the other hand, Fig.
3.11(d) shows that the transition from the westerly response to the easterly response, and
thus the opposition to the descent of the westerly QBO phase, is due primarily to enhanced
resolved and unresolved wave drag at 30 hPa, and has only an mild inhibiting contribution
from residual circulation advection.

For a more complete picture of these mechanisms of impact, Fig. 3.12 and 3.13 show
the complete TEM budget and its associated impacts in the meridional plane, averaged over
one-month periods. The structure of these figures and the analysis is exactly analogous to
that presented in Sect. 3.5.1.1. The averaging periods were again chosen to align with times
of most rapid change in Fig. 3.11(c, d) (i.e. strongest TEM tendency impacts).

Fig. 3.12 shows the result for the easterly response during June of 1992. In panels (f)—(i),
clearly the primary driver for the development of the QBO westerlies during this time is
a positive gravity wave forcing (as also seen in Fig. 3.3). Panel (b) and (d) show that in
opposition to this development is enhanced wave drag by resolved equatorial (Rossby and

Kevlin) waves, and gravity waves. In particular, Panel (b) shows that the response is driven
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by an increased convergence of the EP wave activity flux, due to an enhancement of wave
propagation from 30 hPa and below, near 5-10°S. The origin of this enhanced wave activity
may be related to the westerly Au observed south of the equator and below 30 hPa, but
we did not investigate this further. We also note that there is a significant deficit to the
meridional residual advection between 30-100 hPa (panels (c, g)), though this does not play
a role in the easterly response in the QBO region.

Finally, Figure 3.13 provides the equivalent result for the westerly response during January
of 1992. Most of the significant regions in the forcing impacts (panels (b)—(e)) are located
near 10 hPa and above, which are associated with perturbations to the SAO. Focusing
instead on the narrow QBO region near 30 hPa on 5°S-5°N, the suggestions of Fig. 3.11(c)
are reiterated; the westerly response (and thus weakening of the easterly QBO winds) during
this time are due in equal part to an enhanced EPFD (panel (b)), as well as a simultaneous
strengthened w* and weakened v* (panels (c, g)).

We note that it is not immediately clear whether or not these results of Fig. 3.12 and 3.13

are congruent with previous studies of the QBO response to Pinatubo-like volcanic forcing
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(e.g. Brown et al. (2023)), which often do not use a TEM framework. This comparison is

considered further in Sect. 3.6.
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Figure 3.12: The complete TEM budget in the northern hemisphere meridional plane from
500 hPa to 0.5 hPa, averaged from June 1 1992 to July 1 1992. See the caption of Fig. 3.7
for full panel descriptions, considering the following modification: In panel (b), the EP flux
vectors are scaled in length to two orders of magnitude smaller than the CF vectors in panel
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Figure 3.13: The complete TEM budget in the equatorial meridional plane from 500 hPa to
0.5 hPa, averaged from January 1 1992 to February 1 1992. See the caption of Fig. 3.12 for
full panel descriptions.

3.6 Discussion of Comparable Results in the Literature

As noted in Sect. 3.5.1.1, the winter-time wave-deflection mechanism that we have identified
is consistent with that proposed by Bittner et al. (2016). In that study, the effect is showcased
for a much larger 55 Tg eruption. The authors noted, but did not show, that the effect was
also detectable in their Pinatubo-sized eruption simulations, but was less robust. The fact
that we are able to robustly identify the wave-deflection for a 10 Tg eruption may be due to
several factors. First, the model employed by Bittner et al. (2016) was described as showing
excessive interannual variability compared to observations, which as they suggest, “masks
the response to the forcing of the volcanic aerosols”. To demonstrate this, they show that
while a 55 Tg eruption was able to force both a positive anomaly in the mean and a negative
anomaly in the variability of the vortex region, a Pinatubo-sized eruption was only able to
force the mean. In fact, they show that variability of the vortex instead increased during
the winter of 1992, suggesting that the vortex had not been coherently forced across the
ensemble members, despite the departure of the ensemble mean.

In our experiments, we don’t observe the same masking by internal variability, at least

not to the same extent, nor do we draw the same conclusion about the variability anomaly in
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Figure 3.14: Variability of the polar vortex region in the LV and CF ensembles. (top)
standard deviation of @ at 10 hPa, averaged from 30° to 50°N, for the LV (red solid) and
CF (black dashed) ensemble means. (bottom) the impact (difference between LV and
CF ensemble means) of the u standard deviation averaged over February and March 1992,
as filled contours (colorscale). The time average was chosen to match Fig.3.7(a), and is
indicated by a grey band in the top panel. Also plotted is the CF ensemble mean w (black
contours), with negative values dashed and the zero-line in bold. Solid red contours show
the Au statistical significance (i.e. the bold white contours of Fig.3.7(a)) for reference.

the vortex region. Figure 3.14 compares the northern-hemisphere variability between the CF
and LV ensemble members. The top panel shows a time series of the standard deviation in u
at 10 hPa, averaged over 30-50°N (matching the latitude band of Fig. 3.7). This shows that
the midlatitude variability in the LV ensemble does exhibit intermittent increases during the
winter of 1992. However, in the bottom panel, we see that the largest increases in variability
are located at the lower poleward edge of the vortex (near 75°N, 3-30 hPa), and are not
necessarily associated with the significant westerly response that we observed. Within the
region of significant A% (red contours), the variability either increases by less than 1 m s™,
or decreases. The variability also decreases near the vortex core (near 35°N, 0.3-3 hPa).
Indeed, comparing our Fig. 3.7(a) and Fig. 3.14 to Fig. 4 and Fig. 10 in Bittner et al.
(2016) suggests that our more robust detection of the wave-deflection mechanism is owed to
a relative lack of interference from background internal variability.

Bittner et al. (2016) state that the reason for the increases of vortex-region variability in

their volcanic simulations is unclear. At present, we can only speculate as to the relevant
dynamical differences between their model and E3SMv2-SPA. It may be that the QBO is
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playing a role. Because an easterly QBO phase exists throughout the winter of 1992 in our
simulations, we might expect that the vortex should be weakened, and thus destabilized,
by the Holton-Tan effect (Holton and Tan, 1980; Lu et al., 2020). However, Fasullo et al.
(2024) recently demonstrated that in general, E3SMv2 fails to represent any Holton-Tan-
type coupling between the QBO and the extratropics—that is, winter vortex speeds do not
decrease relative to a climatological average during easterly QBO states. Not only does this
suggest lesser vortex variability than expected, but it also hints that the background wave
activity needs to be fully understood if we are to properly interpret significant post-eruption
EP flux anomalies. As the Holton-Tan effect essentially describes QBO-induced changes in
Rossby waveguiding in the midlatitudes, it’s plausible that the strength (or lack thereof) of
the effect could directly interfere with the volcanic aerosol wave-deflection mechanism. A
potential avenue for future works is to investigate this interaction more directly, by inspecting
e.g. post-eruption anomalies in potential vorticity and Rossby refraction index distributions.
Similar work has recently been done in a stratospheric aerosol injection (SAI) geoengineering
context (Karami et al., 2023).

On another note, Post-Pinatubo summer-time anomalies have received less attention in
the literature. In their idealized model studies, DallaSanta et al. (2019) observed that the
quiescent summer stratosphere experiences a westerly forcing similar to that of the winter
vortex region, which they attribute generically to eddy-driven effects. Toohey et al. (2014)
gave more specific consideration to westerly anomalies in the austral summer of 1991 through
their simulations with prescribed volcanic forcing. They observed that these anomalies were
associated with a statistically significant increase in large-scale wave drag (EPFD), and an
accelerated residual circulation (consistent with our Fig. 3.6), though they did not show
how these effects contribute to the TEM momentum budget. Moreover, Bittner et al. (2016)
did not analyze summer-time anomalies in either hemisphere, and so it has been left unclear
whether or not some form of wave-deflection effect acts there as well. Our study has shown
that if a similar wave-driving is present, it does not rise to a level that exerts control over the
manifest wind anomalies. Rather, the summer-time response is primarily driven by enhanced
Coriolis torque due to an acceleration of the advective BDC.

In the tropics, our results read differently than the studies of Brown et al. (2023), though
they are not necessarily contradictory. In that paper, the authors describe that the funda-
mental interaction between volcanic aerosol forcing and the QBO is an increased tropical up-
welling, which slows the descent of the coming QBO phase. Our results agree that enhanced
diabatic upwelling is the dominant initial response in the tropical region (Fig. 3.8(c)), but
this does not immediately result in robust impacts on the QBO itself. This is likely because

the Pinatubo eruption is offset from the equator, near 15°N, whereas the aerosol injection
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used by Brown et al. (2023) was on the equator. However, by the time significant tropical
impacts do arise in our simulations (during boreal spring of 1992) the TEM balance does not
indicate that anomalous diabatic vertical motion is responsible. In fact, the weakening of
the QBO amplitude and delay of the westerly phase descent during boreal summer of 1992
is due largely to increased large-scale and gravity wave drag (Fig. 3.11).

This apparent contradiction is resolved by the differences in the analysis framework. It
must be emphasized that what Brown et al. (2023) calls “vertical momentum advection” is
specifically w x Ou/0z. This is not the same as w* x Ju/dz; the difference is a contribution
of the meridional derivative of the eddy streamfunction ¥ (Eq. (3.10)). In other words,
an Eulerian-mean upwelling impact Aw evaluated on a pressure-based vertical coordinate
will always be some combination of eddy effects and residual-circulation advection from a
TEM perspective. Our results indicate that the former can often dominate over the latter in
controlling the response of the QBO region. Given the extent of our analysis, we are unable
to determine if this conclusion is generic, or if it is particular to an easterly-to-westerly QBO
transition. It also may be that the conclusion would change for anomalies that occur closer

in time to the eruption.

3.7 Conclusions

The goal of this study was to use the TEM analysis framework to identify the dynamical
processes in control of the development and deterioration of statistically significant zonal
wind anomalies following a large tropical volcanic eruption. The essential result is that, in
E3SMv2, while midlatitude westerly anomalies appear consistently for over one year in the
post-eruption atmosphere, the processes controlling those anomalies are different during the
summer and winter. For Pinatubo-sized eruptions occurring during summer in the NH, the
initial response is enhanced tropical upwelling, which by mass continuity drives an accelerated
BDC, and thus increased zonal wind speeds northward of 30°N (Fig. 3.6, Fig. 3.8). With
these westerly anomalies established, the winter stratosphere is primed for lower-stratosphere
equatorward wave-deflection, which acts to further intensify upper-level westerly winds in
the vortex region (Fig. 3.6, Fig. 3.7).

The initial upwelling response is as close to a direct aerosol effect that we observed,
while the subsequent midlatitude accelerations are indirect consequences of the modified
mean meridional circulation, and wave propagation. Moreover, the initial upwelling effect
does not result in robust wind responses even in the tropical region. Rather, we did not
identify significant volcanic impacts on the QBO until the winter of 1992, which were largely
wave-driven effects in opposition of the simultaneous QBO phase (Fig. 3.11).
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Our specific conclusions are as follows:

1. We concur with Bittner et al. (2016) that large-scale equatorward wave deflection near
the surf zone contributes to post-eruption westerly anomalies in the winter vortex

region.

2. We found that the wave-deflection argument holds only in the winter hemisphere.
Westerly anomalies in the midlatitude summer stratosphere are instead explained al-
most entirely by an accelerated residual circulation, and thus an anomalous Coriolis

forcing of momentum.

3. We observed that a weakened QBO amplitude and a delayed descent of the westerly
QBO phase during summer of 1992 was caused primarily by enhanced large-scale and
gravity wave drag near 30 hPa. This finding is not necessarily inconsistent with previ-
ous studies that instead emphasize the role of perturbed tropical upwelling, as noted in
Sect. 3.6. Effectively, we have identified that the anomalous Eulerian-mean upwelling
of momentum affecting the QBO in this context is eddy-driven, rather than simply an

enhanced diabatic vertical motion.

4. Practically, we find that regions of robust zonal-wind anomalies can indeed be as-
sociated with equally robust forcing anomalies as diagnosed in a TEM framework.
However, co-location of these wind and forcing anomalies in space and time is not
required; regions where forcing anomalies are insignificant can give rise to significant
wind responses, and those responses, once established, may persist after the forcing

anomaly ceases.

To our knowledge, this is the only work after Bittner et al. (2016) to demonstrate the
wave-deflection pathway in the post-eruption winter stratosphere, and the first to provide a
full-accounting of the TEM momentum balance during specific periods of anomalous strato-
spheric zonal-winds in a volcanic forcing experiment. At this point, we see at least two
directions for continued research. As we did not know whether robust wave-driven mecha-
nisms of impact would arise in our simulations, our analysis stopped short of investigating the
origin and behavior of the anomalous wave activity in more detail, which could be pursued
(see discussion in Sect. 3.6). In an upcoming work using these same datasets, we will explore
the volcanic impacts to the residual streamfunction more directly, as well as the resulting
pertubations to stratospheric transit times of trace gases, and stratosphere-troposphere mass

exchange.
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CHAPTER IV

Volcanic Modification of the Stratospheric

Circulation: Tracer Transport

Abstract

Great attention has been paid to the short-term climate response to large volcanic eruptions,
by observational and modeling campaigns alike, in order to understand effects on zonal
winds, the polar vortex, and surface temperature effects across latitude. In contrast, several
works have shown that evidence of a strong tropical radiative forcing can persist for much
longer in the chemical composition of the stratosphere, even after the instigating aerosol
population has dissipated. Heating by volcanic aerosols accelerate tropical upwelling, and
thus drive an acceleration of the global Brewer-Dobson Circulation (BDC), and enhance
troposphere-to-stratosphere mass exchange. Once the average tropical motion, and thus
the BDC returns to their climatological mean, the introduction of excessive tropospheric
air remains detectable for at least 5 years. In this work, we use two artificial inert tracers,
age of air (AoA) and €90, in order to diagnose the change to stratospheric composition
following the simulated 1991 eruption of Mt. Pinatubo. Specifically, we employ a paired
set of volcanic and nonvolcanic 15-member simulation ensembles from the E3SMv2 climate
model in order to identify statistically significant effects on the AoA and €90 zonal-mean
mixing ratios. In addition, we use a Transformed Eulerian Mean (TEM) tracer framework,
as well as the Residual Circulation Transit Time (RCTT) diagnostic to separate the effects of
advective transport, and two-way mixing. We find that the Pinatubo eruption lowers AoA in
the middle-to-upper stratosphere globally. This response is primarily due to an accelerated
residual meridional circulation, but a robust contribution from midlatitude mixing is also
identified. In particular, we see a localized increase of AoA near 20-100 hPa in the hemisphere
opposite the eruption, which we attribute to a dampening of the seasonal BDC cycle by the
volcanic aerosols. In addition, we show that volcanic impacts on both AoA and e90 scale

approximately linearly with eruption magnitude in the range 3—-15 Tg of initial SO,.
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4.1 Introduction

Thus far, this thesis has focused primarily on dynamics; Chapter 2 provided an idealized pic-
ture of post-volcanic perturbations of atmospheric temperature, and Chapter 3 investigated
the large-scale mechanisms which control subsequent zonal wind anomalies. We saw that the
wind response was intermittent, with a notable seasonal dependence, but that the timescale
of both the temperature and wind anomalies are ultimately governed by the volcanic sulfate
aerosol decay. From a climatological point of view, the response is approximately instanta-
neous with respect to the radiative forcing, and we can generally expect that the stratospheric
dynamics and sulfate concentrations will return to their climatological averages in tandem.
In our simulations, this timescale is about 2 years.

We now turn our attention to stratospheric composition. In Chapter 3, the residual cir-
culation (v*, w*) was discussed, primarily in regards to it’s seasonal forcing of zonal wind.
This forcing mechanism, as expressed in the TEM framework, is a combination of direct
advection of momentum, and a Coriolis torque induced by the meridional component of the
circulation. The strength of these effects develop and deteriorate over the year, with mini-
mum (maximum) forcing in the summer (winter) hemisphere. This may naively lead us to
conclude that the most important modes of stratospheric variability are essentially seasonal-
to-annual. However, advection of trace gases by the residual circulation, and thus the genesis
and depletion of stratospheric chemical concentrations, operate on much longer timescales.
In this chapter, it will be demonstrated that the volcanic effects on zonal temperature and
momentum are progenitors for robust, decadal-scale anomalies in the distributions of trace
gases in the stratosphere. To this end, we will make use of two artificial diagnostic tracer
species; one to measure the residence times of trace gases in the stratosphere, and another
to measure rates of troposphere-stratosphere mass exchange.

First, a brief primer is in order. The Brewer-Dobson circulation (BDC) was first inferred
and described in the works of Brewer (1949) and Dobson (1956) in an effort to explain
observed concentrations of ozone, water vapor, and other stratospheric tracer constituents.
The BDC describes the net flux of mass in the meridional plane, as the superposition of an
advective component, and an eddy-driven component. Tracer isopleths (surfaces of constant
mixing ratio) are raised and lowered in the tropics and polar regions, respectively, by the
thermally-direct overturning cell that is the residual circulation. In the midlatitudes, iso-
pleths are homogenized by two-way adiabatic mixing of mass along isentropes, caused by
breaking planetary waves in the surf-zone (e.g. Plumb (2007)). In other words, the BDC is
essentially an expression of TEM balance from a tracer perspective.

Through both observations and model studies, it is now understood that the full traversal
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of the BDC, in a Lagrangian sense, takes up to 5-7 years (Butchart, 2014; Waugh and Hall,
2002). This traversal timescale can measured by the so-called stratospheric age of air (AoA),
which has a rich history in the literature since at least the 1990’s (see Waugh and Hall
(2002) for a comprehensive review). The “age” of an air parcel is defined as the elapsed time
since its last contact with some reference location, which is usually taken to be the tropical
tropopause. In a modeling context, AoA is often implemented as a scalar “clock tracer”,
with a globally uniform source (it “ticks”), and local concentrations corresponding to mean
age.

Early implementations were published by Hall and Prather (1993), Hall and Plumb (1994)
and Neu and Plumb (1999). More recently, Gupta et al. (2020, 2021) implemented AoA trac-
ers in a variety of dynamical cores in order to test their sensitivity to numerical schemes and
spatial discretizations. Meanwhile, several recent works have made strides in disentangling
the advective and eddy-driven components of the BDC, and their contributions to the cli-
matological AoA distribution. A key development was by Birner and Bonisch (2011), who
introduced the residual circulation transit time (RCTT), which identifies the age distribution
arising purely from transport. The RCTT is obtained by solving for “backward trajectories”
connecting each point in the latitude-altitude plane to a crossing of the tropopause, by in-
tegrating over the time-varying residual circulation (v*, w*) in reversed time. Later, Garny
et al. (2014) pointed out that the difference (AoA—RCTT) could be used to isolate aging by
isentropic mixing, which throughout much of the upper atmosphere was shown to be at least
as important as aging by transport. While this type of differencing is a useful procedure, it
is also a blunt one, as it cannot separate contributions of mixing by resolved wave breaking,
and diffusion.

On the other hand, we know from the analysis outlined in Chapter 3 that a more fine-
grained decomposition of AoA tendencies should be theoretically feasible. Ploeger et al.
(2015a,b) and Dietmiiller et al. (2017) demonstrated a method to this end, by computing a
set of RCTT trajectories, and then integrating the the local tracer mixing tendency M over
those paths. As we will see in Sect. 4.3, the quantity M is exactly analogous to the EP-flux
divergence (EPFD) in the TEM equation for the zonal-wind w.

AoA anomalies arising in response to both persistent and transient forcing sources are
numerous in the literature. Long-term AoA trends in coupled historical simulations have
been used to study the response of the BDC to anthropogenic climate change, where the
typical finding is decreased age (an accelerated BDC) throughout the lower stratosphere
(Muthers et al., 2016; Garfinkel et al., 2017; Ploeger et al., 2019; Abalos et al., 2021). In the
case of the SAI geoengineering simulation studies of Richter et al. (2017), the authors showed

anomalies in the residual vertical velocity w* consistent with an accelerated BDC, but did
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not show the associated AoA effects. Several works have also concluded a likely accelerated
BDC after large volcanic eruptions (Pitari, 1993; Eluszkiewicz et al., 1996; Toohey et al.,
2014), while some (Garcia et al., 2011; Pitari et al., 2016) have directly shown decreases in
stratospheric AoA by several months for the 1991 Pinatubo event specifically.

The goal of the present chapter is to study the significant post-volcanic impacts on the
AoA tendency balance, as we did for w in Chapter 3. The key question is this: what are
the relative contributions of perturbed transport and perturbed mixing in producing the net
impact on stratospheric AoA post-eruption?

To this end, we draw some inspiration from adjacent works which pose the same problem
to different tracers species. (Abalos et al., 2013) showed the closed TEM tracer budget in
the meridional plane for ozone (O3) and carbon monoxide (CO) over a 6-year dataset. In
a generalization of this work, they later investigated the closed TEM budget for the so-
called €90 tracer (Abalos et al., 2017). €90 has a uniform and constant surface emission,
and a 90-day e-folding timescale throughout the atmosphere. The steady-state includes high
€90 concentrations in the troposphere, low concentrations in the stratosphere, and a steep
mixing-ratio gradient at the tropopause. The vertical gradient makes the €90 distribution
uniquely sensitive to perturbations to troposphere-stratosphere mass exchange, and it thus
qualitatively resembles the behavior of real-world substances in this region, like O3 and CO.

In addition to the AoA investigations outlined above, this chapter will also study the
significant volcanic effects on the €90 tendency budget. In combination, the e90 impacts will
identify perturbations to cross-tropopause mass exchange, and the AoA impacts will identify
how the broader stratospheric circulation changes as a result. Section 4.2 will describe
the simulated datasets employed. Section 4.3 introduces the analysis framework, including
the tracer definitions, the tracer TEM balance, and the method of computing the RCTT.
Section 4.4 presents the climatological behavior of AoA and €90 in our simulations, and
Sect. 4.5 explores the identified impacts in the two diagnostic tracers. Section 4.6 considers
the sensitivity of the identified impacts with eruption magnitude, and finally section 4.7

provides a discussion on the results and concluding remarks.

4.2 Simulations

This chapter utilizes the same simulations as in Chapter 3, described in detail in Sect. 3.2.
Briefly, we used the E3SMv2-SPA model (Brown et al., 2024) to simulate the eruption of
Mt. Pinatubo, which evolves volcanic SO, and sulfate aerosols via a prognostic treatment,
on a ~1° horizontal grid and a 72-level vertical discretization extending to approximately 60

km. We again use the paired limited-variability volcanic ensemble (LV) and its counterfactual

81



ensemble (CF), introduced by Ehrmann et al. (2024), for the impact analysis. Both ensembles
include 15 members covering an approximately 7.5-year time period from June 1 1991 to
January 1 1999. The CF ensemble omits the volcanic eruption, and each LV-CF member
pair shares identical initial conditions. Statistically-significant departures of the LV ensemble
mean from the CF ensemble mean are thus interpreted as the isolated volcanic impact. For
this chapter, we primarily use the same 10 Tg SOs eruption as Chapter 3, while Sect. 4.6
will additionally include a brief analysis of the tracer sensitivity with respect to eruption
magnitude, by employing additional LV ensembles with 3, 5, 7, 13, and 15 Tg SO, eruptions.

The AoA and €90 tracer mixing ratios were computed at each gridpoint during the model
run. Here, we will use the zonal-average of the tracer fields. For computing the residual
circulation transit time, history of the residual velocity components v* and w* was required
for a period of 10 years prior to the time of analysis. Because the LV ensembles were all
initialized on June 1 1991, we were required to concatenate the v* and w* time series from
the LV runs, and the simulation run from which the perturbed LV initial conditions were
seeded. We will refer to the latter as the first prior simulation (PS1). The PS1 included
only 3-years of model integration prior to the LV initialization, and so 7 more years were
also required from a second prior simulation (PS2), which in turn seeded the PS1. The
concatenation of the PS1, PS2 and a single LV ensemble member is illustrated in Fig. 4.1
for a midlatitude gridpoint at 10 hPa. RCTT integration bounds on select dates are plotted
for reference.

The PS1 and PS2 were derived from E3SMv2-SPA with a configuration equivalent to
the LV and CF runs, though in principle there are discontinuities at the concatenation
points. In part, this is because the PS2-to-PS1 and the PS1-to-LV transitions involve random
temperature perturbations on the order of 1071* K, as those times both served as points of
ensemble initial condition generation (the PS1 is a member of different ensemble, which
is not discussed here). In addition, while the winds across the PS1-to-LV transition are
approximately continuous, non-volcanic climate forcing sources are not. This is because the
PS1 and LV calendars are different, and needed to be manually aligned (see Ehrmann et al.
(2024) for details). Because the RCTT results from long-time integrations over monthly-
averaged v* and w*, we expect the consequences of this feature on the results to be minimal.
To whatever extent this discontinuity is present in the recovered transit times, it is present
equally in the LV and CF ensembles, and thus will be removed when taking the (LV—CF)

impact.
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Figure 4.1: Concatenated time series of the residual vertical velocity w* at 50°N, 10 hPa
for a single LV ensemble member (June 1 1991 to Jan 1 1999; black solid line), the PS1
simulation (Jan 1 1988 to June 1 1991; red dashed line), and the PS2 simulation (Jan 1 1982
to Jan 1 1988; solid blue line). Two example RCTT integrations are annotated as bracketed
black lines. The RCTT on Jan 1 1992 is computed by residual velocity integration over the
decade 1982-1992, and likewise for the RCTT on Jan 1 1998 and the decade 1988-1998.

4.3 Analysis Framework

As in Chapter 3, we express the post-eruption anomalies in AoA and €90 as impacts, defined
as the ensemble mean of the difference (e.g. AAoA = AoAry — AoAcr), as in Eq. (3.1). See
Sect. 3.3.1 for details. Both a tracer-form of the TEM equations and the RCTT will be used
to diagnose the impacts on transport and mixing separately. The tracer sources and sinks,
as well as the TEM and RCTT formulations are defined below.

4.3.1 Tracer definitions

Recall from Chapter 2 that tracers in E3SM are stored as dimensionless mixing ratios, i.e.
(kg of tracer)/(kg of air), within each cell in the simulation grid. While this is an appropriate
choice for material substances, the interpretation changes for age of air, where instead the
dimensionless tracer value equals a number with an implicit unit of time. As such, we

implemented the AoA tracer with a constant production rate of

OAoA 1 .
ot 86400

!l =1lday " (4.1)
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everywhere above 700 hPa. Below 700 hPa, we impose an “instantaneous sink”, by directly

setting

AoA =0, (4.2)
0 AoA

O —1
ot >

The result is a tracer with a dimensionless mixing ratio that is equal in value to the mean
age since last contact with the < 700 hPa layer, in number of days. This is similar to the
implementation of Gupta et al. (2020), but with the source located above rather than below
the surface layer threshold (the opposite approach requires subtraction of the model time
from the AoA mixing ratios, but is funcitonally identical).

The €90 tracer is emitted at the lowest model level, with a surface flux chosen to agree
with Abalos et al. (2017),

®, =28 x A7 (2.7736 x 10'") gcm s (4.3)

where A is Avogadro’s constant, and 28 is the molecular weight of CO in g mol~!. Once

emitted, the tracer is subject to a constant 90-day e-folding decay rate as

9e90 €90 -
ot 90 x 86400

(4.4)

These tracers are were present in E3SMv2, so we implemented them as a part of this research.
For readers interested in the technical implementation, a detailed code-level tutorial for the
E3SMv2 model is provided in Appendix F.

4.3.2 Tracer TEM framework

The TEM formulation for the evolution of a zonal-mean tracer mixing ratio g is analogous to
the formulation for zonal momentum @ (see Sect. 3.3.2). The time-tendency of g is written
as
dq _ 0q
ot ot

dq

o7 o
(v*) +§

— X+ 5. 4.5
(w*) Ot V~M+ + (45)

The first and second terms represent tracer transport by the residual circulation,

91
ot

- dq cos ¢
) cos pO¢P

(4.6)
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Ot l(w*) v H op (47)

which are analogous to Eq. (3.7) and Eq. (3.8), except that there is no Coriolis force acting
on g. The residual velocities v* and w* are defined in Eq. (3.9) and Eq. (3.10), respectively.
The third term on the right of Eq. (4.5) is the eddy-driven tracer mixing tendency,

| VM

— = . 4.8
ot IvF acos¢ (48)
The vector M is the eddy-tracer flux vector, with meridional and vertical components
dq S
M4y = acos ¢ (a—zw — q’v’) (4.9)
dq cos ¢ —
M,y = e e 4.10
() acosgb( acos¢8¢¢ qw) ( )

where 1) is the eddy streamfunction defined in Eq. (3.11). The eddy-tracer flux divergence
(ETFD) is

. GM(¢) COS ¢ 8M(p)

v-M a cos pOP op

(4.11)

These forms are analogous to the E-P flux vector and it’s divergence which governs the TEM
momentum forcing by resolved waves (Eq. (3.13)), except that @ is replaced with § and the
Coriolis terms are again removed.

The final terms of Eq. (4.5), X and S, are the forcing by parameterized processes and
diffusion, and the net tracer sources and sinks, respectively. As we did for the TEM mo-
mentum equation (Eq. (3.18)), X is inferred by taking the difference between the sum of
Eq. (4.6)(4.8) and the net tendency 9g/0t:

dq 0q

Y% _ Y
ot ot

Jq

_da % g
(s Ot

-S. 4.12
w*) Ot lvMm ( )

The net tendency is estimated by a first-order finite difference taken on the daily-mean g data
as in Eq. (B.1), as it was not available as a model output. The parameterized production
and loss S are those defined in Sect. 4.3.1.

The formulation provided here is qualitatively equivalent to Eq. (1) of Abalos et al. (2017),
and Eq. (9.4.13) of Andrews et al. (1987). There are some differences in convention that we
included in order to maintain consistency with Gerber and Manzini (2016) (and thus Chapter

3), namely the transformation to spherical coordinates. To ensure equivalency between
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Gerber and Manzini (2016) and Abalos et al. (2017) specifically, Appendix E provides a

detailed accounting of the transformations involved.

4.3.3 Residual circulation transit time

We compute residual circulation transit times following Birner and Bonisch (2011) and Garny
et al. (2014). First, we define a latitude-pressure grid on which to compute the RCTT,
(67, p"), which is a subset of the simulation grid that hosts the LV and CF data (though
it does not need to be). We took every-other latitude (for a ~2° spacing), and took all 37
pressure levels between 1 hPa and 400 hPa. Backward-trajectories are then “launched” from
each of these points, and the motion is solved for by two standard fourth-order Runge-Kutta
(RK4) procedures in the meridional and vertical dimensions. Each dimension is transformed
to Cartesian meters (¢ — y, p — z) before integration. We use a step size of h = 5 days,
and define

h
Lnt1 = T, + 6 (k‘l + 2k2 + 2]{33 + k4) (413)

where z € [y, z], and x,,1 is the trajectory position at time t,,1 = t, + h. The RK4 slopes

are

ki = f(tn, yn) (4.14)
ke = f(t,+ h/2,x, + hki/2)

ks = f(t, + h/2,x, + hks/2)

ky = f (tn + h, 2, + hiks)

where the function f is a linear interpolator in ¢ and x of the monthly-mean residual velocity
components (v* for z =y, and w* for z = 2).

Once the trajectories are obtained, determining the transit time requires finding the in-
tersection of each trajectory with the tropopause. This first involves a linear interpolation of
the tropopause position to the integration timesteps ¢, +nh, and to the horizontal trajectory
positions y given by the Eq.4.13. We then search for the intersection of two one-dimensional
time series (trajectory and tropopause) in the time-altitude plane, and linearly interpolate
between the left and right sides of the intersection in order to estimate the precise cross-
ing time. The difference between the crossing time and the trajectory launch time finally
gives the transit time. The trajectory information itself is transformed back to lattiude and
pressure before being stored.

This procedure must be completed for a total backward-integration domain spanning 10
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years prior to the point when the RCTT is being estimated. 10 years is chosen since we do
not know a-priori how long the longest transit times will be, but we can reasonably expect
them to typically be a less than a decade. For the present experiments, we launched RCTT
trajectories for each month from June 1 1991, to Jan 1 1999. It turns out that while the
10-year integration time is sufficient in the average, some individual trajectories get “stuck”
in an oscillating motion between the south and north polar upper stratosphere, in a reflection
of the seasonal cycle of the deep branch of the BDC. These trajectories may not reach the
tropopause within 10 years, which results in missing RCTT data at certain (¢, p) gridpoints
near the poles. Averaging over many launch times generally fills in this missing data. The
fraction of the affected gridpoints seemed to increase with growing h, though we did not

perform a convergence test to understand the behavior fully.

4.4 Tracer Climatology

Before investigating the volcanic impacts on the AoA and €90 tracers, their climatological
behavior in the CF ensemble should be understood for reference. Figure 4.2 shows the 5-year
average ensemble-mean AoA and €90 distributions from Jan 1 1994 to Jan 1 1999. AoA is
younger than 6 months throughout the troposphere, and quickly increases vertically from the
tropopause. Because tropospheric air reliably enters the stratosphere through the tropical
pipe, The youngest air at a given pressure level is found in the tropics, and the oldest is
found at the poles, with flattening age contours throughout the midlatitudes. The oldest air
is less than 5.5 years old, which occurs as low as 30 hPa at the poles, and near 1 hPa in the
tropics.

This age distribution is well within the intra-model spread derived from reanalyses, both
by in-situ and offline transport models (Chabrillat et al., 2018; Ploeger et al., 2019; Fujiwara
et al., 2022). It is also comparable to but slightly older than results from other coupled
models simulating a similar historical period. For example, the E3SMv2-SPA mean age
distribution is older than published results for the Whole Atmosphere Community Climate
Model (WACCM) by up to ~6 months (Garcia et al., 2011; Davis et al., 2023). This is
primarily because those studies compute the AoA with respect to a reference point at the
tropical tropopause, which we did not. We did not test this or conduct a specific intercom-
parison, though we note that the 6-month contour in Fig 4.2 correlates with the average
position of the tropopause.

The €90 distribution exhibits values in excess of 150 parts-per-billion (ppb) below 700 hPa,
which decreases to 90 ppb near the tropopause. The vertical tracer gradient is relatively steep

at the poles, while the tropospheric tropical pipe is seen clearly in the 110 ppb contour. €90
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Figure 4.2: 5-year averages of the zonal-mean ensemble-mean AoA and €90 for the CF
ensemble, from Jan 1 1994 to Jan 1 1999. (left) AoA in the stratosphere, in years. (right)
€90 in the troposphere and lower stratosphere, in parts-per-billion (ppb). In each panel, the
tropopause is plotted as a thick white line.

concentrations in the lower stratosphere fall off rapidly in the vertical. This distribution
is broadly consistent with the experiments in WACCM by Abalos et al. (2017), where in
particular the 90 ppb contour was determined to be an effective transport-based proxy for
the thermal tropopause.

We now turn to the climatological tracer flux balance for the AoA and €90 in turn.
Figure 4.3 again shows the CF ensemble mean AoA averaged over 1994-1999, as well as
the RCTT over the same period, and the difference (AocA—RCTT). The residual circulation
streamfunction is overplotted in each panel. In order to visualize the backward trajectory
integration which computes the RCTT at each point in the meridional plane, Fig. 4.4 shows
the 5-year mean trajectories, as well as the trajectories for the last month in the averaging
period, Dec 1998. The 1998 trajectories exhibit oscillations in the midlatitudes, which are
imprints of the seasonal movement of BDC. This seasonal signal is smoothed out in the
time-averaged trajectories.

The RCTT in Fig 4.3 shows the age due to transport alone, which has a diminished vertical
gradient in the tropics with respect to the AoA, and a much steeper meridional gradient in
the midlatitudes. It appears that when wave-driven isentropic mixing is removed from the
aging process, older and younger air are effectively segregated on either side of the surf zone.
At 100 hPa, the mean age poleward and equatorward of 80°N is about 6 years and 3 years,
respectively. Following Garny et al. (2014), we then interpret the difference in panel (c) as the
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“aging by mixing”, i.e. aging that is not captured by residual circulation transport. There
are positive signals of up to 2.5 years of aging between 20-60° throughout the stratosphere
in each hemisphere, and negative signals of —4 years in the high-latitude lower stratosphere.
This difference in principle also includes any other non-transport parameterized forcing or
diffusion, though Dietmiiller et al. (2017) showed those effect to comprise 10% of the net
aging or less in their simulations. Thus, the primary mechanism is two-way exchange of old
and young air across the meridional RCTT gradient by breaking resolved (Rossby) waves in
the surf zone.

AOA [years] RCTT [years] AOA—RCTT [years]
0O 1 2 3 4 5 6 0O 1 2 3 4 5 6 —-4-3-2-101 2 3 4

| mmmm—— R E—— (c)—:*

pressure [hPa]
pressure [hPa]

!
80°S 40°S 0° 40°N 80°N 80°S 40°S 0° 40°N 80°N 80°S 40°S 0° 40°N 80°N

Figure 4.3: 5-year mean CF ensemble mean of (a) the AoA, (b) the residual circulation
transit time, and (c) their difference. Age contours are shown every 6 months, and labeled
in black every year in panel (c¢). Overplotted is the residual circulation streamfunciton at
3, 10, 30, 100, 300, and 1000 kg s~* on each side of zero, in white contours, with ngative
contours are dashed.

While the RCTT and its implied aging by mixing provide a view of the time-integrated
tendencies along transport trajectories, further insight can be gained by instead consider-
ing local age tendencies. By “local”, we mean the instantaneous forcing imposed on the
AoA in an Eulerian sense. For this, we recruit the TEM decomposition of the net age
tendency, shown in Fig. 4.5. Panels (a)-(e) show advection by the residual circulation
(Eq. (4.6) + Eq. (4.7)), the local tracer mixing tendency by resolved waves (Eq. (4.8)),
diffusion (Eq. (4.12)), the sum of the resolved mixing and diffusion, and the net tendency,
respectively. The data is averaged over the same 5-year time period as Fig. 4.3. The annual-
mean AoA is very stable, and so the net tendency has been multiplied by a factor of 100 for
visibility.

This figure tells the same story as Fig. 4.3, i.e. transport decreases age in the tropics,

and increases age poleward, peaking near the polar tropopause. The mixing tendency has
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Figure 4.4: Select CF ensemble-mean RCT'T trajectories for gridpoints near the tropopause,
every 2° in latitude, from 20°-90° on each side of the equator. (a) the 5-year mean trajec-
tories (b) the trajectories computed on Dec 1 1998.

the opposite behavior. At 100 hPa, the positive and negative diffusion signals peak near +1
or less days per day, while the net mixing peaks in excess of +4 days per day. Diffusion
thus contributes at most 25% of the mixing signal in the lower stratosphere, usually less.
Above 30 hPa and poleward of 60°N, there are stronger diffusion contributions, which serve
to nearly cancel large resolved mixing tendencies.

Note that the meridional position of the sign reversal in each of these quantities is located
near 40°N, which is equatorward of the same feature as identified by the RCTT. To be clear,
this difference is due to the local nature of the measurement; rather than being integrated,
panel (a) shows the age by transport given the simultaneous, pre-mixed AoA distribution.

Dietmiiller et al. (2017) went on to show that one can obtain the cumulative effect of diffu-
sion by integrating the resolved local mixing tendency (Fig. 4.5(b)) along RCTT backward-
trajectories, and subtracting it from the RCTT inferred mixing (Fig. 4.3(right)). We did not
perform this calculation, but the relatively small local diffusion tendencies we see throughout
the tropical column are consistent with the result of Dietmiiller et al. (2017) that aging by
diffusion is a secondary contribution.

Finally, Fig. 4.6 shows the TEM balance for €90 for the troposphere and upper strato-
sphere. Panels (a)—(c) and (e) are the same as Fig. 4.5. In panel (d), instead of showing the
net mixing, the tracer loss function (Eq. (4.4)) is shown. This is because in the troposphere,
there are parameterized processes other than diffusion which are relatively large contributors

to the €90 tendency. We did not have the simulation outputs in order to explicitly show these
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parameterized forcings in the balance, though we note that the distribution shown in panel

(c) is consistent with the contributions from parameterized convection and vertical diffusion

near the surface shown in the WACCM €90 studies of Abalos et al. (2017) (their Fig. 2).
For €90, troposphere-to-stratosphere mass exchange appears to be a coordination of at

least three processes; diabatic upwelling in the tropics, horizontal mixing by large-scale waves
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Figure 4.5: The 1994-1999 average TEM balance for the CF ensemble mean AoA. (a)
advection by the residual circulation (b) mixing by resolved waves (c) mixing by diffusion
(d) net mixing by resolved waves and diffusion (sum of panels (b) and (c)) (e) net tendency
multiplied by 100. Overplotted in each panel is the tropopause in grey, and the resiudal
circulation streamfunction in light green at 10, 70, and 300 on each side of zero in units of
107 kg s, with negative contours dashed. The M vector field is plotted in panel (b).
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across the midlatitude tropopause (increasing concentrations poleward of 60°), and sub-grid
effects in the region of the jetstream. The results of Abalos et al. (2017) suggest that the
latter is primarily diffusion, rather than the convection parameterization.

As in the case of the AoA, the annual-mean e90 distribution is very steady, thus the
net €90 tendency is multiplied by a factor of 100 in panel (e). For both tracers, how-
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Figure 4.6: The 1994-1999 average TEM balance for the CF ensemble mean €90 in the
troposphere and lower stratosphere. (a) advection by the residual circulation (b) mixing
by resolved waves (c) mixing by parameterized processes and diffusion (d) €90 sink (e) net
tendency multiplied by 100. Overplotted in each panel is the tropopause in grey, and the
resiudal circulation streamfunction in light green at 200, 1000, and 4000 on each side of zero
in units of 107 kg s~!, with negative contours dashed. The M vector field is plotted in panel

(b).
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ever, the net tendency is much larger in seasonal averages. Seasonal TEM balances for
summer and winter are provided in Appendix C.1, in Fig. C.2 and Fig. C.1 for AoA, and
Fig. C.4 and Fig. C.3 for €90. There, the €90 tendency exhibits an asymmetric behavior,
with net troposphere-to-stratosphere exchange occurring in the summer hemisphere, and net
stratosphere-to-troposphere exchange occurring in the winter hemisphere. This behavior is
jointly enforced by the residual circulation and resolved mixing, and shows that the exchange
of mass actually occurs over a much broader range in latitude than the annual mean would
suggest. Meanwhile, the AoA tendency also exhibits a seasonal signal, with enhanced aging
occurring in the midlatitude winter hemisphere, and decreased negative aging shifted from
the equator to 30° in the summer hemisphere. These effects are explained by the vortex-
associated wave activity in the winter hemisphere (and lack of wave-driven mixing in the
quiescent summer hemisphere), and the shift of the residual circulation streamfunction zero-
line into the summer hemisphere. We note that these findings are consistent with Konopka
et al. (2015), where a Lagrangian transport model driven by reanalysis winds was used to

estimate the seasonality of the TEM AoA forcing.

4.5 Volcanic Impacts

With the mean and seasonal counterfactual behavior established for the AoA and €90 tracers,
we now investigate the Pinatubo impacts on the tracers and the force balance governing
their evolution in the LV ensemble. First, it is useful to look at the volcanic effect on
the residual circulation itself. Recall from Chapter 3 that the most significant dynamical
impacts on zonal momentum in the northern hemisphere occur during boreal summer 1991,
late winter 1992, and summer 1992. Moreover, the primary impact driver was a strengthened
residual circulation and the associated Coriolis effect during the boreal summer months, and
modification of the EP flux divergence involving equatorward deflection of planetary waves
near 30 hPa during the winter months. With this in mind, Fig. 4.7 shows the LV ensemble-
mean Aw* and AV* averaged over August 1991, January 1992, and August 1992.

In each of the seasons shown, there is enhanced residual (diabatic) vertical motion in
the tropics, and enhanced downwelling in the high latitude upper stratosphere, though the
strength and significance of these features are notably diminished by August of 1992, one
year post-eruption. By continuity, this implies an accelerated residual circulation, which
is observed in panels (d) and (f). In particular, the impact pattern indicates an enhanced
overturning circulation centered on the aerosol forcing, which is near the injection latitude at
15°N in summer of 1991, and migrates poleward thereafter (Brown et al., 2024). The result is

that the volcanic effect lacks the seasonality of the background residual circulation, and does
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Figure 4.7: Ensemble-mean residual circulation impact, significance, and counterfactual ref-
erence for Aug 1991, Jan 1992, and Aug 1992. (a—c) the vertical residual velocity impact
Aw* in mm s~'. A white contour is drawn at p = 0.05, and regions of p > 0.05 are filled
with white hatching. Overplotted in black contours is the CF ensemble-mean w* at 0.5, 1,
and 2 mm s~! on each side of zero, with the zero line plotted in bold. (d—f) the residual

streamfunction impact AU* in 107 kg s~!. Significance is displayed as in panels (a)-(c).

Overplotted in black contours is the CF ensemble mean U* at 3, 10, 30, 100, and 300 on
each side of zero, in the same units, and the zero line plotted in bold.

not always project onto the CF ¥*. In August of 1991 and 1992, the robust AU* indicates
acceleration of the shallow branch of the BDC in both hemispheres, while the deep branch in
the summer hemisphere is weakened. During January of 1992, the southern shallow-branch
cell is enhanced along it’s northern edge, the U* zero line moves northward, and the positive
overturning circulation in the SH is decelerated.

We found that the statistical significance of the residual velocity impacts extend to about
2 years post-eruption, after which the magnitude decreases and becomes statistically in-
significant (not shown), which matches the timescale of the dynamical anomalies presented
in Chapter 3. However, these relatively short-lived perturbations to the residual circulation
are able to establish much more persistent changes to stratospheric composition, as indicated
by the AoA.

94



4.5.1 AoA impacts

The AoA impact is shown for select monthly means and pressure levels between June 1991
and June 1998 in Fig. 4.8. Panels (d) and (e) show AAoA as a function of time and latitude
at 10 hPa and 40 hPa, respectively. Panels (a)-(c) show the monthly-averaged vertically
resolved impacts during boreal winter of 1992, 1993, and 1994. These monthly means were
chosen as the occurrence of peak impact, the arrival of significant impact to the poles, and
the initial return of the tropical AoA to the CF condition respectively, at 10 hPa.

The w* impacts in Fig. 4.7 generally indicate an enhanced tropical pipe following the
eruption, and as such the AoA signal is by-and-large an intrusion of younger air into the

stratosphere. This feature migrates vertically and then poleward, which persists in sig-
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Figure 4.8: Ensemble-mean AoA impact, significance, and counterfactual reference for Jan
1992, Jan 1993, and Jan 1994. (a—c) the AoA impact in months. A white contour is drawn
at p = 0.05, and regions of p > 0.05 are filled with white hatching. Overplotted in black
contours is the CF ensemble-mean AoA in years. (d) the same as panels (a)-(c), but for the
time-latitude plane at 10 hPa (e) the same as panel (d), but at 30 hPa.
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nificance for several years after the anomalous upwelling has ceased. The tropical impact
diminishes from January 1993 to January 1994 at 10 hPa, while the impacts poleward of
60°N remain until at least 1996. This timescale can be thought of as the transit time of
a “pulse” of young tropical air, and hence is itself a measurement of the BDC traversal
timescale.

Also observed in panels (a)-(c) and (e) is a significant positive age anomaly in the SH
between 30 hPa and 100 hPa, lasting until July of 1993. We’ll refer to this feature as SH
lower stratosphere (SHLS) aging. Because the SHLS aging is a robust finding, and yet
does not obviously follow from the expectation of an accelerated residual circulation, we
will center the following discussion of the AoA flux balance on attributing its cause. This
exercise should also provide insight into the volcanic aging process more generally. As a
working hypothesis, the observation seems to be related to (1) the fact that AU* generally
does not project onto the CF W* in austral summer, and (2) the fact that the relatively slow
migration of the AoA signal means that the interannual aging impact is dependent on the
relatively early transport modification.

Figure 4.9 shows AAoA, ARCTT, and their difference (aging by mixing) for boreal winters
from 1991-1995. Panel (b) shows a robust symmetric signal about the equator, where air is
refreshed and aged by transport in the NH and SH subtropics, respectively. This transport
anomaly explains most of the net aging signal (panel (a)). Visually scanning down panels
(b,e,h k) shows that the RCTT impact in each hemisphere strengthens and advects along
the residual circulation, crossing lines of constant transit time poleward. In the NH, as the
the signal reaches the polar lower stratosphere in 1995 (panel (k)) it becomes insignificant,
and is canceled by a strong positive aging by mixing anomaly (panel (1)).

In panels (d,e,f), the SHLS aging can be described by both enhanced transport and eddy
tracer flux, though the impacts on each are larger than the net age increase. A momentum-
based interpretation of this might be that the enhanced aging in the RCTT implies a deceler-
ated residual circulation in the SH, which in turn implies accelerated summertime easterlies
(decreased westerly Coriolis torque), and thus hampered diffusion in order to approximately
maintain thermal wind balance. Indeed, our results of Chapter 3 showed that residual cir-
culation anomalies were usually associated with anomalous wave driving of approximately
equal and opposite sign, and the net impact was a relatively small imbalance. From a tracer
perspective, the equivalent statement is that enhanced aging by transport (panel (e) SH)
tends to be associated with decreased aging by mixing (corresponding feature in panel (f)).
This cancellation (above 30 hPa) is achieved by a downward displacement of mixing con-
tours, which in turn yields an excess aging by mixing below the RCTT anomaly (below 30

hPa), which in part drives the net aging signal in panel (d).
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Figure 4.9: LV ensemble-mean aging impacts and their statistical significance in the total
AoA (left column), the RCTT (middle column), and aging by mixing (right column) for
Januarys from 1992-1995 (rows). In each panel, the CF ensemble mean of each age variable
in years is plotted as labeled black contours. Also plotted in each panel is a white contour in
p-value at p = 0.05, and white hatching in regions of p > 0.05. Solid white areas in the polar
regions of the center and right column panels are missing-value locations where originating
RCTT backward trajectories did not reach the tropopause within the integration domain.

Whatever the dynamical explanation of the transport-mixing balance at play here, it
appears to be initiated by the anomalous transport in the first place. Therefore, we will limit

our focus here to an explanation of the anti-symmetric hemispheric signal in the RCTT at
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Figure 4.10: Comparison of select LV and CF ensemble-mean RCTT trajectories averaged
over January of 1993. The trajectories were chosen as those corresponding to peak RCTT
impact in (a) the midlatitude SH, (b) the tropics, and (c) the midlatitude NH. Colored
points show the steps of the RK4 backward-integration of the time-varying residual velocity
field (Sect. 4.3.3). Times on the top-left colorbar are reported as the difference between
the trajectory launch time, and the tropopause intersection time. Circles and crosses are
used for the LV and CF trajectories, respectively. Background contours show ARCTT, with
statistical significance as white contours and hatching. A faint dotted line is drawn at 30
hPa for reference. Panels (b) and (c) share a vertical axis.

early times. Figure 4.10 reproduces the RCTT impacts for three overlapping latitude bands
centered on the positive southern ARCTT feature, the equatorial region, and the negative
northern ARCTT feature averaged over January 1993. For each region, a pair of CF and LV
ensemble-mean RCTT trajectories are shown. The particular trajectories chosen are those
that connect the tropopause to the peaks of significant ARCTT near (60°S, 20 hPa), (0°, 6
hPa), and (40°N, 10 hPa). The intention is to clarify whether the difference in transit time
are primarily due to difference in trajectory, or difference in transport speed.

We can see that while the trajectories are in fact different, their behavior is qualitatively
comparable, and it seems that the more important effect is a difference in the background
residual velocity, particularity w*. In the SH (panel (a)), the total transit time lag is about

6 months, which is already established by the time the trajectories cross the 30 hPa isobar,
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before they turn southward toward their destination. A similar but opposite conclusion is
reached from the NH trajectory (panel (c)), where the total lag of -8 months appears to have
been reached by 30 hPa. The equatorial trajectory in panel (b) exhibits almost exclusively
vertical motion, and reaches its destination with a lag of several months.

These findings reinforce one of our initial hypotheses, that relatively early transport
anomalies, specifically Aw*, control the ultimate RCTT impact distribution. But the ques-
tion remains as to why exactly the RCTT lag in each hemisphere is of opposite sign, if the
fundamental effect is enhanced upwelling. To address this problem, Fig. 4.11 shows Aw*,
ARCTT, and the impact in the local transport flux as diagnosed by the advective TEM
contribution (Eq. (4.6) + Eq. (4.7)) in the latitude-time plane at 30 hPa. Overplotted is the
zero-line of the CF ensemble-mean w*, with bold arrows indicating regions of upwelling and
downwelling. Also shown is the position of the Pinatubo eruption, and the latitude of the
maximum temperature impact AT.

Now, wherever positive (negative) contours in Aw* coincide with regions of upwelling
(downwelling), the aerosol forcing is enhancing the local vertical motion, and thus the RCTT
is decreased with respect to the counterfactual. This means that the notable Aw* > 0
feature centered on the eruption latitude in panel (a) brings relatively young air into the
upper stratosphere, as expected. On the other hand, when the signs of Aw* and the CF w*
are different, the opposite effect on the RCTT will result. Importantly, this means that the
Aw* < 0 feature south of the equator from June 1991 to April 1994 is acting to increase
transit times through the vertical column aloft. This results in a concomitant increase in
the local transport flux (panel (b)), which necessarily gives rise to a delayed effect in the
integrated measure ARCTT. In other words, the early negative upwelling impact in the
southern subtropics releases a “pulse” of old air which remains robustly detected for several
years as it traverses the BDC.

There are two effects which cause this particular response; (1) after the eruption occurs at
15°N, the maximum AT, and thus maximum Aw®*, remains in the NH for at least one year
at 30 hPa. By continuity, this must involve enhanced downwelling north and south of the
forcing, which occurs north of 45°N and south of 0°. The result is anomalous upwelling and
downwelling on opposite sides of the equator. (2) The seasonal shift of the BDC exacerbates
this meridional asymmetry, since the region of upwelling (i.e. the diverging region of the
residual streamfunciton) migrates into the southern hemisphere (black contours in panel (a)),
which we saw in Fig 4.7(e). This means that the positive aging effects of the anomalously
low vertical motion in this region is strengthened.

To be clear, if the eruption had instead occurred at the equator, the SHLS aging might

still be observed due to the seasonal southern migration of the shallow BDC branches. If the
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Figure 4.11: Relationship between the ensemble-mean impacts in vertical residual velocity,
and aging by transport at 30 hPa from July 1991 to January 1993. In all panels, solid black
contours are drawn at w* = 0 in the CF ensemble mean, a thick dashed blue line shows
the latitude of maximum AT from July 1991 to April 1992, and a red triangle shows the
position of the Pinatubo eruption. (a) Aw* in mm s~!. Thick black arrows show regions of
upwelling and downwelling in the CF data. (b) impact in AoA local transport flux (Eq. (4.6)
+ Eq. (4.7)) in days per day. (c) RCTT impact in months. Statistical significance is shown
as white contouring and hatching.

eruption had instead occurred during boreal winter, then the seasonal BDC signal would be
the opposite, and we would perhaps see aging in the NHLS instead. In any case, we have
arrived at the second of our initial hypotheses, which was that the SHLS aging effect is a
result of the misalignment of A¥* and the CF ¥*, though the eruption localization also plays
a notable role. Specifically, while the split between the BDC shallow branch cells exhibit
a meridional oscillation, the volcanic forcing of the residual circulation in contrast is fixed
near the eruption location, which alters the relative sign between Aw* and w*. This seasonal
mechanism also explains why the SHLS aging abruptly ends near June of 1992 (Fig. 4.8(e));
by this time, the southern w* zero line has moved sufficiently far west such that the southern
Aw* < 0 feature no longer opposes the sign of the background motion (Fig. 4.11(a)). This
pulls relatively young air into the southern BDC cell, which ushers out the roughly year-long
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era of diminished transport in the SHLS.

4.5.2 €90 impacts
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Figure 4.12: Ensemble-mean €90 impact, significance, and counterfactual reference for Jan
1992, Jan 1993, and Jan 1995. (a—c) Ae90 in ppb. A white contour is drawn at p = 0.05,
and regions of p > 0.05 are filled with white hatching. Overplotted in black contours is the
CF ensemble-mean €90 in ppb. (d) the same as panels (a)-(c), but for the time-latitude
plane at 15 hPa (e) the same as panel (d), but at 40 hPa.

We now briefly discuss the volcanic impacts of €90, which offers another view of the
hemispheric asymmetry in the anomalous transport response, as identified in the previous
section. Figure 4.12 shows Ae90 for select monthly means and pressure levels between June
1991 and June 1998. Panels (d) and (e) show Ae90 as a function of time and latitude at 15
hPa and 40 hPa, respectively. Panels (a)-(c) show the monthly-mean signal during boreal
summer of 1991, winter of 1992, and summer of 1992.

Because the €90 decay is much faster than the BDC traversal timescale, volcanic effects
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on this tracer are relatively short-lived. Still, statistical significance persists long enough
that we reliably identify the €90 analog of the SHLS aging that was seen previously. Above
~30 hPa, there is a uniform and robust (albeit small) increase of €90 established by July of

1991 from the north to south polar regions. This is consistent with the global decrease of
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Figure 4.13: The ensemble-mean €90 tracer TEM balance from 60°S-60°N averaged over
July 1991 (top row), Jan 1992 (center row), and July 1992 (bottom row). Each panel shows
a particular contribution to the total €90 tendency impact as colored contours, with its
statistical significance plotted as white contours and hatching. The panels in each row,
from left to right, are the local transport flux (forcing by the residual circulation; Eq. (4.6)
+ Eq. (4.7)), the sum of isentropic mixing by resolved eddies, and diffusion (Eq. (4.8) +
Eq. (4.12)), and the net tendency. A thick green line in each panel shows the tropopause. In
panels (a,d,g), arrows show the statistically significant tangent vectors of AW*, as computed
by the method in Appendix B.3.
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AoA in the upper stratosphere, associated with enhanced vertical residual velocities in the
tropics. Below 30 hPa, the impact is characterized by rising mixing-ratio isopleths in the
NH, and sinking isopleths in the SH, and a robust region of diminished €90 mixing ratio in
the SHLS. We now know this to be the signature of a negative streamfunction effect south
of the equator, which means diminished upwelling in the southern subtropics. In the €90
context, this is equivalently a decrease in upward troposphere-stratosphere mass exchange,
and/or a sinking of the tropopause in this region

To see the anomalous transport more clearly, Fig 4.13 shows the €90 TEM balance between
local transport flux, local eddy tracer flux plus mixing, and the net tendency impact (changes
to the €90 loss also contributes, but is not shown, since it is simply a scaling of Ae90). Note
that we are inferring the total balance residual X as mixing here. In the discussion around
Fig. 4.6, we described that convection and vertical diffusion are also notable components of
this quantity, but those contributions are greatly diminished above the tropopause. In panels
(a,d,g), vectors represent the statistically significant circulation given by AWU*. In panel (a),
the initial response in the month following the eruption is enhanced upwelling centered on
15°N, and anomalous subsidence near 15°S and 60°. As previously discussed, the seasonal
southward shift of the shallow BDC cells serves to exaggerate the negative transport flux
impact. This effect is expected to peak in boreal winter, shown in panel (d). During this
time, the net A €90 is in fact negative throughout the stratosphere, as the relatively minor
positive upwelling signal in the NH subtropics is canceled by mixing (panel (e)). Finally
the negative southern signal is greatly reduced by July of 1992 (panel (g)), once the shallow
BDC cells have again shifted northward.

4.5.3 Effect on the BDC seasonality

With the volcanic effects on AoA and €90 reviewed, let us step back for a brief qualitative
interpretation. We observed that a robust feature of increased age and diminished €90
concentrations develops in the SHLS soon after the eruption, and ceases abruptly one year
later. We noted that this is due in part the occurrence of the eruption in the northern
hemisphere, but that the effect is ultimately controlled by the seasonal drift of the BDC
with respect to the aerosol forcing, which modulates the relative sign between Aw* and w*.

A more general understanding can be gleaned from this collection of evidence, which is
that tropical volcanic aerosol forcing occurring during a particular season tends to nudge
stratospheric tracer tendencies toward that of the opposite season. Indeed, the AAoA that
we’'ve presented for austral summer, characterized by excessive SHLS aging, minimics the

climatological AoA net tendency of austral winter (see Fig. C.2(e)). At the same time,
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the observed Ae90 during this period, consisting of enhanced and diminished mixing ratios
above the tropopause in the NH and SH respectively, is also reminiscent of the austral winter
climatology in that tracer (Fig. C.4(e)).

Considering other hypothetical Pinatubo-like eruptions occurring throughout the year, it
appears that the generic effect on global mass transport of tropical eruptions is to dampen
the seasonality of the BDC. If true, then surely this effect should be accompanied by corre-
sponding modifications to global EP wave activity, which may in turn offer a more generalized
interpretation of the results of Chapter 3. Future work could perhaps design simulated exper-
iments toward this end. For the time being, we’d like to at least make one more incremental

advance, by inspecting the dependence of the BDC seasonal damping with eruption size.

4.6 Eruption Magnitude Sensitivity

Thus far, we have not subjected the results of these chapters to sensitivity tests in forcing
strength, and have instead limited our focus to a single volcanic scenario. This section
provides a brief inspection of the qualitative relationship between the AoA and e90 tracer
distributions, and initial eruption magnitude expressed in Tg of the aerosol precursor SO,. As
we have seen, the volcanic effect on global tracer concentrations is an indirect one, depending
on interactions with the simultaneous background conditions. As such, it is difficult to make
any a-priori estimate of the trend. A naive model of the aerosol forcing as an exponential
attenuation of longwave radiation (as we did in e.g. Eq. (2.28)) suggests that the local
heating rates should respond linearly at small mixing-ratio, but we should not make the
extrapolation that the local temperature response shares this scaling, let alone the non-local
response after the downstream dynamical development.

Fig. 4.14 shows the AAoA time series and eruption magnitude trend at 10 hPa and 30
hPa averaged over 20-40° in each hemisphere. These positions were chosen to match the
impact peaks in Fig. 4.8 panels (d,e). In the lower panels of Fig. 4.14(a-d), the trend of the
maximum |AAoA| is shown as a function of SO, mass, normalized such that the result for
the 15 Tg eruption is set to unity. The maximum |AAoA| is identified uniquely for each
SO, mass choice, and thus the occurrence of each in time are not always the same (marked
with colored triangles in the figure). A linear fit to the normalized data is also shown for
reference.

In the NH, the trend is approximately linear from 3 Tg to 10 Tg, after which there is a
hint of saturation in the AAoA from 10 Tg-15 Tg. The positive aging anomaly in the SH
at 30 hPa qualitatively shows this effect as well, while at 10 hPa the trend is approximately
linear from 3 Tg to 15 Tg. Once the peak impacts are realized, panels (a), (b) and (d)
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suggest that larger anomalies also remain detectable for longer, as seen in the persistence of
the significance of each impact curve with time.

Figure 4.15 shows the same analysis for the €90 tracer. The response appears to approx-
imately vary linearly with forcing magnitude. In the NH in particular, saturation is again
suggested for SO, loading above 10 Tg, though this is not decisive. We further note that
while the €90 tracer is sensitive to changes in cross-tropopause mass exchange, it’s concen-
tration at a fixed pressure level is also highly sensitive to displacements of the tropopause
itself. In order to clarify this, we checked that the total stratospheric €90 mass does increase
when controlling for tropopause height for the 10 Tg SOy eruption (not shown). However,
we did not evaluate the statistical significance of this finding, or trends with eruption size.
Further research could be directed to evaluating the post-volcanic troposphere-stratosphere
mass exchange more specifically.

The combination of Fig. 4.14(c,d) and Fig. 4.15(c,d) shows that both of the opposing
southern and northern hemisphere responses scale together with eruption size, which implies
that the seasonal damping effect on the BDC in general is linearly controlled over at least
the tested forcing range. It is an open question whether or not the effect should saturate
given even larger SOs loading. Either way, some nonlinear behavior should probably be
expected, since the interaction between volcanic impacts and background dynamics could

change approaching the condition |Aw*| & |w*|.
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Figure 4.14: AAoA following eruptions with 3, 5, 7, 10, 13, and 15 Tg of eruptive SOs.
(a) top panel shows the AAoA time series at 10 hPa and averaged over 20-40°S for each
eruption mass (legend in panel (d)). Each line is highlighted in color where the impact is
statistically significant. Bottom panel shows max(|AAoA]), normalized such that the result
for the 15 Tg eruption has a value of 1. Occurrence of the max impact is labeled in the top
panel with a caret of matching color for each curve. A gray dashed line shows the linear
fit to the data. (b,c,d) the same as panel (a), but for the pressure levels and meridional
averaging as given in their titles above each top panel.
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Figure 4.15: The same as Fig. 4.14, but for the Ae90 at 15 hPa (top row of panels) and 40
hPa (bottom row of panels), and the eruption mass legend given in panel (b).

4.7 Discussion & Conclusions
Our conclusions are as follows

1. The main effect of the Pinatubo eruption on tracer transport is to strengthen the
tropical pipe, which lowers age of air throughout the tropics, and in the middle-to-

upper stratosphere globally.

2. Age impacts remain detectable long after the instigating dynamical perturbations have
relaxed, and generally persist until they traverse the deep BDC (about 2 years in the
tropics, and about 5 years at higher latitudes).

3. Stratospheric concentrations of tracers with sources in the troposphere (e90) are also

enhanced with the strength of the tropical pipe.
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4. There is a hemispherically asymmetric response in the lower stratosphere, involving
increased aging and decreased €90 concentrations in the southern hemisphere, spanning

one year post-eruption. We called this feature SHLS aging.

5. The SHLS aging is due to a combination of anomalous aging by both transport and

mixing.

6. The anomalous transport component of the SHLS aging is primarily attributed to
vertical residual velocity impacts Aw*. The sign of the age impact in each hemisphere

depends on the relative sign between Aw* and the background condition w*

7. The relative sign between Aw* and w* (or between AU* and ¥*) is controlled by two
properties: (1) meridional position of the eruption, and (2) the configuration of the

lower branch of the BDC during the season following the eruption.

8. The generic interaction between tropical volcanic forcing and the global tracer trans-
port appears to be a damping of the BDC seasonal cycle, though this would need to
be verified with additional studies

Our interpretation of the BDC seasonal damping is an extrapolation from the observations
presented here; while the finding in the SHLS is robust across the ensemble and also across
the tested eruption magnitude range, it is limited to a single year and eruption location.
Verification of this conclusion generically would be better suited to an experiment involving
persistent and hemispherically symmetric aerosol forcing, rather than a transient and lo-
calized volcanic event. Fortunately, the plethora of simulated stratospheric aerosol injection
(SAT) geoengineering experiments conducted during the past decade offer some insight. Bed-
narz et al. (2023) published a model intercomparison study of meridionally-varying aerosol
injections, and concluded that w* anomalies are generally positive in the NH subtropics, and
negative in the SH subtropics for injections near 15°. Notably, the negative anomalies in
the SH occur north of the climatological w* zero-line (their Fig. 6). This resulted in excess
concentrations of ozone in the SHLS in three out of four models they analyzed, consistent
with our finding of increased AoA in that region (their Fig. 7). For the case of an equato-
rial injection, they showed positive anomalous upwelling near the equator, and downwelling
poleward in each hemisphere, all of which occurred mostly within a region of climatological
w* > 0. Associated with this vertical motion effect was an ozone increase symmetric about
the equator near 70 hPa.

Later, Henry et al. (2024) performed a similar series of SAI simulations with varying

injection latitudes, and analyzed the resulting AoA anomalies (their Fig. 5). Consistent
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with Bednarz et al. (2023), they identified increases in aging of up to ~3 months, near 70
hPa and within £40° in latitude. They also reported AoA anomaly results from the ARISE-
SAI-1.5 simulations (Richter et al., 2022; Henry et al., 2023). Those simulations included
simultaneous injection locations at +30° and 4+15° in latitude, but with overall more SO,
injected in the NH (see Henry et al. (2023) Fig. 2(a)). Consistent with both our work and
Bednarz et al. (2023), for this scenario they identified AoA anomalies of nearly 3 months in
the SHLS.

Though our results are consistent with the highlighted findings of Bednarz et al. (2023)
and Henry et al. (2024), neither of those authors describe the aging effect in the lower
stratosphere in terms of the BDC, saying instead that “The response results from local de-
celeration of upwelling in the tropical troposphere... brought about by the increase in static
stability associated with heating in the lower stratosphere and cooling in the troposphere...
This deceleration of tropospheric upwelling slows down the transport of ozone-poor tropo-
spheric air into the lower stratosphere, thus increasing ozone in the region.” (Bednarz et al.,
2023). This is perhaps at odds with our findings, since we observe robust SHLS aging and
enhanced €90 despite the fact that the tropospheric vertical velocity impacts are not insignif-
icant (Fig 4.7(a)-(c)), though admittedly we did not pay special attention to the troposphere
and did not plot Aw* below 400 hPa. If there is a contribution from negative stratospheric
w* anomalies to the lower stratosphere increases in age and ozone in Bednarz et al. (2023)
and Henry et al. (2023), then it is also unclear if the seasonal effect that we have proposed
here is contributing to the hemispherically symmetric response that they demonstrated for
equatorial injections. In particular, they did not consider the meridionally-resolved time
series of the response, which might have clarified the seasonal contributions to the long-time
mean of their tracers. We hypothesize that their symmetric aging in the subtropical lower
stratosphere is an average of SHLS aging in austral winter, and NHLS aging in boreal winter,
which would be consistent with our conclusions.

In terms of volcanic eruption simulations, there are several works which support our
findings. Pitari et al. (2016) used a paired-ensemble strategy similar to ours, and showed

Lin w* follow the eruption of Mt. Pinatubo averaged

that changes of up to 0.1 mm s~
on £20° at 30 hPa. In latitude, the positive w* anomaly peaked near 10°N, and became
negative at 10°S and 30°N. This is most likely consistent with our finding that the residual
streamfunction anomaly does project onto the background condition during the summer of
the eruption (Fig. 4.7(d)). They further showed that tropical and northern subtropical AoA
decreased by several months, as well as the meridional age gradient. They did not show
changes in age below 30 hPa, and so they may or may not have simulated the SHLS aging.

Toohey et al. (2014) looked at the circulation response to the Pinatubo eruption with a
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64-member ensemble, composed of four sets of 16 simulations, which averaged over different
prescribed forcing datesets. They observed that the residual circulation averaged over boreal
winter of 1991 was accelerated between 0° and 60°N below 1 hPa, and decelerated in the SH
between 0° and 50°S (their Fig. 10(f)), the latter of which is consistent with our Fig. 4.7(e).

A future study could be designed to test our seasonal BDC hypothesis more specifically,
by simulating similar volcanic eruptions occuring at different latitudes and/or seasons, or by
studying the meridionally- and vertically-resolved temporal evolution of residual circulation
anomalies in SATI simulations. There could be any number of other variables to consider as
well. An aspect that we did not discuss here is whether the phase of the quasi-biennial (QBO)
complicates a potential interaction between volcanic forcing and BDC seasonality. A hint of
this complication is found in Brown et al. (2023), who showed that the global symmetry of the
post-eruption vertical velocity response depended strongly on the simultaneous QBO phase
for equatorial eruptions in their simulations (their Fig. 10). It would also be enlightening
to understand how exactly wave activity balances (or fails to balance) the global residual

circulation response, which we only described in a more local sense in Chapter 3.
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CHAPTER V

Conclusion

This thesis has presented important new developments in idealized modeling of volcanic erup-
tions (Chapter 2), and has enhanced our understanding of the interaction between volcanic
aerosols and global stratospheric dynamics (Chapter 3) and transport (Chapter 4).

In Chapter 2, a new standalone parameterization set called HSW-V was introduced, al-
lowing for simulation of volcanic eruptions in idealized climate models. Specifically, we
used a Held-Suarez-Williamson (HSW) forcing set within the Energy Exascale Earth Sys-
tem Model version 2 (E3SMv2) which gives rise to an eternal, quasi-realistic steady state
climatology. Against this background state, our method introduces new species of prognostic
tracers for volcanic sulfur dioxide (SO;), ash, and sulfate aerosol. The SO and ash tracers
are deposited in the stratosphere by a short-lived and localized massive injection, and are
subsequently handed to E3SM’s tracer advection code for transport. Chemical production
of sulfate aerosol from the SO,, local radiative aerosol heating, and radiative cooling at the
planetary surface are controlled by a small set of differential equations. It was shown that
these equations can be tuned to produce atmospheric temperature impacts which mimic
those that were observed in nature following the eruption of Mt. Pinatubo in 1991. We
suggested that alternative tunings of the equations could enable the idealized representation
of other volcanic eruptions, or stratospheric aerosol injection (SAI) geoengineering scenarios.

Prior to this work, only prescribed approaches of volcanic forcing have been available
in idealized climate configurations like HSW. Prescribed forcings can be tuned to historical
forcing datasets, but cannot represent indirect feedbacks, since the forcing distribution does
not respond to changing atmospheric state. Prognostic approaches, on the other hand, typ-
ically rely on a complex interplay between chemistry, aerosol, and radiation packages, which
are often unavailable in idealized settings. HSW-V finds a middle-ground solution, where
the accuracy of proper chemistry and aerosol modeling is sacrificed in favor of simplicity and
flexibility, without losing the ability for the aerosols to interact with the environment.

In Chapter 3, a Transformed Eulerian Mean (TEM) framework was used to study the

dynamical processes which govern the stratosphere’s response to volcanic aerosol radiative
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forcing. Two paired ensembles of 15 simulations from the fully-coupled E3SMv2-SPA model
were used in this analysis. The first ensemble included the 1991 eruption of Mt. Pinatubo
in the form of a large stratospheric injection of SOs, and the other did not. The ensemble-
averaged differences between each pair of simulations from the volcanic and non-volcanic
simulations were used to isolate the volcanic impact on the atmospheric state.

This analysis found that westerly zonal winds in the midlatitude polar vortex region of
the stratosphere increased following the Pinatubo eruption. However, the nature of this
response goes beyond the traditional “thermal wind balance” interpretation. Specifically, we
found that the anomalous summertime and wintertime westerlies have very different driv-
ing mechanisms. The summer response involves enhanced tropical upwelling, and by mass
continuity, an accelerated poleward circulation cell. The Coriolis force associated with the
poleward branch of this anomalous circulation primarily drives the observed midlatitude
zonal accelerations. The winter response, on the other hand, is characterized by an equa-
torward deflection of large-scale Rossby waves, due to the altered zonal wind profile. This
deflection leads to a deficit of Rossby wave breaking in the midlatitude stratosphere, and
thus westerly wind accelerations.

This work is the first to present a full accounting for the volcanic impact on the TEM
budget that we are aware of, and the only work after Bittner et al. (2016) to identify the
wintertime wave deflection mechanism. We conclude that the TEM framework is a very
effective tool for diagnosing dynamical drivers of change following external forcing episodes.
We additionally observed that the quasi-biennial oscillation (QBO) of the tropical strato-
sphere was significantly disturbed by the volcanic aerosols, and saw some suggestion that
this is a consequence of not only perturbed upwelling, but also tropical wave characteristics.
Further analysis to elucidate the contributing wave mechanisms should be the subject of
future studies.

In Chapter 4, we used the same simulations as in Chapter 3 to study the volcanic impact
on global mass transport in the years following the Pinatubo eruption. Two inert species
were activated for this purpose; the age-of-air (AoA) and €90 tracers. The AoA measures
transit times throughout the Brewer-Dobson circulation (BDC) of the stratosphere, and the
€90 measures troposphere-stratosphere mass exchange. We found that the main effect of the
Pinatubo eruption on global mass transport is to strengthen the so-called tropical pipe, which
introduces a new population of “young” tropospheric air to the lower tropical stratosphere.
This young air takes at least 5 years to traverse the global circulation, meanwhile lowering
the average stratospheric AoA post-eruption.

We further investigated the dynamical origins of the changing AoA and €90 tracer con-

centrations by again utilizing the TEM framework, as well as the residual circulation transit
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time (RCTT) measure. Both approaches serve to isolate the changes to tracer transport by
advection, and by wave mixing. While the dominant impact was driven by the advective
impact, there were also notable findings of perturbed midlatitude wave activity and diffu-
sion altering the AoA and €90 distributions. Notably, we also saw indications that a generic
effect of tropical volcanic forcing is to dampen the seasonal signal in the BDC. Finally, we
also showed that these effects to the AoA and €90 tracer distributions scale approximately
linearly with eruption magnitude, over a range of 3 Tg to 15 Tg initial SO, loading, with
some suggestion of saturation toward higher masses. Whether that trend continues or not
to even higher masses would require further studies in order to be understood.

The chapters of this thesis represent important contributions to the CLDERA project
(Chapter 1), to the improvement of the E3SMv2 climate model, and to our ever-evolving
understanding of the climate and its interactions with stratospheric aerosols. This progress
could not have been made without my collaborators and mentors, and the generations of
hard-working scientists that established the foundational literature upon which this work was
built. We hope that this research further enriches the field of climate science, contributing in
some small way to humanity’s collective pursuit for knowledge, and the safety and security

of the future people of Earth.
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APPENDIX A

This appendix accompanies Chapter 2; Localized Injections of Interactive Volcanic Aerosols

in a Simple General Circulation Model.

A.1 Modification of the HSW forcing to Accommodate
Higher Model Tops

As suggested in Sect. 2.2.2, we make two modifications to the implementation of the HSW
forcing scheme which are (1) the adjustment of the radiative equilibrium temperature Ty
near the model top, and (2) the inclusion of an additional sponge-layer wind damping mech-
anism, described in Sect. A.1.1-A.1.2. Figure 2.1, panel (a) shows the radiative equilibrium
temperature with our modifications, and the employed vertical profiles for the sponge layer

and surface-layer damping.

A.1.1 Modified radiative equilibrium temperature

The model employed in the experiments of W98 features a top at ~3 hPa, while the standard
E3SMv2 model top is located at ~60 km, or 0.1 hPa. Applying the temperature relaxation
profile as published in W98 to E3SMv2 therefore results in undesired reversals in the polar
lapse rate near 2 hPa, as well as temperatures at the tropical model top at around 60 km in
excess of 300 K. Observed monthly-mean zonal-mean tropical temperatures peaks near 50
km are closer to ~260 K (Holton and Hakim, 2013). We experimented with modifying the
lapse rate parameters in the HSW T, as suggested by W98 and implemented by Yao and
Jablonowski (2016), but ultimately chose to attempt to retain more realistic temperatures
of the upper-stratosphere by simply imposing a lapse rate of zero for p <2 hPa in Ti,.

Specifically, the equilibrium temperature used in our modified HSW forcing is

Teq(¢v p) = Teq,HSW<¢7 max (pa p*)) (Al)

where Toq nsw(¢,p) is the form presented in Appendix A of Williamson et al. (1998), and
p* = 2 hPa.
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Other than this modification, the design and parameter choices of T, are identical to
those defined in HS94 and W98. From W98, we inherit the property that the original im-
plementation of HS94 applies below 100 hPa. Figure A.1 shows zonally-averaged tropical
temperature profiles resulting from five-year E3SMv2 runs responding to the specifications
of HS94, W98, and our modified HSW forcings. The three implementations exhibit no dif-
ference in tropopause structure. Above the tropopause, the HS model approaches a constant
temperature near 200 K, while W98 and the modified HSW forcings share a lapse rate of
approximately 2.6 K km~! until 2 hPa, where they diverge.

A.1.2 Sponge layer Rayleigh damping

Following HS94 and W98, we use the inverse timescales k,(p) and kr(¢,p) for Rayleigh
damping of the velocity ¥ and relaxation temperature 7' toward T, respectively. In addition,
we also add a second Rayleigh damping mechanism in the “sponge layer” (so-called since it
acts to absorb vertically propagating waves near the model top). The vertical profile that
we choose for the damping strength follows the implementation of Harris et al. (2021) (their
Eq. (8.15)), having a monotonic onset from ~100 Pa to the model top:

(7 dog(ne/n) \?
ks(p) = kosin <§m) : (A.2)

Here, the normalized pressure coordinate is = p/pg, with py = 1000 hPa. We define
an onset position at 1. = (1 hPa)/py, and the normalized pressure at the model top as
N1 = Prop/Po- The maximum strength of the damping is set via ky = 1/(3 days).

Given these modifications, the wind and temperature tendencies will be updated at each

physics timestep by

o — —kr(6.) (T~ T) (43)
O~ (hlr) ~ k)T (A4)

which is the totality of parameterized forcings in our model (in absence of volcanic injections).

The vertical profile of the total wind damping (ks(p) + k,(p)) is shown in Fig. 2.1, panel (a).
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Figure A.1: Zonal-mean tropical temperature profiles resulting from E3SMv2 runs of the
HS94 (solid black), W98 (dotted black), and our modified HSW (dashed red) forcing schemes,
averaged over —7°S to 7°N. The runs were done at the nel6pg2 resolution for 10 years, with
the first five years discarded as spin-up, and the time mean of the latter five-year period
shown here. The height axis is derived from the geopotential height of the modified HSW
run, with the same averaging performed.

A.2 Residual Circulation of the Modified HSW Atmo-

sphere

A discussion of the residual circulation of the HSW atmosphere was presented in Section
2.4.2. Figure A.2 shows the vertical and meridional components of the residual velocity in
the meridional plane from 100 hPa to 0.1 hPa averaged over five years of integration of a
HSW run with no volcanic injections, after a five-year spinup period. Also shown is the
residual circulation mass streamfunction. The meridional residual velocity, vertical residual
velocity, and residual velocity sreamfunction are exactly the forms presented as Eq. A6, A7,
and A8 of Gerber and Manzini (2016), respectively.

The residual vertical and meridional velocities agree qualitatively well with those com-
puted from Springtime averages of reanalysis data as presented in Fujiwara et al. (2022)
(their Figures 11.12 and 11.15). A curious feature of the HSW residual velocities are the
sign reversals in both residual velocity components, as well as the streamfunction, in the polar
stratosphere near 10-30 hPa. These features appear in some, but not all, of the Springtime

reanalysis results of Fujiwara et al. (2022) in the meridional residual velocity, though not in
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Figure A.2: Stratospheric residual circulation of the HSW atmosphere averaged over five
years, after a five-year spinup period. The vertical scale extends from 100 hPa to the model

top near 0.1 hPa. (a) The vertical residual velocity in mm s™'. Contours are irregularly
Contours are irregularly spaced.

spaced. (b) The meridional residual velocity in m s~

(c) The residual streamfunction in units of 10" kg s™*. Contours unlabeled on the colorbar
are three times their neighboring contour toward zero. That is, the positive contours are
1,3,10,30,100...

the vertical residual velocity.

A.3 Recommendations for Model Parameter Tuning

This section provides recommendations for re-tuning the idealized volcanic forcing model
presented in this work. This information may be useful if the parameterizations are to be
activated with a different dynamical core resolution, or if the model parameters are altered
to represent a different aerosol injection scenario. The results shown in Sect. 2.4.2 only
represent the Pinatubo-like parameter configuration given in Table 2.1 for a grid of nominal
200 km horizontal spacing (the nel6pg2 grid).

In our original implementation, the parameter tuning was done by manually perturbing
parameter values after a preliminary estimate, running simulations, and observing the result
of certain target metrics. In practice, the tuning process is an iterative one, since changing
the extinction coefficients changes the local aerosol heating rates, which in turn changes the
local circulation and thus plume transport. Achieving a plume that leads to both a realistic
stratospheric distribution and global mean temperature anomalies was the goal.

Each subsection below describes the tuning of a certain effect, first listing the relevant
parameters, the target metric used, and the method of the initial estimate. We suggest that
future tuning efforts of our parameterizations follow these procedures. In what follows, we

refer to a “passive” run as one where the tracer injection and sulfate production occurs as
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described in Sect. 2.3.1-2.3.2, but all radiative feedback is disabled, and the tracers are only

transported.

A.3.1 SW mass extinction coefficients

Parameters: bsw ash> Bsw,502; DSW sulfate
Target metric: maximum zonal-mean AOD

Initial estimate method: passive simulation runs

In tuning the shortwave extinction coefficients, we can make a preliminary constraint of
bsw, such that the resulting AOD 7; is representative of post-Pinatubo observations. Zonal-
mean AODs observed in the months and years following the Pinatubo eruption peaked near
0.2-0.5 (Dutton and Christy, 1992; Stenchikov et al., 1998; Mills et al., 2016), and passive
runs of our injection protocol yield maximum zonal-mean column mass burdens (as a sum
of all species) which peak near 2 x 107 kg approximately three weeks post-injection near the

equator. Constraining columns of this mass burden to have an AOD of 0.35, Eq. (2.23) then

suggests
M;
7; = 0.35 = bgw—
0.35a; m?
— bsw = ————— =700 — A5
W o107 kg kg (4.5)
where we took a; = (200 x 200) km?®, consistent with a ~2 degree resolution near the

equator. Starting with this initial estimate, we then manually and iteratively altered the
bsw parameters until converging upon the desired peak zonal-mean AOD (see Fig. 2.8), with
the final parameter values given in Table 2.1. These final values are an acceptable starting
estimate for new tuning efforts. Since Eq. (A.5) involves a factor of (area)/(mass), the bgw
parameters should be, in principle, independent of resolution. However, higher resolutions
could resolve finer, higher-density structures in the tracer fields and might therefore be

indirectly dependent on the grid spacing.

A.3.2 Surface heat transfer efficiency

Parameters: ¢
Target metric: minimum mean surface temperature anomaly

Initial estimate method: derived constraint from literature
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As we do not a priori know the relationship between surface cooling rates and the realized
surface temperature anomaly in the HSW atmosphere, we make a preliminary tuning of
¢, assuming a known maximum negative cooling rate. In their model experiments of the
Pinatubo initial plume dispersion, Stenchikov et al. (2021) observed that spatial-mean values
of the surface cooling in the equatorial belt from 0°-15°N post-injection are around AT =
—0.02 K/day (their Fig. 6), which is also qualitatively consistent with Stenchikov et al.
(1998) and Ramachandran et al. (2000). In this region, we have already roughly constrained
7 to be near 0.35 in Eq. (A.5). Solving Eq. (2.35) for ¢ in this case gives:

<—0.02 £> Ccboe (day) e (—0.35) — 1)

day )~ ¢, 1 st (36400 5)
11 a (1day) 1
— = Tsw (exp(—0.35) — 1) . AG
¢ Cp T surt (86400 ) (_0'02 %) sw (exp( ) —1) (A.6)

Using Isw from Eq. (2.5) at latitude ¢ = 0, and m; gt = (Ap;ra;/g) with Ap; = 10 hPa
(corresponding to ~100 meters or k = 2 for Eq. (2.37) in E3SMv2), this gives

(~15x107°

which is independent of horizontal resolution, since a; cancels in Eq. (A.6) (though it is
dependent on vertical resolution). The tuned value of 4.0 x 1072 is several times larger than
this estimate, since we ultimately required average tropical cooling rates significantly lower
than —0.02 K day™! (see Fig. 2.8, panel (a)) to obtain a significant surface-level temperature
anomaly near —1 K. This requirement may simply be due to the strength of the HSW

temperature relaxation at the lowest model levels needing a stronger forcing to overcome.

A.3.3 LW mass extinction coefficients

Parameters: brw ash, brw s02, DLw sulfate
. maximum mean stratospheric temperature anomaly, and
Target metric: ]
lofted sulfate plume height
passive simulation run, and derived constraint from

Initial estimate method:
literature

In making initial estimate of the LW mass extinction parameters, we first simplify Eq. (2.28)

to an approximate form where the aerosol radiative shadowing effect is not allowed (assuming
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I1w is incident on all vertical positions of the column):

AIZ‘,]C = ILW |:1 — exXp <_bLW qu#)} . (A?)

This simplified attenuation implies a stratospheric heating rate in the form of Eq. (2.30) of

1 q . Ap,
AT%JC - @ ]LW [1 — exp (—bLW %)]

Cp mi,k
1 a & Ap;
~ —— . [LVV bLVV M y (AS)
Cp Mk g

where the approximation e® ~ (1 4+ z) was used. From observations by previous modeling
studies (Stenchikov et al., 2021; Ramachandran et al., 2000; Stenchikov et al., 1998), we
expect monthly-mean zonal-mean values for the stratospheric heating rate during month
three post-injection to approach AT = 0.3 K day~! in the tropics. Note that in the works
cited for this figure, this is the total heating rate due to contributions of visible, near-infrared,
and infrared radiation. In this work, though we refer to this heating effect specifically as
“longwave”, we are tuning to the total heating rate of 0.3 K day ™.

The estimate of brw can now proceed analogously to Sect. A.3.1-A.3.2, by inverting
Eq. (A.8) for brw. Passive runs of our injection protocol yield sulfate monthly-mean zonal-
mean mixing ratios at this time and location of about 107¢ kg kg=!. The preliminary by
estimate is then

(0385) gomu (1 duy) w?

— brw = —. A9
T (10—6 %) a; ILW Apz,k (86400 S) kg ( )
g

Evaluating this form with Irw(¢ = 0) from Eq. (2.4), and using m; sut = (Ap;ra;/g) gives

II12

brw =~ 6.2 )
LW ke

(A.10)
Comparing this estimate with Eq. (A.5), our formulation implies that the aerosols are much
more efficient at attenuating shortwave radiation (by scattering) than longwave radiation
(by absorption).

From this estimate, we then manually and iteratively adjust the three brw parameters
for ash, SO, and sulfate. As suggested in Sect. 2.3.5, this tuning is done with two target
metrics in mind: (1) brw, suifate 1S tuned to give rise to maximum stratospheric temperature

anomalies of 2-3 K, and (2) brLw, asn is tuned to control the initial lofting of the fresh, dense
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plume, such that the aged sulfate population converges upon the 20-30 km vertical layer.
The parameter brw, so2 contributes to both the initial lofting and short-term temperature
anomalies. Thus, the final tuned parameters (given in Table 2.1) arrive at very different

values.

A.3.4 Avoiding a low injection height by revising the LW mass

extinction coefficient tuning

As alluded to in Section 2.3.5 and Appendix A.3.3, there is some degeneracy between brw ash
and brw so2 for controlling the initial heating of the aerosol plume, as well as degeneracy
between bryy suifate a0d brw so2 for controlling the stratospheric temperature anomalies during
the first few months post-injection. This makes the manual process of iteratively tuning the
parameters more laborious. In the present case, it also results in the implementation of a
unusually low initial injection height of © = 14 km. Specifically, we did not tune brw so2
along with brw asn and instead needed to compensate for the aggressive early plume lofting
by lowering p.

The tuning process would be easier, and a higher initial injection height of 18-20 km could
be more easily supported, if the degeneracy between these three extinction parameters were
removed. We suggest having the SO, tracer instead behave as a radiatively passive tracer,
acting only as the vehicle for sulfate production, by setting brw so2 = 0 and bgwso2 = 0.
In this case, the LW mass extinction coefficients for ash and sulfate would be independent
knobs for the lofting height, and long-term temperature anomalies, respectively. We would

consider this tuning choice an improvement of the parameterization.
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APPENDIX B

This appendix accompanies Chapter 3; Volcanic Aerosol Modification of the Stratospheric
Circulation in E3SMv2 Part [: Wave-Mean Flow Interaction

B.1 Numerical Recipes for Tendencies and Their Inte-

gration

The total tendency in the zonal-mean zonal wind u; at time ¢; is computed by the first-order

accurate forward finite difference

ou; Uiy — U

ot~ At

(B.1)

for an integer ¢ € [1, N], where N is the total number of time samples in the dataset,
At = (tit1 — t;), and w; = u(t;). Occurrences of A in this appendix take the conventional
meaning, rather a notation of impact as in the rest of this paper.

For the analysis presented in Sect. 3.5, we compute the integrated tendency of a particular
component z of the TEM momentum budget (those terms on the right-hand side of Eq. (3.6))

as )
i __
8ui/

ot

(B.2)

o\ =7, + At "

i =n,
for an integer ¢ € [n, N]. This form estimates the total “accumulated” eastward wind speed
by the forcing mechanism x over the time period from ¢, to t¢;, given a common initial
condition w,. If this recipe is applied to the total tendency 0u/0t, then Eq. (B.2) is just
a reversal of the finite difference procedure Eq. (B.1), and the model data u; is recovered
exactly. That is, starting the integration from a certain time n does not alter the time series
u, as expected.

For the TEM components, on the other hand, the choice of n does make a material
difference to the time series @®. This is a important step in the analysis, since there is
strong cancellation between the residual circulation and the EP-flux divergence forcings,

especially in the midlatitudes. There, the net resulting zonal-wind is only a relatively small
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imbalance between these effects. In addition, there is a seasonal asymmetry in the both the
residual circulation speed and large-scale wave activity, such that more zonal wind speed
is accumulated by each of these forcing sources during the winter than the summer. Thus,
applying Eq. (B.2) with n = 1 results in two time series (@*") + u™")) and @V'¥) which
simply diverge across the dataset. Choosing n > 1 instead calibrates the data to a time
period of interest.

In order to apply the significance tests of Sect. 3.3.1 to the resulting integrated tendencies,
Eq. (B.2) is computed per-ensemble-member, for all x and for each unique choice of n. Note
that because the unresolved forcing term X (Eq. (3.18)) closes the momentum budget by
construction, the sum of af) over all of the TEM components x also recovers the model data
u; exactly.

For the meridional and vertical gradients required for the TEM equations of Sect. 3.3.2,
we use second-order accurate central differences for interior points, and either forward or

backward finite differences at the boundaries. For a quantity f(¢;), this is

fi+1_fi 2 — 1

Pit1—Pi
dfi
~ {d fivi—fioa ' B.
0¢ Git1—Pi—1 I<i<N ( 3)
fi—fi—1 C
Pi—bi—1 i=N.

An analogous form is used for df/dp. Note that the TEM equations only require meridional
derivatives of zonally-averaged quantities. Therefore, the recipe Eq. (B.3) need only be
applied to the data after remapping to a uniform latitude grid via Eq. (B.12), and is not

used on the native grid.

B.2 Spherical Harmonic Zonal Averaging

For taking zonal averages, rather than interpolating the data to a latitude-longitude grid,
we use a spectral method which allows us to obtain atmospheric variable eddy components
on the native cubed-sphere simulation grid. For a 2D scalar A(¢, \), we may write it’s zonal

average A as a superposition of orthonormal basis functions:

A@g) = by (9) (B4)
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Here, b; are coefficients which scale each contributing basis function, and the basis functions

are the set of zonally-symmetric spherical harmonics Y;™=? of degree I:

Y0(9) =\ 21 Fileos o). (B3

where P(¢) are the Legendre polynomials. To justify this definition of A, it can be shown
that decomposing the dataset A(¢, \) into the full set of spherical harmonics Y, (¢, A) for

0 <l <ooand =l <m <, and zonally-averaging the resulting superposition causes all of

the non-symmetric terms (m # 0) to vanish, yielding Eq. (B.4).
Computationally, this expression for A can be approximated for a finite set of basis

functionson 0 <[ < L as
L
A(g) =) b)Y (¢) (B.6)
1=0

Consider a sampling of A resulting in the data vector A defined on a discrete set of N
gridpoints with latitudes ¢;. The zonal-mean of this data, A is found by solving for the
coefficients b; at each ¢;. The spherical harmonic amplitudes for each (¢, ) pair are stored

in an N x (L 4 1) matrix Yy, and the coefficients b, in a column vector B:

b
o [ V@) Yo ... Y6 b
Yo = b2 | Y0) Y(6n) Vo) | . B=| (B.7)
. . | ,
on L Y20n) Yon) ... YP(ow) '
In matrix notation, Eq. (B.6) is
A ~Y,B, (B.8)

and the coefficients B are solved for by decomposition of the native grid data A onto the

zonally-symmetric basis set. This requires inversion of Yy:
B=Y,'A (B.9)
and so
A~Y,Y,'A (B.10)

The inversion Y ! can be obtained by computing a least-squares solution to the equation
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Y, 'Yy = I, where I is the (L x L) identity matrix. Alternatively, it can be obtained by
Y,! = Y, diag(w) where diag(w) is an (N x N) matrix with a vector w of N data weights
on the diagonal. The weights provide the areas of the model grid cells, normalized such the
the sum of the weights is 4.

This procedure results in zonal-means, and thus eddy components, at all gridpoints V.
Alternatively, an analogous procedure can be followed to recover the zonal mean A on a
different, coarser latitude grid. This is more appropriate for visualization and storage of the
zonal-mean components. Given a uniform set of latitudes ¢’ of length M < N, we store the

[ = 0 spherical harmonics at those latitudes in an M x (L 4 1) matrix Yj:

=0 1=1 l=1L
| Yoo YP(e) . YE(4)
Yy = yo | Yo(gn) YP(eh) ..o YI(dh) (B.11)
S L YO (0h) YP(Oh) - YD(d)

and the zonal mean of the data is again a composite of these basis functions,
—; _
A ~Y,B=Y,Y,'A. (B.12)

This equation transforms the data from a N-point grid in real space, to the set of L + 1

coefficients b; in spectral space, before transforming back to a M-point grid in real space.
The matrices Yo, Y5, and Y}, need only be computed once for a given pairing of com-

putational grid ¢, remap grid ¢’, and choice of L, after which they can be saved to file for

use in subsequent computations.

B.3 Physically Consistent Vector-Field Representa-

tion of the Meridional Circulation

It is common in the literature for authors to visually represent the circulation in the
meridional-vertical plane as a vector field with components (v, w). However, because merid-
ional velocities are typically several orders of larger than vertical velocities, w is often mul-
tiplied by a post-hoc scaling factor. This scaling factor is usually of order 100, though the
specific choice depends on the data localization and processing. In any case, the choice is
usually not explicitly justified, and it is often difficult to discern if the direction of the vectors

are providing the correct physical picture of the circulation.
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Inspired by the scaling recommendations of Jucker (2021) for the EP-flux vectors, here
we introduce a method of constructing a vector field of the meridional circulation which is
physically-consistent with rotation in the meridional-vertical plane. Specifically, we define a
vector field which is everywhere tangent to isolines in a mass streamfunction ¥ (in the form
of Eq. (3.12), with a sign convention such that positive structures in ¥ indicate clockwise
rotation, and vice-versa. In other words, the curl of the visualized vector field will “look”
correct, and regions of zero curl with correspond to ¥ = 0. This is usually the implicit goal
of manual scaling of the vertical velocity w.

We will assume that the data is provided in a ¢-p plane, with latitude ¢ in degrees and
pressure p in hPa, with p decreasing toward the positive end of the vertical axis. The gradient

of ¥ in data units is

oV /0¢
oV /dp

VU = , (B.13)

which we compute by the finite difference methods of Appendix B.1. With ¥ given in kg

s71, the units of the meridional and vertical components of V¥ are kg s deg™!

and kg
s~'hPa~!, respectively. Because these derivatives are in different units, they must be scaled
such that plotting the vector field VW shows the correct direction and amplitude at any
location in the plot.

This amounts to a coordinate transformation from data units to “display units”. Following
Jucker (2021), we define the display coordinates in the plot as X and Y, respectively, which
have units of length (e.g. inches). We also define a pair of normalized coordinates z,y € [0, 1]
which give the fractional distance along each axis. For any other coordinate o € [¢, X]
mapping to d = z, or a € [p,Y] mapping to d = y, we use the notation oy = a(d = 0),
a; = a(d=1), and Aa = a3 — o (occurrences of A in this appendix take the conventional
meaning, rather a notation of impact as in the rest of this paper). If the axes are linear,

then the data and display units are related by

_ A9
O(X) = T X + o (B.14)
A
p(Y) = —m]iY + Po (B.15)

The streamfunction gradient in the display units is then obtained via the transformations

U 9 Iy IV A

X 000X 99 AX (B.16)

126



o 9V dp 9V Ap

Y oy pAY (B.17)

Since we can freely make scaling changes to the components which maintain the vector

lengths to a constant factor, we will express this as

AX x 00/0X
AX x 0V /oY

N
Ap(AX/AY) (0T /p)

V\If(ny) = <B18)

where AX/AY is the plot aspect ratio. Finally, we obtain the tangent vector field V¥ by

swapping the components and applying the desired sign convention:

—Ap(AX/AY) (0¥ /0p)

VUL =
(XX A¢OV /9

(B.19)

This is the vector field that we plot for visualizing the meridional circulation on linear
latitude-pressure axes. Note that if the display coordinates X and Y are expressed in e.g.
inches, then Eq. (B.16) and Eq. (B.17) have units of kg s™' in~'. The components of
Eq. (B.18) and Eq. (B.19) thus have units of kg s™! y-unit™', where y-unit represents a
unit-length of the y-axis, defined by AY = 1 y-unit.

If we are instead visualizing the vector field in a log-pressure vertical coordinate z =
log,o(p), then a different transformation for the vertical component is required. If we define
a normalized coordinate y € [0, 1], giving the fractional length along the vertical axis, then

the relation between y and p is given by Jucker (2021) as

(p) = log1(po) —logio(p) — In(po/p)

= Togua(po) — logso(p) (/) (8.20)
which implies
p(y) = po (p1/po)’ - (B.21)
The derivative of p with respect to the display coordinate Y is then
S _y__Lo® (B.22)

oY — oydy  AY dy

and Eq. (B.17) is replaced with
== T - In(=) (= : B.2
o = apav ~ apar (e (32) () (:23)
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—p Eq. (C12) ——» Eq. (C12), no aspect-ratio scaling = Eq. (C7)
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Figure B.1: A comparison of three representations of the gradient-normal vector field of a
winter-time streamfunction ¥ in the northern hemisphere on a log-scaled vertical pressure
axis, with a figure aspect ratio of 2.4. W is shown in the greyscale contours. Black arrows show
the vectors tangent to isolines in ¥, as computed by Eq. (B.24). Red arrows show the same
vectors, but with the aspect-ratio scaling removed (the horizontal component of Eq. (B.24) is
multiplied by AY/AX). Blue arrows shows the vectors as computed by Eq. (B.19) without
the log-pressure correction. The black arrows are the only ones which are everywhere tangent
to the ¥ contours. The blue arrows would be tangent if the vertical pressure axis were
linearly-scaled. The vector lengths correspond to the magnitude VW at each point. The
arrows presented in the figure legend represent 4 x 10! kg s=! per unit length of the y-axis.

where y in this equation is the evaluation of Eq. (B.20) at p. Following the procedure in
Eq. (B.18)-Eq. (B.19) above, the vector field that we plot for visualizing the meridional

circulation on latitude-log-pressure aces is thus

1 P1 Y
VUixy) = l_%%_i g;;;%q? (%) )] (B.24)

Figure B.1 shows the effect of these different choices for plotting the gradient-normal vector
field of ¥ for a logarithmic vertical pressure axis, with and without the plot aspect ratio
scaling and derived log-pressure scaling. This demonstrates that for rendering a vector field
parallel to isolines of ¥ while maintaining physically correct vector directions in plots of

arbitrary shape, the scalings presented here are the correct ones.
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APPENDIX C

This appendix accompanies Chapter 4: Volcanic Modification of the Stratospheric Circula-

tion: Tracer Sensitivity

C.1 Seasonal Tracer TEM Balance

This section provides the seasonal TEM balance for the evolution of the age of air (AoA)
and €90 tracers. The summer and winter balance is shown in Fig. C.2 and Fig. C.1 for AoA,

Fig. C.4 and Fig. C.3 for €90, respectively. See Sect. 4.4 for discussion.
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Figure C.1: The same as Fig. 4.5, but for a winter climatological average.
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Figure C.2: The same as Fig. 4.5, but for a summer climatological average.
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Dec—Jan 1992 E90 tendency [ppb/day]
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Figure C.3: The same as Fig. 4.6, but for a late-winter climatological average.
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Figure C.4: The same as Fig. 4.6, but for a summer climatological average.
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APPENDIX D

This appendix describes the process of taking weighted averages of climate model data on
structured latitude-longitude grids with a vertical hybrid pressure coordinate. The vertical
averaging (Appendix D.2) described here will equally apply to data stored on unstructured
horizontal grids, but the horizontal averaging (Appendix D.3) will not. For a spherical-
harmonic-based spectral method for taking zonal averages of unstructured data, see Ap-
pendix B.2.

D.1 Vertical Hybrid Coordinate

Consider a 3D variable A(¢, A, p) with orthogonal dimensions latitude ¢ and longitude A, and
a vertical pressure coordinate p. A is known on a N x M horizontal grid with coordinates
(¢i, A;), and a vertical grid composed of K model levels at reference pressures pj. In general,
the horizontal grid has unequal grid-cell area, and the vertical grid has non-equidistant
spacing.

At the north and south pole, ¢; = 7/2 and ¢y = —m/2 by convention, respectively. The
vertical index k& = 1 is the model level at nearest (but not touching) the top of the vertical
domain, and index k = K is the model level nearest (but not touching) the surface.

In addition, there are K + 1 interface levels that straddle each model level. These start
at the model top, and the lowest interface level coincides with the surface. Symbolically,
we can use a half-index notation to distinguish between model levels (index k) and interface
levels (index k 4 1/2). The reference pressure at each model level is simply defined as a

linear average of the two surrounding interfaces,

1
Pk = 5(]%—1/2 + Prr1/2) (D.1)

where

Prt1/2 = Po(@rt1/2 + brti/2) (D.2)

Here, ap+1/2, br+1/2 are known as the hybrid coefficients and are constant per model level.
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po is a constant, most often py = 10° Pa. From Eq. (D.1)-(D.2), we see that

1
Pk = 5Po (akil/Q + bkﬂ/z) = po(ax + by) (D.3)
with the definitions
1
ap = §(Qk+1/2 + ap-1/2) (D.4)
1
bk = E(bk—i-l/Q + bk_l/g) (D5)

The vertical dependence of the aj+41/2 and by41/2 may be different for the choice of vertical
resolution and model height, and in general is manually constructed as a part of the model
design. But why have these coefficients at all? Note that while the reference pressure py of
Eq. (D.1) defines the fixed vertical grid, the actual pressure at a given gridpoint, p; ; j, varies

with the prognostic surface pressure variable p, as

Dijk = axPo + be(Ds)i (D.6)

where (ps);; is the surface pressure at index (,7), in Pa. Likewise, the actual pressure at

the interface levels is

Dijkt1/2 = Gkt1/2P0 + bra1/2(Ds )i (D.7)

This kind of discretization is known as a hybrid vertical coordinate or n-coordinate, since
for ar = 0, px is an orography-following coordinate (a o-coordinate), and for by, = 0, py is
a purely pressure-based coordinate which has no knowledge of topography (a p-coordinate).
The design of the hybrid coefficients ay, by control the transition between these two regimes.
See a diagram and notes on the n-coordinate on this CESM page.

If ps is not known, then the best that can be done is assume p, = pg, in which case
Eq. (D.6) reduces to Eq. (D.3), and Eq. (D.7) to Eq. (D.2).

In the CESM and E3SM climate models, py and p, + 1/2 are supplied with any model
output as the lev and ilev fields. The actual pressure p; ;. and p; jr+1/2 is not provided,
and must be calculated by Eq. (D.2), (D.7) with the provided PS and PO fields, corresponding

to ps and the constant pg.

D.2 Vertical Averaging

We can reduce A to a 2-dimensional horizontal field by taking a vertical average, incorpo-

rating pressure-weights to reflect the varying thickness of each model level. The pressure-
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weighted average (A), is
1 p1
AWy = [ Ay 03

bs — ptop
where, as a reminder, pyop, = pr—1/2 is the pressure at the model top, or the pressure of the

highest interface level. Discretized onto the vertical grid, this is

K
1
Ap =2 — > AAp D.9
< >P Ps — Ptop kz:; g g ( )
1 K
- Ds — Ptop ; Ak(Prt1/2 = Pr-1/2) (D.10)

Here we have defined the pressure thickness of each level to be the separation of the sur-
rounding reference interface levels, Apy = (pr—1/2 — Pr—1/2)- Without knowledge of p,, this
is the best we can do.

If, on the other hand, the surface pressure (p;); ; is known, then a more accurate expression

per-gridpoint is

K
1
(< >p)z,] (pS)ZJ _ pi7j71/2 ; gk gk ( )
1 K
= Z Ai,j,k(pi,j,kJrl/Z - pi,j,k71/2) (D.12)

(ps)m —Pij12

for which the pressure terms can be computed given the procedure described at the end of
Appendix D.1.

We can also view this equation as a weighted average of A, where the weights are the
model level pressure thicknesses, normalized by the sum of all the weights. If we call those
normalized weights

e Ap; jx Ap; jx

Abiji = = (D.13)
- S Apigre ((Ps)ig — Pigase)

then we can write

K
((A)p);; = > AijnlAp, (D.14)

k=1
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D.3 Horizontal Averaging

In general, weighting a horizontal average requires knowledge of the grid cell areas. For
unstructured grids, this is necessary (though in practice, we will often omit weighting entirely
for e.g. unstructured cubed-sphere grids, which are quasi-uniform). Lat-lon grids are far
from uniform, and hence this weighting is needed, else values near the poles will contribute
disproportionately to horizontal means. We can take advantage of the properties of this grid
to deduce the appropriate weighting, and avoid computing cell areas.

On the lat-lon grid, all grid cells are uniformly sized in longitude, and only vary in latitude,
where cell areas are largest at the equator, and vanish at the poles. Thus, the horizontal

weights w; j need only be a function of ¢, with the limiting behavior suggesting
w; ; = cos(¢;) (D.15)

To see this more rigorously, note that our convention of having the latitudinal zero-point at
the equator, with ¢ € [—7/2,7/2] is non-standard in most of math and physics; with this

convention, then radial unit vector on the unit-sphere is

COS ¢ COS A
r = [cos¢sin A (D.16)
sin ¢
and thus
— sin ¢ cos A —cos¢sin \
O | _gingsinn|, - A (D.17)
96 —sing sin Do T COS ¢ COS .
coso 0

The product of the magnitudes of these vectors gives the surface element d.S,:

dST:‘@x@

53 % 95| 401 = cos ddod (D.18)

Horizontal averages ({A)n)r at vertical level k can then be computed by integrating the A

over the surface of the sphere, dividing by the total surface area

1 2m pw/2
(A= /0 / A cos o (D.19)
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Discretized onto the grid, this is

N M

1

S cos AGAY, 2 2 Ak COSGAGAN (D.20)
b B i=1 j=1

where the factor out front is the inverse of the total sum of the weights, approximating the
sphere’s total surface area. A¢ and A\ are the grid cell angular dimensions in radians. If

AM; is constant, then this becomes

1 N M
e Y s o)

i=1 j=1

The factors cos ¢;A¢; we will call the Gaussian weights (w,);, which are used in the weighted
horizontal means for lat-lon grids with non-uniform gridpoint spacing in ¢, e.g. Gaussian

grids. The sum in the denominator is approximating the integral

w/2

Z(w9>i R / cos pdp = 2 (D.22)

3 771'/2

which even for very coarse grids (e.g. N=25) has an error of ~ 1%. For this reason, Eq. (D.21)

is usually written as
N

%% DD Aija(wy)s (D.23)

i=1 j=1

If, however, we know that we have constant A¢, then Eq. (D.21) again simplifies to

1 N M
m Z Z Ai,j,k COS ¢z (D24)

=1 j=1
1 1 N M
Rl

where w; are the cosine weights as introduced in Eq. (D.15). For constant A¢, the
weighted averaging approaches Eq. (D.23) and (D.25) are equivalent. For non-equidistant
A¢, Eq. (D.25) is only approximately correct.

As was done in Appendix D.2, let us define normalized weights w;, which are just the

cosine weights normalized by the sum of all the weights,

~ COS @;
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in which case, the weighted average is concisely
| oM
((An)r = i Z Z A, j kW (D.27)

i=1 j=1

D.4 Global Average

Weighted vertical averages at a gridpoint (7,7) in a hybrid n—coordinate are taken by
Eq. (D.14):

K
<<A>p>i7j = Z Am}kApz‘,j,k
k=1

Weighted horizontal averages at level k on a standard lat-lon grid (with equidistant gridpoint
spacing in ¢ and \) are taken by Eq. (D.27):

| oM
(Ane = 57 DD A
i=1 j=1
Global averages over the entire simulation domain at a time ¢ are thus
N

M
(A) =SS ARy (D.28)

i=1 j=1 k=1
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APPENDIX E

This appendix details the step-by-step conversion between various forms of the Transformed
Euelrian Mean (TEM) equations commonly used in the literature. The version originally
introduced by Andrews and Mclntyre (1976) is provided on a midlatitude [-plane with
a height coordinate z. This is also the version included in Middle Atmoshere Dynamics
(Andrews et al. (1987); hereafter A87). More recently, a more general spherical-coordinate
version with a pressure-based vertical coordinate was chosen for the use by the Dynamics
and Variability Model Intercomparison Project (DynVarMIP) protocol (Gerber and Manzini
(2016); hereafter GM16), which is also the version that was employed in Chapters 3-4 of
this thesis.

The [-plane version has been used in many works, including in the tracer-based studies of
Abalos et al. (2017) and Abalos et al. (2013). There, the authors borrow a quantity known
as the eddy-tracer flux vector field from Andrews et al. (1987). While the dynamical TEM
equations appears in various forms in the literature, alternative expressions of the tracer
equations are more rare.

Conversions between these different expressions are straightforward, but cumbersome to
carry through the framework. We will detail the steps here, with a preference for obtaining
the result in the spherical-coordinate formulation of GM16. For the informed reader, this
appendix is intended to stand on it’s own, and so will have some redundancies of definitions

and derivations with Chapter 3.

E.1 Spherical and Local Beta-plane TEM Formula-

tions

In the GM16 formulation, the residual velocities are

"o
v—go 20 (E.1)
dOp 90 /dp
. 0 v
wr=w+ 203 696 53 /p Ccos ¢ (E.2)
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where the factor involving the eddy heat flux is the eddy streamfunction ¢ = v'6’/(96/0p).

The zonal and vertical Eliassen-Palm (EP) components are

ou v S
Fs) = acos —u'v' E.3
o = acoso { G~ | (©3)
Jducosg | v'0
Fy = acos — — —u'w E.4
w=acoso{ [1 - %6 a7 | (4
or in a log-pressure coordinate,

~ ~ P H
Fo=— Fo=—F,=—— E.5
() pou () = e =t (E.5)

The time tendency of the zonal-mean zonal-wind is a sum of four terms—advection by the
meridional residual flow and the Coriolis force, advection by the vertical residual flow, forcing

by wave activity (EP flux divergence), and subgrid processes. This is written as

ou  ou Ju Ju —
Ot Ot laav( + Ot ladvws) Ot ‘VF X (E-6)
. (9u cos ¢ Lou V-F o
- {f a cos (b(?gb] Jp acos¢ X
. Ol cos ¢ Lou 1 OFypcos¢p  OFp) —
- [ a cos ¢8¢] “ ap + @ Cos ¢ [ a cos pO¢ dp X

where X is subgrid dissipation, or more generally any acceleration imposed on @ not ac-
counted for in the other terms (notably parameterized gravity waves). GMI16 state that
these diagnostics are formulated following the textbook A87, with the following important
modification: GM16 does not follow A87 in multiplying the EP flux vector components by
a factor of the background density profile pg = pse™*# = (po/RT,)e */". They also replace

vertical derivatives in z with derivatives in p by assuming a log-pressure vertical coordinate:

Oa (?a(?p Oa 0

( da p
9z  Opdz 0Opoz Po

ANy
e /1) o (E.7)

where « is a generic variable. Thus, occurrences of the vertical velocity transform as

_82_%6]) 0 8p _E
T ot opot 3}9{ Hl( )] a - p (ES)

Let’s verify that we can recover the equations of GM16 from those presented in A87 given
these transformations. The relevant forms are Eq. (3.5.2a-3.5.3b) of A87 (which we’ll denote

with squiggly hats). Substitutions made according to the log-pressure rules given above will
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be highlighted in red. First the meridional component:

~ ou v'o —

F(¢) = Po@ COS Qb {E ag/az — u”lﬂ} (Eg)
_ . J @ v e
— RO op —prmon op
e dp 06/0p

= Flg) = poFie)

and the vertical component:

Ju cos ¢ '
— — u'w’ E.1l
a cos ¢5’¢] 00" /0= i } (E-10)

B Ju cos ¢ ' H\——
_poacosqzﬁ{[f— acosgbagb] o/ H)07 0p — (—p)uw}

~ H
=t == rokw

Fi.) = poacos ¢ { [f -

By pulling out a factor of p; = pg/RT}, we recover the log-pressure EP flux given in Eq. (A13—

A14) of GM16, and so these two formulations are consistent:

= 1~ Po . P
Flgy=—Fg = —Fg = "Fg = —F¢\/ (E11)
Ps Ps Po
. 1~ H po H H \/
Foa=—F,=—-——2F =-"¢#*ip = _"F E.12
0= e i’ ) v == fo (E.12)

Likewise, the EP flux divergence and associated zonal wind tendency term are given in A87

as

=~ 8ﬁ(¢) COSs 925 i 8F(z)

.F = E.1
v a cos P 0z’ (E-13)
au V.F
— = E.14
ot IvF  poacoso ( )
1 Ops Figycosp _ OF,
_ 0 (¢) o 1 (=) (E15)
a cos ¢ a cos PO 0z
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1 [0Fcos¢ 4 p OFy)
acosd | acospdp 7 dp

1 [0F,) cos¢ B O(p/(Hpo)Fy)
acos@ | acospdp dp

1 _8F(¢) COS¢+0F(])) . @ ’
acosd | acosgpdp  Odp | Ot IvF

where we used the fact that the factor p/(Hpy) = —po/(Hps) is not a function of pressure,
and so can be moved inside derivatives of p. The fact that the zonal-mean zonal-wind
tendency is equivalent in either formulation makes sense, since whichever conventions we
choose to use in the definition of the EP flux vector, it must not affect the physical forces
on @l This should also be true of the two advection terms of Eq. (E.6). To check this, we
will first need the transformed residual velocities as given by A87. These turn out to be

unaffected:

~x% 10 poW
v ——
po 0z 06/0z
SN A J—
po\ H/ Op—(p/H)00/0p
. i
—or 2 (2 ) v
Ip \poH ) —(p/H700/dp
_ 0 vl
T———— =0
dp 0 /dp
~ N 9] v .
acos g9 96 /0=
B <> o 0 V' .
D acos 90 —(p/H)dd/Op
i
p

I
1

(E.16)

Il
S|

*

g
I
gl

0S¢ (E.17)

0S @

Thus, the other terms of 0u/0t transform simply:

u

Jdu B Jucosg |  Ju
ot

= { a acos¢8¢} T ot

v (E.18)

~ Ju cos ¢
[  acos (b@cﬁ}

adv(v*) adv(v*)
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9u __g0u__ W0u_ ( H ., (_py)‘u_ ou _ du
- - Y8 T ap op ot

adv(w*)

(E.19)

Now let’s reverse-engineer the conversion from [-plane coordinates to spherical coordi-
nates. The Beta-plane (hereafter denoted with superscript ) form of the TEM zonal-mean

zonal wind tendency equation is given in Andrews and McIntyre (1976) as

o’ ou ou —
e _ B el I At FP - X E.2
ot { 8y] vy TV (E-20)
Ju u 0 0 —
! [ ay] aﬁ{ay w5 <z}
where the components of the EP flux vector are
FP = gu 29 —u’, (E.21)
W 02 80/0z
o
(f - @) —ww’ (E.22)
00/0z
and the residual velocities are
o v
7By 7 E.23
YT 92 00/0- (E.23)
o v
—%B _ —
=T+ —— E.24
v YT 9y 00)0- (E.24)

In relaxing the beta-plane assumption (converting to more generic spherical coordinates),
we should recover the equations given in GM16. The meridional residual velocity transforms

simply, as it only involve derivatives in z:

g8 =g 0 U0 25—(]%0 =7 :”*\/ (£.25)
92 90/0~ dp —(p/ 00/ p dp 99 /dp

For the vertical residual velocity and EP flux components, we will need to proceed more

carefully. Meridional derivatives are transformed using

Oa 1 Oacoso
dy  acos¢ O (E.26)
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and components of a vector A moving from the -plane to spherical coordinates involve a

factor like

A(g) = acos qﬁAfy)
A(p) = acos gzﬁA’(Bp)

Using these rules, the vertical residual velocity transforms as

p

ot =w

o v <H> 1 0 v
— 0s ¢

+ - = —|— — —
0y 909~ acos ¢ 06 —(p/H)08/dp

== (H> [w—i— 0 o Cosgb]
B P acos ¢0¢ 90 / Op

(D)

P

and the components of the EP flux vector transform as

3 du v'6’ )\ ou v’
F():— — —u’v’:(ﬁ> — —u'v'
Y 0z 00/0z 3?%89/8})
ou v —;
= —— —u
dp 06 /0p

_ B
= F4) = acos (bF(y)\/

ou\ vo Ju cos ¢ 0
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E.2 Momentum and Tracer TEM Formulations

With all of this work done to understand the transformations between these formulations,
we can now write the eddy transport vector consistently with GM16. The time tendency of
a zonal-mean tracer mixing ratio field ¢ in the TEM framework is that of A87 Eq. (9.4.13)
(also Eq. (1) of Abalos et al. (2017)):

Jdg  0q Jq 361 =
E - E adv(v +8t adv(w*) 825 +S (E32)
Jdg  ,0q
ek P M
—v By w”* 5 + V + 5

where S are the net sources and sinks (including dissipation and other unresolved forcings),
and M is the eddy transport vector or the eddy tracer flux vector (authors have used both
terms). We immediately see that the structure of this equation is analogous to Eq. (E.6),
where the eddy tracer flux divergence plays the role of the EP flux divergence, and S replaces

X. The components of M are given in Appendix 9A of A87 as

oq v'e’
M!S =py | o= — gV E.
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aqg v'o
Mﬁ — i — du’ E.34
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We have included superscripts to make it clear that these are given for Cartesian [-plane
coordinates. Let’s now make the necessary transformations. This involves (1) taking deriva-
tives and vertical velocities from z — p, (2) taking horizontal derivatives from y — ¢,
(3) applying vector component transformations from local -plane coordinates to spherical

coordinates, and (4) cancel factors of py between M and 9g/0t. Explicitly, this is
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and

‘ Jq v’ —
— ﬁ — Iay!
Mo = piacos oy = pincos { v ) ov —gpmronap 4 } (5:36)
a cos ¢ { 9 _vo ’_v’}
— A COS ¢ — —
apovjop
- , p
M,y = pga cos @]\Jg)) = pga cos ¢ <_E>M(i) (E.37)

_ (N[ 01 vO
_pgacobgé( H>{ 3y85/3z qw}
B gb% B 0q cos ¢ 0 (. —
= poacos H acosd)@qb;@p%ﬂ”j@@/ap P Ehd

— acosd _8§cos¢) v _ g
e a cos pdd 96/ dp 4

The eddy tracer flux divergence is then (following GM16),
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v a cos ¢pO¢ + Op (E-38)

These forms are analogous to the EP flux vector components, where g replace w, and the

Coriolis force is discarded. In summary,
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We can also instead write down the log-pressure versions of these vector components,
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Here we note that what is called the “eddy-flux components” in Dietmiiller et al. (2017)
and Abalos et al. (2013) differ from the conventions of GM16. They instead write the tracer

tendency as
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APPENDIX F

This appendix describes a simple method of implementing new tracer constituents in the
E3SMv2 atmosphere model (EAM), which was used in implementing the SO,, sulfate, ash,
€90, and age-of-air (AoA) tracers used in teh analyses presented in Chapters 2 and 4.

This discussion is not complex, but is quite technical in its details, and so knowledge of
Fortran and the structure of the E3SM and/or CESM model framework on the part of the
reader is assumed. Some familiarity of the Common Infrastructure for Modeling the Earth
(CIME; Foucar et al. (2017)) is also beneficial.

For a clone of the E3SM model in directory ./E3SM, all paths in this appendix are written

relative to the EAM source at ./E3SM/components/eam/ unless noted otherwise.

F.1 E3SM Tracers Overview

In the years both before and after E3SM’s diversion from CESM (Golaz et al., 2019), devel-
opers have inserted routines for the definition, management, and evolution of many active
and passive tracer species. These routines are locatable in the code base by grep’ing for
keywords, which shows that the methods of implementation vary greatly; some packages de-
cide to include the tracer logic alongside their other internal mechanisms, while some make
more of an effort to encapsulate these routines (both of these approaches can be seen in the
tracer-related codes that are scattered among the src/chemistry packages). By “definition”
and “management”, we refer to the plumbing required to ensure that the model and CIME
infrastructure is aware of a given tracer, and that it is available as a history output to the
user. By “evolution”, we refer to the implementation of tracer mixing-ratio time-tendencies,
which are passed to the semi-Lagrangian tracer transport scheme (Bradley et al., 2022) for
advection.

A rather clean and well-encapsulated tracer implementation is seen in a module inherited
from CAM at src/physics/cam/aoa tracers.F90 (where ‘aoa’ stands for “age of air”,
and implements a suite of age tracers; see Neu and Plumb (1999); Waugh and Hall (2002);
Gerber (2012); Gupta et al. (2020)). This module provides as single place for reading namelist

settings, registration and initialization of a tracer set, and passing tracer tendencies to the
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transport solver. In what follows, we use this module as a template to describe the new
inclusion of any arbitrary-length set of tracers into the model.

As a disclaimer; everything presented here was learned in some part by combing through
in-line K3SM documentation, and through private communications with past developers,
but mostly via manual inspection and reverse-engineering of the calling sequences in the

model. If there are any issues with the material in this document, please let the author know.

The aoa_tracers module has the following structure of public and private interfaces:

module aoa_tracers:

public subroutine aoa tracers register()
registers constituents via the cnst_add interface of physics/cam/constituen-

ts.F90

public subroutine aoa tracers readnl()

reads namelist options

public subroutine aoa tracers implements cnst()
returns true if specified constituent is implemented by this package (queried by

dynamics/{dycore}/inidat.F90 for initialization)

public subroutine aoa tracers_init()

initializes history fields, datasets

public subroutine aoa tracers_init_cnst()

interface for initializing all constituents tracked by this package

private subroutine init_cnst_3d()

initializes 3D constituent field for single tracer

public subroutine aoa tracers timestep_init()

performs per-timestep initialization

public subroutine aoa tracers timestep_tend()

computes tracer tendencies

Again, all of these interfaces are required by the dynamical core and physics routines
to ensure that the tracer species being included will be known to the model, will be
evolved on the physics timesteps, and will be available for initialization and history file

output. The two functions that contain the actual physical expressions of the tracers
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are aoa_tracers_timestep_tend() (which gives the mixing-ratio temporal derivatives) and
init_cnst_3d() (which gives the analytic initial condition of each species in the case that
we do not read it from a data file). In addition, the following namelist settings are defined

in bld/namelist files/namelist_definition.xml:

logical aoa tracers_flag
If true, age of air tracers are included. This variable should not be set by the

user. It will be set by build-namelist to be consistent with the ~age of air _trcs

argument specified to configure.

logical aoca read from ic_file
If true, age of air tracers are read from the initial conditions file, else they are

analytically initialized by aoa tracers init cnst()

as well as a configure option in bld/config files/definition.xml (which is distinct from
a namelist setting in that it is interpreted by EAM via CAM_CONFIG_OPTS)

binary age of air trcs
Switch on (off) age of air tracers: O=off, 1=on. This will automatically set the

aoa_tracers_flag namelist setting.

How to properly set these namelist and configure options will be described in Appendix F.3.
For now, we assume these are provided correctly by the user, and discuss the subsequent

order of operations by the model. These are:

1) Begin with read namelist() from src/control/runtime_opts.F90, which calls
aoa tracers readnl() to read in namelist settings and broadcast values to all pro-
cesses. This depends on some namelist configuration at build time, which is found

at:
e bld/configure: interprets and sets the configure option age of air trcs to en-
able/disable the tracer module
e bld/build-namelist: updates the namelist setting aoa tracers flag by the

configure option age of air trcs

2) The coupler begins model initialization via cam_init () in

src/control/cam comp.F90. This performs the following steps:

(a) Via cam_initial() in src/dynamics/{dycore}/inital.F90, call phys_regist-
er () in src/physics/cam/physpkg.F90, which invokes aoa_tracers register-—

(), and applies the flag aoa read from ic _file to each tracer field
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3)

(b) Via cam_initial() in src/dynamics/{dycore}/inital.F90, call initial_con-
ds (), which in turn calls read_inidat () of src/dynamics/{dycore}/inidat.F-
90. Internally, this function loops over all registered tracer constituents; for
any constituent m where aoa tracer implemented cnst(m) is true, either call
aoa tracers_init cnst(), which performs the analytic initialization, or read
the initial condition from file via inf1d(), depending on the namelist setting of

aocoa_read_from_ic_file.

(c¢) Via phys_init() in src/physics/cam/physpkg.F90, call aca tracers init(),
which adds the tracer fields as available history outputs via addf1d ().

The coupler begins to cycle through all time steps in the atmosphere coupling inter-
val. Each timestep begins with a call to cam run1() of src/control/cam comp.F90
(containing a call to phys_runl () of src/physics/cam/physpkg.F90) for running the
first phase of dynamics and physics before surface model updates. Here, the following

happens:

(a) The timestep is initialized via phys_timestep_init() which calls aca tracers_
timestep_init (), where per-timstep re-initializations of the tracer constituents

can be implemented.

b) tracer mixing ratios are written out via a call to dig_phys_writeout() from
g g-phy
physics/cam/cam diagnostics.F90 (for the first timestep, this outputs the ini-

tial condition)

cam_runl() is followed by a call to to cam_ run2() (containing a call to phys_run2())
for running the second phase of physics for methods that require surface model updates.
The following steps will occur in phys_run1() — phys_runl adiabatic_or_ideal()

for FIDEAL runs, and in phys_run2() for any other compset, but are otherwise identical:

(a) Call aoa tracers_timestep_tend(), which computes the tracer tendencies for

the current timestep

(b) Call physics_update() from physics/cam/physics_update mod(), passing the

tendencies returned from the previous step

(c) Call check_tracers_chng() from src/physics/cam/check_energy.F90, passing
the updated physics state from the previous step, which checks that the tracer
mass changes match any boundary fluxes, ending the model run in the case of

significant conservation errors
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5) Repeat steps 3-4 for all timesteps, and finalize the model run via cam_final() in

src/control/cam_comp.F90

Defining a new tracer module is then just a matter of replicating the structure of the
aoa_tracers module, as well as all calls to it’s public subroutines in the rest of the codebase.
As long as that is done, then the steps 1-5 outlined above will be performed by the model
run, and the output should be as expected. In Appendix F.2, we detail how this is done.
Of course, there is a much simpler and faster way to achieve a custom tracer in the
model, without needing to do the busy work of defining a new module entirely, and without
needing to know anything about the model’s inner-workings. One could simply hijack the
aoa tracers module (or any other tracer-implementing module, e.g. a chemistry package)
by redefining it’s tracer constituent fields to obey the desired tendencies and initializations.
This is bad practice (and ugly), but it can be a useful technique for preliminary development

and testing.

F.2 Defining a New Tracer Module

Here we describe the implementation of a custom tracer module cldera passive tracers at
src/physics/cam/cldera passive tracers.F90, which enables the use of a custom AoA
tracer, as well as the €90 (Abalos et al., 2017) and ST80 (Eyring et al., 2013) tracers. These
species are all passive, and below we refer to the three of them as a group as “passive”
tracers. The code changes are available in our CLDERA E3SM fork on GitHub.

We will first detail everywhere that references and calls need to be made to the tracer

module via it’s subroutines and associated namelist/configure settings in Appendix F.2.1,

and then discuss the contents of the module’s subroutines themselves in Appendix F.2.2.

F.2.1 References to the module

As mentioned above, all we need do is mimic the structure of aoa tracers, and all calls
to it’s subroutines elsewhere in the model. To determine where all of these changes will be
needed, it is simple (if not sophisticated) to do a recursive search of all of the model code
via

$ grep -R 'aoa\|age_of_air'

All relevant sections of code for the aoa tracers module contain one of these two substrings.
If this command is executed from the top directory of the model ./E3SM, the resulting files

containing matches should agree with the discussion of Appendix F.1, as follows:
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For defining and reading namelist options:
components/eam/bld/namelist files/namelist definition.xml
components/eam/bld/build-namelist

components/eam/src/control/runtime opts.F90

For setting configure flag:
components/eam/bld/config files/definition.xml

components/eam/bld/configure

For initialization:
components/eam/src/dynamics/se/inidat.F90
components/eam/src/dynamics/sld/inidat.F90*
components/eam/src/dynamics/fv/inidat.F90*

components/eam/src/dynamics/eul/inidat.F90*

For calling the module from MMF physics:
components/eam/src/physics/crm/physpkg.F90*

For calling the module from CAM physics:
components/eam/src/physics/cam/physpkg.F90

In what follows, we do not consider any edits to the files marked with red asterisks® (that
is, we will describe an implementation that works only for the SE dycore and CAM physics;
extending this to more general use-cases should be straightforward).

Below is given each code snippet that needs to be inserted into the corresponding file.
We do not display line numbers here, since they are bound to change; the precise position
can be found by simply searching the file contents. Ellipses (.. .) indicate some separation

between the surrounding line by (possibly lots of) other code.
1) In components/eam/bld/config files/definition.xml, add a configure option def-
inition:

<entry id="cldera_passive_trcs" valid_values="0,1" value="0">
Switch on (off) CLDERA aoca, €90, st80 tracers: O=off, 1=on.
</entry>

2) In components/eam/bld/configure, add some logic for setting defaults and writing

to the log:
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OPTIONS
-cldera_passive_trcs Switch on idealized stratospheric aerosol injection tracers.
Default: off

"cldera_passive_trcs!" => \$opts{'cldera_passive_trcs'},

# Allow user to turn on the cldera passive tracers
if (defined $opts{'cldera_passive_trcs'}) {
$cfg_ref->set('cldera_passive_trcs', $opts{'cldera_passive_trcs'});
}
my $cldera_passive__trcs = $cfg_ref->get('cldera_passive_trcs') 7 "ON" : "OFF";
if ($print>=2) { print "CLDERA passive tracer package: $cldera_passive_trcs$eol"; }

if ($cldera_passive_trcs eq "ON") {
$nadv += 3;
if ($print>=2) { print "Advected constituents added by the CLDERA passive
tracer package: 3$eol"; }

The last snippet above is important; it lets the model know that this module will be
tracking 3 tracer species. via the increment to $nadv. This needs to be changed to

however many tracers the module will implement (it is 4 for aoa_tracers).

In components/eam/bld/namelist files/namelist definition.xml, add the

namelist definitions:

<entry id="cldera_passive_tracers_flag" type="logical" category="test_tracers"
group="cldera_passive_tracers_nl" valid_values="" >

If true CLDERA aoa, €90, st80 tracers are included.

This variable should not be set by the user. It will be set by build-namelist

to be consistent with the '-cldera_passive_trcs' argument specified to configure.

Default: set by configure

</entry>

<entry id="cldera_passive_read_from_ic_file" type="logical" category="test_tracers"
group="cldera_passive_tracers_nl" valid_values="" >

If true CLDERA aoa, €90, st80 tracers are read from the initial

conditions file. If this is not specified then they are not read from IC file.

Default: TRUE

</entry>

In components/eam/bld/build-namelist, add logic to automatically set the namelist
setting for toggling the module on/off by the corresponding configure option at build

time:
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if ($cfg->get('cldera_passive_trcs')) { add_default($nl,
'cldera_passive_tracers_flag', 'val'=>'.true.'); }

In components/eam/src/control/runtime_opts.F90, add a call to read the namelist

settings:

use cldera_passive_tracers, only: cldera_passive_tracers_readnl

call cldera_passive_tracers_readnl(nlfilename)

In components/eam/src/dynamics/se/inidat.F90, add calls to the tracer initializa-

tion routine:

use cldera_passive_tracers, only: cldera_passive_tracers_implements_cnst,
cldera_passive_tracers_init_cnst

else if (cldera_passive_tracers_implements_cnst(cnst_name(m_cnst))) then
call cldera_passive_tracers_init_cnst(cnst_name(m_cnst), qtmp, gcid)
if (par/masterproc) write(iulog,*) ' ', cnst_name(m_cnst), &
' initialized by "cldera_passive_tracers_init_cnst"'

In components/eam/src/physics/cam/physpkg.F90, add calls to register and initial-

ize the tracer module:

use cldera_passive_tracers, only: cldera_passive_tracers_register

! Register CLDERA stratospheric aerosol injection tracers
call cldera_passive_tracers_register()

use cldera_passive_tracers, only: cldera_passive_tracers_init

! CLDERA passive tracers
call cldera_passive_tracers_init()

In the same file, for ideal physics runs, in the subroutine phys_runi_adiabatic_or_i-
deal () (this snippet will not have an age-of-air parallel in a standard E3SM fork, since
those tracers are not enabled for the FIDEAL compset; see the source of this file in the
GitHub repository linked above for specifics), add the per-timestep calls to the tracer

tendency function, and update physics:

! ——JH--: adding to allow CLDERA passive tendencies
use cldera_passive_tracers, only: cldera_passive_tracers_timestep_tend
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! —==JH--: Allow advancing of CLDERA passive tendencies if enabled

! the timestep_tend function automatically checks that these tracers are enabled
for the run

call cldera_passive_tracers_timestep_tend(phys_state(c), ptend(c), ztodt,
phys_state(c)incol)

call physics_update(phys_state(c), ptend(c), ztodt, phys_tend(c))

call check_tracers_chng(phys_state(c), tracerint,
"cldera_passive_tracers_timestep_tend", nstep, ztodt, &

dummy _cf1x)

In the same file, for full physics runs, in the subroutine tphysac(), add analogous

code to that shown above:

use cldera_passive_tracers, only: cldera_passive_tracers_timestep_tend

call cldera_passive_tracers_timestep_tend(state, ptend, ztodt, ncol)
call physics_update(state, ptend, ztodt, tend)
call check_tracers_chng(state, tracerint, "cldera_passive_tracers_timestep_tend",
nstep, ztodt, &
cam_inYcflx)

In the same file, in the subroutine phys_timestep_init (), add calls to the per-timestep

initialization:
use cldera_passive_tracers, only: cldera_passive_tracers_timestep_init

! CLDERA passive tracers
call cldera_passive_tracers_timestep_init (phys_state)

F.2.2 Content of the module

Finally, we take a look at the actual content of the important subroutines. We will show
here the modified functions of our custom cldera passive tracers, though they are just
as legible for the aoa_tracers. Some of the subroutines are listed, but the code is not shown;
these functions are generally trivial and uninteresting, and will be copied verbatim for most
applications; see instead the source code at the GitHub repository (or in aca_tracers.F90).
In the snippets below, line numbers are relative to the code shown, and do not correspond

to the source files.
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1) In cldera passive tracers register(), the constituents are registered via the

cnst_add interface of physucs/cam/constituents.F90. See source code for details.

2) In cldera passive tracers readnl(), the namelist options are read and broadcast

to all MPI ranks. See source code for details.

3) In cldera passive tracers_implements cnst(), return true if the specified con-

stituent is implemented by this package. See source code for details.

4) In cldera passive tracers_init(), initialize history fields, datasets. See source code

for details.

5) In cldera passive tracers_timestep_init (), perform per-timestep re-initialization
of tracer fields. This module does not do this, but the template is retained (currently

just returns). See source code for details.

6) In cldera passive tracers init cnst(), perform initialization of tracer fields via a
call to init_cnst_3d (). This module initializes all three tracers, AoA, €90, and ST80
to zero everywhere. Here, line 20 aborts the initialization in the case that the cldera_
passive_tracers_flag option is .false., which would have been set at build-time
by the cldera passive_trcs configure option. Lines 54, 59, and 64 do the actual

initialization to zero, on the mixing ratio field q:

Purpose: initialize test tracers mixing ratio fields
This subroutine is called at the beginning of an initial run ONLY

character(len=*), intent(in) :: name
14 real(r8), intent(out) :: q(:,:) ! kg tracer/kg dry air (gcol, plev)
15 integer, intent(in) :: gcid(:) ! global column id
16
17 integer :: m

0 if (.not. cldera_passive_tracers_flag) return

dom = 1, ncnst
if (name == c_names(m)) then
! pass global constituent index

NN N NN
w N e

N
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25 call init_cnst_3d(ifirst+m-1, q, gcid)

26 endif

27 end do

28

20 end subroutine cldera_passive_tracers_init_cnst

35 subroutine init_cnst_3d(m, q, gcid)

37 use dyn_grid, only : get_horiz_grid_d, get_horiz_grid_dim_d

38 use dycore, only : dycore_is

39

40 integer, intent(in) :: m ! global constituent index

41 real(r8), intent(out) :: q(:,:) ! kg tracer/kg dry air (gcol,plev)
12 integer, intent(in) :: gcid(:) ! global column id

14 real(r8), allocatable :: lat(:)
45 integer :: plon, plat, ngcols
46 integer :: j, k, gsize

19 if (masterproc) write(iulog,*) 'cldera_passive CONSTITUENTS: INITIALIZING
' ,cnst_name (m) ,m

51 | ====== cldera_passive ======
52 if (m == ixaoa) then

53

54 q(:,:) = 0.0_r8

56 ! €90

57 else if (m == ixe90) then
58

59 q(:,:) = 0.0_r8

60

61 | ====== ST80 ======

62 else if (m == ixst80) then

64 q(:,:) = 0.0_r8
66 end if

68 end subroutine init_cnst_3d

7) In cldera passive tracers_timestep_tend(), compute the time tendencies of the

mixing ratios at each timestep. Here we also perform operations on the mixing ratio
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itself under some conditions. The AoA tracer ¢; has a source of

Opp 1 dayl

I _ - a2 F.1
ot 86400 day s (F.1)

everywhere above 700 hPa, where ¢; is interpreted as a “dimensionless mixing ratio”

in units of day/day. Everywhere below 700 hPa, we set

8(]1 Chﬂ 1

- - F.2
ot day s (F2)
day
=02 F.3
0 day (F.3)

That is, the tracer tendency describes a clock always “ticking” above the surface layer.
The output will give average number of days since last contact with the surface layer

for air in the grid cell. This is implemented in lines 80-87.

The €90 tracer ¢, is given a dissipation with an e-folding timescale of 90 days:

dga 1 kg1

N S .- F.4
at 90 x 86400 kg's (F4)

It’s emission is given as a surface flur, which is written to the cflx field
of the input package tendency object ptend.  The model will later handle
turning this into an actual mixing ratio flux over the first model level in
src/physics/cam/diffusion solver.F90. The surface flux ®, is chosen to agree
with Abalos et al. (2017):

lecules 1 mol 1 kg m? g
o, — (27736 x 101t BOEWES ) (2 WO 10000—— 2 5 2 98 &
( % cm? s A molecules % 1000 g x cm? X mol

(F.5)

where A is Avogadro’s constant, and the last term is the molecular weight of car-
bon monoxide (CO), which is the molecular weight of €90 used in WACCM. This is
implemented in lines 66-74, 90-92, and 113-115.

The ST80 tracer g3 is given a dissipation with an e-folding timescale of 25 days below
80 hPa,

dgs 1 kg1

- S .- F.6
at 25 x 86400 % kg s (F-6)
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and is held at a constant mixing ratio of 200 ppbv above 80 hPa,

8Q3 kg 1
i _ 2z F.
ot kg s (F.7)
kg
=200 = F
g5 = 200 > (F.8)

This is implemented in lines 94-102.

subroutine cldera_passive_tracers_timestep_tend(state, ptend, cflx, dt)

use physics_types, only: physics_state, physics_ptend, physics_ptend_init
use phys_grid, only: get_rlat_all_p , get_lat_all_p

use cam_history, only: outfld

use time_manager, only: get_nstep

use ref_pres, only: pref_mid_norm

use time_manager, only: get_curr_time

! Arguments

Itype (physics_state), intent(in) :: state ! state variables

type (physics_state), intent(inout) :: state | ==Ji==

type (physics_ptend), intent(out) :: ptend ! package tendencies
real(r8), intent(in) :: dt ! timestep

real(r8), intent (inout) :: cflx(pcols,pcnst) ! Surface constituent

flux (kg/m~2/s)

integer :: i, k

integer :: lchnk ! chunk identifier
integer :: ncol ! no. of column in chunk
integer :: nstep ! current timestep number

logical :: lq(pcnst)

integer :: day,sec ! date variables
real(r8) :: t ! tracer boundary condition
real(r8) :: aoca_scaling ! scale AOA1l from nstep to time

real(r8) :: efold_st80
real(r8) :: efold_e90
real(r8) :: mweight_e90
real(r8) :: sflx_e90

e-folding timescale for €90 in s
e-folding timescale for e90 in s
molecular weight of €90 in g/mol
surface flux of €90 in mol cm™-2 s”-1

if (.not. cldera_passive_tracers_flag) then
!Tnitialize an empty ptend for use with physics_update
call physics_ptend_init(ptend,state’,psetcols, 'cldera_passive_trc_ts')

160



66

67

69

ISR S T |
N =)

ot

[od] [od] 00 0 © ~ ~ ~ -~ -~
W Nk O © W =

g
~

90

return
end if

1q(:) = .FALSE.

lq(ixaoa) = .TRUE.

19(ixe90) = .TRUE.

1q(ixst80) = .TRUE.

call physics_ptend_init(ptend,statelpsetcols, 'cldera_passive_tracers', 1lq=1q)

nstep = get_nstep()
lchnk = state¥lchnk
ncol = statelncol

! ———- compute AOA time scaling (1 s in days)
aoa_scaling = 1._r8/86400._r8

! -———- e-folding times for €90 (90 days in s), st80 (80 days in s)

! (reciprocals match WACCM 'e90_tau' and 'ST80_tau', and table A2 in
! Tilmes+ (2016) Representation of CESM1 CAM4-chem within CCMI)
efold_e90 = 90._r8 * 86400._r8

efold_st80 = 25._r8 * 86400._r8

---- molecular weight and surface flux for e90

(surface flux matches Abalos+ (2017), molecular weight is for CO, matches
WACCM surface emissions specification in
emissions_e90global_surface_1750-2100_0.9x1.25_c20170322.nc)

mweight_e90 = 28._r8

sflx_e90 = 2.7736ell_r8 ! [molecules cm™-2 s~-1]

sflx_e90 = sflx_e90 / 6.022141e23_r8 ! [moles cm™-2 s”-1]
! convert mol to g, g to kg, cm™-2 to m"-2 for flux in [kg m™-2 s~-1]
sflx_e90 = sflx_e90 * mweight_e90 * (1._r8/1000._r8) * 10000._r8

! ADA
! clock tracer with a source of 1 day/day everywhere above ~700hPa
if (pref_mid_norm(k) <= 0.7) then

ptend%q(i,k,ixaoca) = 1.0_r8 * aoa_scaling
else

ptend’%q(i,k,ixaca) = 0.0_r8

state’q(i,k,ixaoa)
end if

I
o
lb
&

! €90
! dissipates with e-folding time of 90 days
ptend’q(i,k,ixe90) = -(1._r8 / efold_e90) * statelq(iu, k, ixe90)

| ============ QT80 ============
! dissipates with e-folding time of 25 days below "80 hPa,
! constant concentration of 200 ppbv above

if (pref_mid_norm(k) >= 0.08) then
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98 ptend’q(i,k,ixst80)
99 else

100 ptend’q(i,k,ixst80) 0._r8

101 state’,q(i, k, ixst80) = 200e-9_r8 ! 200 ppbv to vmr

-(1._r8 / efold_st80) * statelq(iu, k, ixst80)

102 end if

103 end do

104 end do

105

106 | cesemcosesssssssssss TRACIER IPILPJES s—=smsc=sososso=so=s
107 do i = 1, ncol

108

109 ! AOA

110 ! no surface flux
111 lcflx(i,ixaoa) = 0._r8

113 ! e90
114 lcflx(i,ixe90) = sflx_e90
115 ptendlicflx(i,ixe90) = sflx_e90

117 | ====== QT80 ======
118 ! no surface flux
119 lcflx(i,ixst80) = 0._r8

121 end do

123 end subroutine cldera_passive_tracers_timestep_tend

F.3 Example Usage

On the user-side, all of the complexity described thus far is hidden (a worthwhile payoff

of the implementation). After CIME case creation via create_case, simply turn on the

configure option

./xmlchange --append --file env_build.xml --id CAM_CONFIG_OPTS --val
"-cldera_passive_trcs"

and include something like the following in user nl_eam:

empty_htapes = .TRUE. ! output only the varibales listed below

avgflag_pertape = 'A' ! hist file 1 is avg

! output a few quantities for frequently on their instantaneous values for SSW

quantification
finclil = 'U',"AOA"','e90', 'ST80"
NHTFRQ = -720 ! output frequency every 30 days
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MFILT =12 ! allow 12 time samples per hist file (1 year)
NDENS =2 ! single-precision for each hist file

inithist="'ENDOFRUN'

! activate built-in analytic init of cldera passive tracers (the default)
cldera_passive_read_from_ic_file = .TRUE.

If instead of allowing the analytic initialization, we want to read the initial condition of the

tracer mixing ratios from a file (e.g. in the case of a restart), we instead insert

! provide initial data file
NCDATA='/path/to/data/somewhere.nc'

! deactivate built-in analytic init of cldera passive tracers
cldera_passive_read_from_ic_file = .TRUE.
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